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Abstract:  10 

On geological timescales there is a temperature dependent feedback that means that 11 

increased degassing of CO2 into the atmosphere leads to increased CO2 drawdown into 12 

rocks stabilizing Earth’s climate. It is widely considered that this thermostat largely 13 

comes from continental chemical weathering. An alternative, or additional, feedback 14 

comes from dissolution of seafloor basalt in low-temperature (10’s of °C), off-axis, 15 

hydrothermal systems. Carbonate minerals precipitated in these systems provide strong 16 

evidence that increased bottom water temperature (traced by their O-isotopic 17 

compositions) leads to increased basalt dissolution (traced by their Sr-isotopic 18 

compositions). Inversion of a simple probabilistic model of fluid-rock interaction allows 19 

us to determine the apparent activation energy of rock dissolution in these systems. The 20 

high value we find (92 ± 7 kJ mol-1) indicates a strong temperature dependence of rock 21 

dissolution. Because deep-ocean temperature is sensitive to global climate, and the fluid 22 
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temperature in the upper oceanic crust is strongly influenced by bottom water 23 

temperature, increased global temperature must lead to increased basalt dissolution. In 24 

turn, through the generation of alkalinity by rock dissolution, this leads to a negative 25 

feedback on planetary warming; i.e. off-axis, hydrothermal systems play an important 26 

role in the planetary thermostat. Changes in the extent of rock dissolution, due to changes 27 

in bottom water temperature, also lead to changes in the flux of unradiogenic Sr into the 28 

ocean. The decreased flux of unradiogenic Sr into the ocean due to the cooling of ocean 29 

bottom water over the last 35 Myr is sufficient to explain most of the increase in seawater 30 

87Sr/86Sr over this time. 31 
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1. Introduction 38 

The long-term carbon cycle is, to a first order, controlled by volcanic and 39 

metamorphic CO2 degassing and the drawdown of CO2 into carbonate minerals (Walker 40 

et al., 1981). The feedback processes that control the fine balance between degassing and 41 

drawdown are critical to maintaining a habitable planet (Berner and Caldeira, 1997) but 42 

are incompletely understood. The generally accepted mechanism for this planetary 43 

thermostat is that increased atmospheric CO2 leads to increased surface temperature and 44 

precipitation and hence increased rates of CO2 consumption via continental weathering 45 

(e.g., Walker et al., 1981; Berner et al., 1983; Berner, 2004 and references therein). This 46 

basic model has been developed to include many other factors such as: (i) changes in 47 

continental weatherability due to tectonic processes (e.g., Raymo and Ruddiman, 1992) 48 

and variations in vegetation (e.g., Pagani et al., 2009); and (ii) organic carbon cycling 49 

(e.g., France-Lanord and Derry, 1997). However, the basic premise of the model remains 50 

that continental chemical weathering is central to the long-term carbon cycle. 51 

An alternative feedback mechanism that could control the long-term carbon cycle 52 

comes from the reaction of seawater with the oceanic crust in low-temperature, off-axis, 53 

hydrothermal systems (Francois and Walker, 1992; Brady and Gislason, 1997; Sleep and 54 

Zahnle, 2001; Gillis and Coogan, 2011; Coogan and Gillis, 2013). It has been argued that 55 

variations in deep-water pH are too small for changes in the deep ocean hydrogen ion 56 

concentration to provide a feedback on the long-term carbon cycle (Calderia, 1995). 57 

However, variations in deep-water temperature (Brady and Gislason, 1997), perhaps 58 

combined with variations in seawater major element composition (Coogan and Gillis, 59 

2013), provide viable feedback mechanisms. Off-axis hydrothermal systems circulate a 60 
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volume of seawater equivalent to the entire ocean through the upper oceanic crust every 61 

few hundred thousand years (e.g., Johnson and Pruis, 2003). Fluid flows through the 62 

permeable upper crust (lavas) where it is heated by the cooling of the ocean lithosphere 63 

before discharging back out of this aquifer into the ocean (e.g., Fisher and Becker, 2000). 64 

Reactions within the crust generate the alkalinity required for carbonate mineral 65 

precipitation (Coogan and Gillis, 2013). Because reaction rates are temperature sensitive, 66 

the extent of fluid-rock reaction within the crust is expected to depend on the temperature 67 

of the water entering the crust (i.e. ocean bottom water), providing a temperature-68 

dependent feedback on CO2 consumption (Brady and Gislason, 1997). This model is 69 

supported by the observation of higher CO2 contents in altered late Mesozoic upper 70 

oceanic crust than late Cenozoic upper oceanic crust (Gillis and Coogan, 2011). 71 

 Carbonate minerals are found in the lava section of the crust where they occur in 72 

veins, filling pore spaces and replacing igneous phases (e.g., Staudigel et al., 1981; Alt 73 

and Teagle, 1999; Coggon et al., 2004; Gillis and Coogan, 2011; Rausch et al., 2013). 74 

Bulk-rock CO2 contents are controlled by the abundance of secondary carbonates. These 75 

range from ~0.5 to 4.0 wt% (Gillis and Coogan, 2011 and references therein) indicating a 76 

substantial C sink. Because deep seawater is not saturated with carbonate minerals, 77 

reactions in the crust are required to drive the precipitation of significant masses of 78 

carbonate minerals. It has been suggested that the carbonate mineral forming reactions 79 

involve Ca leaching from the rock charge balanced by Mg uptake into the rock (e.g., 80 

Berner, 2004). However, models of fluid-rock reaction show that neither leaching Ca 81 

from the crust charge balanced by exchange for Mg (i.e., without alkalinity generation), 82 

nor heating the hydrothermal fluid, can drive the precipitation of substantial amounts of 83 
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carbonate. Instead carbonate mineral precipitation is largely driven by alkalinity 84 

generation (Spivack and Staudigel, 1994; Coogan and Gillis, 2013). The compositions of 85 

carbonate minerals thus provide information about the conditions within the crust during 86 

this alkalinity production. 87 

Understanding past rates of chemical weathering of the continents, and paleo-88 

hydrothermal chemical fluxes, is difficult. Perhaps the most widely used tracer of the 89 

relative rates of chemical dissolution of continental crust and mantle-derived (basaltic) 90 

material is the Sr-isotopic composition of seawater for which there is an exquisite paleo-91 

record (e.g., Veizer et al., 1999). The simplest interpretation of variations in the Sr-92 

isotopic composition of seawater is that an increase in 87Sr/86Sr indicates a relative 93 

increase in the flux of Sr from old continental material (high Rb/Sr). Conversely, a 94 

decrease in seawater 87Sr/86Sr indicates a relative increase in the flux of Sr from mantle-95 

derived (or juvenile) material with low time-integrated Rb/Sr. The large increase in 96 

seawater 87Sr/86Sr over the last ~35 Myr is widely considered to largely reflect an 97 

increased flux of radiogenic Sr from rivers draining the Himalaya which have been built 98 

over this time (e.g., Raymo and Ruddiman, 1992). The details of how this links to silicate 99 

weathering on the continents remains unclear in part because of uncertainty in the 100 

partitioning of the Sr-flux from silicate and metacarbonate material (e.g., Edmond, 1992; 101 

Bickle et al., 2001; Bickle et al., 2005). 102 

Here we use the compositions of carbonate minerals from the upper oceanic crust 103 

to investigate the conditions within the crust during the time interval in which they were 104 

forming. We use their O-isotopic compositions to determine the temperature of the fluid 105 

they grew from and their Sr-isotopic composition to determine the amount of basalt 106 
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dissolved into this fluid. We develop a simple model of fluid-rock reaction in the crust 107 

that allows us to invert these data to determine the temperature sensitivity of fluid-rock 108 

reaction. We find a strong temperature dependence of rock dissolution suggesting an 109 

important role for off-axis hydrothermal systems in controlling Earth’s thermostat; i.e., 110 

when bottom water temperatures increase basalt dissolution rates increase and the 111 

drawdown of CO2 into the upper oceanic crust increases. Modelling the decreased flux of 112 

unradiogenic Sr from off-axis hydrothermal systems into the ocean due to bottom water 113 

cooling over the last ~35 Myr shows that this is sufficient to explain most of the rise of 114 

seawater 87Sr/86Sr since this time. 115 

2. Determining the temperature dependence of rock dissolution 116 

2.1. A carbonate Sr- and O-isotope compilation 117 

 In order to empirically determine the temperature dependence of fluid-rock 118 

reaction within off-axis hydrothermal systems we need tracers of both the fluid 119 

temperature and the amount of basalt that dissolved into the fluid. Carbonate O-isotope 120 

thermometry provides an estimate of the temperature of fluid-rock reaction and carbonate 121 

Sr isotope data provide information about the proportion of seawater and rock derived Sr 122 

in the fluid. We use a global compilation of the O- and Sr-isotopic compositions of 123 

carbonate minerals from the upper oceanic crust (Fig. 1) to quantify the temperature 124 

dependence of fluid-rock reaction. This is based on the compilation of Gillis and Coogan 125 

(2011) supplemented with data from Rausch et al. (2013) and new data, largely from the 126 

Troodos ophiolite (n = 28; 10 of which are unpublished data provided by K.M. Gillis), 127 

but also from drill cores in modern crust (n = 5; Supplementary Table 1). This global 128 

dataset was filtered to exclude locations were the sedimentation rate was >20 m Myr-1 129 
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(compared to a global average of 3.5 m Myr-1; Anderson et al., 2012) because at such 130 

anomalously high sedimentation rates reactions within the sediment pile are likely to 131 

invalidate our assumption (see below) that the hydrothermal system is recharged by 132 

pristine seawater. Instead, a portion of the fluid recharging the hydrothermal system 133 

likely comes through the sediment and may be modified by reactions within the 134 

sedimentary pile. Samples from crustal sections that were sedimented rapidly mainly 135 

come from two distinct sedimentary environments.  136 

The first group of rapidly sedimented sites are located under the equatorial 137 

sediment bulge where high productivity in the water column leads to rapid deposition of 138 

carbonate-rich sediments (mainly DSDP/ODP Holes 504B, 896A and 1256D; in the latter 139 

site the sedimentation rate was >30 m Myr-1 initially although it has slowed as the crust 140 

drifted out of the equatorial bulge; Wilson et al., 2003). The pore fluids in these kinds of 141 

sediments can achieve very high Sr contents due to carbonate shell dissolution. For 142 

example, the pore fluids overlying Site 504 have up to seven times higher Sr contents 143 

than seawater (Mottl et al., 1983). At young crustal ages the carbonate sediments 144 

dissolving are also young, hence their Sr-isotopic composition is similar to that of 145 

contemporaneous seawater. Ingress of such Sr-rich pore fluid into the crust would mean 146 

that rock dissolution was far less effective in decreasing the Sr-isotopic composition of 147 

the hydrothermal fluid within the crust than if the fluid had the same Sr content as 148 

seawater. This suggestion is consistent with the observation that the rate of change of 149 

carbonate 87Sr/86Sr with increasing precipitation temperature is smaller at these sites than 150 

at normal sites (Fig. 2c). 151 
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The second group of rapidly sedimented sites involves locations that formed close 152 

to continental margins, dominantly from the Juan de Fuca plate. Here siliciclastic 153 

sediments derived from the largely juvenile continental crust of western N. America bury 154 

the oceanic crust soon after its formation. Because of the young, mantle derived, nature of 155 

most of the source rocks, these sediments have average Sr-isotopic compositions 156 

substantially lower than modern seawater (0.7071-0.7073; Carpentier et al., 2014). 157 

Reaction of pore fluid with these sediments will lower the fluid’s 87Sr/86Sr. Ingress of 158 

such pore fluid into the upper oceanic crust recharges the hydrothermal system with fluid 159 

with substantially lower 87Sr/86Sr than contemporaneous seawater meaning that less fluid-160 

rock reaction within the lava pile is required to achieve a given hydrothermal fluid 161 

87Sr/86Sr. This is consistent with both: (i) the rapid but irregular decrease in pore fluid 162 

87Sr/86Sr with depth in the sediment pile, alongside a small increase in pore fluid Sr 163 

content (Mottl et al., 2000), that suggests fluid-sediment reactions, and (ii) the very low 164 

87Sr/86Sr values of some carbonates formed within the lavas in the Juan de Fuca plate that 165 

were precipitated at only moderate temperatures (Fig. 2d).  166 

After filtering the data, 198 carbonates with both O- and Sr-isotopic composition 167 

measured remain; these come from crust ranging from 1.2 to 168 Myr old (Fig. 1; Table 168 

S1). The Sr-isotopic composition of these carbonates from “normal” altered upper 169 

oceanic crust depends mainly on: (i) the timing of carbonate mineral precipitation, 170 

through the secular variation in the Sr-isotopic composition of seawater; and (ii) the 171 

amount of basalt that had dissolved into the fluid that they precipitated from, because 172 

basalt dissolution adds unradiogenic Sr to the fluid. Carbonates that have 87Sr/86Sr higher 173 

than seawater of the age of the crust they form in (i.e. above the seawater curve in Fig. 1) 174 
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must have formed at some point after the crust accreted, once the 87Sr/86Sr of seawater 175 

attained at least the measured carbonate 87Sr/86Sr; this can be >15 Myrs in some cases. 176 

For a given crustal section, there is a trend of decreasing carbonate 87Sr/86Sr with 177 

increasing carbonate precipitation temperature (Figures 1 and 2) indicating that 178 

increasing fluid temperature is a dominant control on the extent of rock dissolution (e.g., 179 

Staudigel et al., 1981; Butterfield et al., 2001; Coggon et al., 2004; Gillis and Coogan, 180 

2011). 181 

The minimum temperature of the fluid that the carbonate minerals grew from is 182 

similar to estimates of bottom water temperature, decreasing from ~12±3°C in the 183 

Mesozoic to ~3±1°C in the Cenozoic crustal sections (Fig. 3). The average temperature of 184 

carbonate precipitation varies in a given crustal section, and between locations, due to 185 

spatial and temporal variations in the thickness of overlying sediment, hydrology of the 186 

oceanic crust and timing of carbonate precipitation (e.g., Anderson et al., 2013). The 187 

difference between the minimum and average temperature of carbonate precipitation 188 

records the average amount that carbonate saturated fluid is heated in the crust and is 189 

~9°C (Fig. 3). While there may be some difference between the average temperature of 190 

carbonate saturated fluids and the average temperature of hydrothermal fluid this 191 

difference is consistent with temperature changes estimated from hydrological models 192 

(e.g., Johnson and Pruis, 2003). This suggests that the average change in fluid 193 

temperature within the crust is similar in magnitude to the change in bottom water 194 

temperature over the last ~150 Myr; hence, changes in bottom water temperature are 195 

likely to be significant in controlling any temperature dependent processes within off-axis 196 

hydrothermal systems. 197 
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2.2. A box model for an off-axis hydrothermal system 198 

With the aim of determining the temperature dependence of fluid-rock reaction in 199 

off-axis hydrothermal systems we developed a model to predict carbonate Sr-isotopic 200 

composition as a function of fluid temperature and then inverted this to determine the 201 

probability density for the controlling parameters. We developed the simplest possible 202 

realistic model of the evolution of the hydrothermal fluid 87Sr/86Sr during fluid-rock 203 

reaction in an off-axis hydrothermal system. We assume a single box model in which 204 

bottom water enters the crust through an outcrop, flows through the crust reacting at some 205 

average temperature and precipitates secondary minerals, and discharges back into the 206 

ocean (Fisher and Becker, 2000; Anderson et al., 2012). Isotope exchange within the off-207 

axis hydrothermal system is assumed to follow first-order kinetics (Lasaga, 1998) such 208 

that, under the assumption of fixed concentrations of Sr in the rock and fluid, we can 209 

write: 210 

 211 

 Eq. 1 212 

 213 

leading to: 214 

 215 

 Eq. 2 216 

 217 

where t = time; subscript SW = seawater; subscript hydro = the composition of the 218 

hydrothermal fluid and hence the carbonate minerals precipitated from it; and subscript 219 

basalt = fresh rock Sr-isotopic ratio, assumed to be 0.7025 for all modern oceanic sites 220 
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and 0.7035 for the Troodos ophiolite. Equation 1 is equivalent to assuming the rate of 221 

fresh basalt dissolution, and hence release of unradiogenic Sr into the hydrothermal fluid, 222 

is constant. Variation in the Sr content of seawater in the past can be accounted for by 223 

mass balance given that the fraction of basaltic Sr leached into the fluid is defined by Eq. 224 

1 and under the assumption that the Sr content of the fluid stays constant during fluid-225 

rock reaction (Supplementary material). Higher paleo-seawater Sr contents simply act to 226 

dilute the unradiogenic Sr leached from the rock; e.g., doubling the seawater Sr content 227 

leads to a doubling of the amount of basaltic Sr that must be leached to achieve a given 228 

hydrothermal fluid 87Sr/86Sr. The reaction rate constant (k) for isotopic exchange is 229 

assumed to follow a simple Arrhenius relationship and can be written as: 230 

 231 

  Eq. 3 232 

 233 

where B and C are unknown constants, T is absolute temperature (Kelvin) and R is the 234 

gas constant. The constant C can be thought of as an apparent activation energy for rock 235 

dissolution and Sr release. However, the value extracted from modelling natural data may 236 

depend on numerous processes and will not necessarily match experimental 237 

measurements of the activation energy for mineral dissolution. We assume that the 238 

average duration of fluid-rock reactions (t) is the same in different settings and use a 239 

normalized average value of 1 for t. Hence the constant B is also dimensionless (as is k) 240 

and would need to be divided by the average duration of fluid-rock reactions to convert it 241 

into units of reciprocal time. It is possible that reaction rates may vary along the flow path 242 

due to changes in fluid composition modifying the saturation state of the relevant phases. 243 
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Both because we aim to use the simplest possible model, and because the (very limited) 244 

existing data do not suggest large changes in fluid composition within normal crust 245 

(Wheat and Fisher, 2008), we do not consider this in the modelling presented here. 246 

Because the Sr-isotopic composition of seawater has changed over time, and we 247 

do not know how long after crustal accretion a given carbonate mineral formed, we do 248 

not know the Sr-isotopic composition of seawater at the time of carbonate formation; thus 249 

we cannot directly solve Eq. 2. To overcome this we use a model to describe the rate of 250 

carbonate precipitation as a function of time after crustal accretion and hence the 251 

probability of seawater having any given 87Sr/86Sr at the time of carbonate formation. We 252 

assume an exponential decrease in the rate of carbonate precipitation after crustal 253 

accretion for the following reasons. Firstly, the difference between measured conductive 254 

heat flow at the seafloor and predicted heat flow from lithospheric cooling models show 255 

that the amount of heat carried by hydrothermal circulation, and the calculated volume 256 

flux of fluid carrying this heat, decrease near-exponentially with increasing crustal age 257 

(Stein and Stein, 1994). Secondly, radiometric dating of secondary minerals formed in 258 

off-axis hydrothermal systems suggest that their formation rate decreases near 259 

exponentially with time (Staudigel, 2014). The fraction of the total amount of carbonate 260 

that would form that has been precipitated at any given time after crustal formation (fcarb) 261 

is given: 262 

 263 

  Eq. 4 264 

 265 
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where t = time constant for carbonate precipitation (Myr-1) and A = time after crustal 266 

accretion (Myr). Thus, when solving Eq. 2 for the probability density of hydrothermal 267 

fluid 87Sr/86Sr, a distribution of 87Sr/86Srsw is used determined from the value of t and the 268 

variation in 87Sr/86Srsw following the time of crustal accretion. If t is very large all 269 

carbonate forms almost synchronously with crustal accretion and 87Sr/86Srsw in Eq. 2 270 

would be that of seawater at the time of crust formation. In contrast, if t is very small 271 

carbonate forms at an almost constant rate after crust accretion and all observed values of 272 

87Sr/86Srsw following crustal accretion would be similarly probable (see below and Fig. 4). 273 

2.3. Model carbonate 87Sr/86Sr probability density 274 

Equation 2 can be solved to produce a probability density of hydrothermal fluid 275 

(and hence carbonate) Sr-isotopic compositions given values for the three unknown 276 

parameters (t, B, C), the temperature of fluid-rock reaction (T in Eq. 3) and a record of 277 

seawater Sr-content and Sr-isotopic composition following crustal formation. In 278 

computing the hydrothermal fluid 87Sr/86Sr probability density the temperature of fluid-279 

rock reaction was assumed to match the temperature determined by carbonate O-isotope 280 

thermometry (Tmeasured) but a 1s uncertainty of 3°C was assigned to this (with a minimum 281 

temperature cut-off at 0°C). This uncertainty reflects the possibility that fluid-rock 282 

reaction and carbonate precipitation may not have occurred at exactly the same 283 

temperature, as well as the uncertainty in the thermometer. Additionally, we assigned a 284 

1s uncertainty of 0.5 to the normalized time that the fluid was in the crust (t); this is 285 

based on models of the variation of flow path lengths in off-axis hydrothermal systems 286 

(Anderson et al., 2012). The seawater Sr-isotope curve was taken from a fit through the 287 

data of Veizer et al. (1999). The time evolution of the Sr-content of seawater was taken 288 
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from a fit through the compilation in Fig. 3 of Coogan (2009) as follows: 0-55 Ma: Sr = 289 

0.11age + 7.8; 56-100 Ma: Sr = 0.29age - 1.9; and >100 Ma: Sr = 27, where age is in 290 

Myr and Sr contents are in ppm.  291 

Examples of how the unknown model parameters (t, B, C) affect the probability 292 

density of carbonate Sr-isotopic compositions are shown in Fig. 4. Small values of the 293 

time constant for carbonate deposition (t) lead to slow carbonate precipitation rates and 294 

the Sr-isotopic composition of seawater recharging the crustal aquifer can have a large 295 

range of compositions (assuming seawater 87Sr/86Sr changes in the time following crustal 296 

accretion). Large values of t, in contrast, lead to rapid carbonate precipitation and the 297 

fluid recharging the crust has an isotopic composition similar to that of seawater at the 298 

age of the crust (Fig. 4a). The parameters B and C combined with the fluid temperature 299 

define the reaction rate constant (k; Eq. 3). Increasing k leads to an increase in the 300 

maximum amount of basaltic Sr that can be dissolved into the fluid. This means that large 301 

values of k lead to broader fluid 87Sr/86Sr probability density that reach lower absolute 302 

87Sr/86Sr values (Fig. 4b). 303 

To produce model distributions of the Sr-isotopic composition of the 304 

hydrothermal fluid for any given values of the three unknown parameters, to compare to 305 

the data, 1000 Monte Carlo simulations were run. These used random draws from the 306 

Gaussian probability density of the temperature of carbonate precipitation (Tmeasured ± 307 

3°C; see above) and duration of fluid-rock reaction (t = 1 ± 0.5; see above). Because 1000 308 

draws is insufficient to precisely define the probability density at low probabilities, we 309 

extrapolate the high-temperature (low 87Sr/86Sr) side of the distribution assuming a 310 

Gaussian tail to the distribution. This is computed using the lowest Sr-isotopic 311 
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composition of seawater after the time of crustal formation as this provides the lowest 312 

possible value of 87Sr/86Srhydro for any given temperature. The resulting probability 313 

densities resemble those in Fig. 4 but are not as smooth due to the complex temporal 314 

variation of 87Sr/86Sr in seawater. These probability densities are then compared to the 315 

data point to define the model’s probability for that data point. The probability of the 316 

model (i.e. any given set of values of τ, B and C) is calculated from the product of the 317 

probabilities for each data point, across all 198 data, which defines the joint probability 318 

density given independent samples. 319 

2.4. Inversion procedure 320 

  A given set of values of τ, B and C constitutes a given model which has a given 321 

probability calculated as just described. To invert the data to determine the best estimates 322 

of the values of τ, B and C, and their uncertainties, we require an efficient sampling 323 

method to search parameter space. To achieve this a numerical Bayesian inference 324 

procedure was used. In this the unknown model parameters (t, B, C) were treated as 325 

random variables constrained by the data and by prior bounds on their possible values 326 

(i.e., physically-reasonable limits on the parameter space), and the inversion estimates the 327 

posterior probability density (PPD). The PPD was estimated by searching the parameter 328 

space using the Markov-chain Monte Carlo method of Metropolis-Hastings sampling 329 

(Gilks et al., 1996), in which random parameter perturbations are proposed and then 330 

accepted or rejected according to a probabilistic condition (Metropolis-Hastings 331 

criterion). For efficiency, parameter perturbations were applied in a principal-component 332 

parameter space drawn from a linearized approximation to the PPD (Dosso and Wilmut, 333 

2008). To ensure a sufficiently wide search of parameter space, multiple interacting 334 
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Markov chains were run within a parallel-tempering formulation (Earl and Deem, 2005; 335 

Dosso et al., 2012). This provides both broad searching of the entire parameter space and 336 

efficient concentrated searching of the high probability regions. The end result is a close 337 

approximation to the result of determining the probability of models with every possible 338 

combination of these three parameters. 339 

2.5. Results of the inversion 340 

 The numerical inversion defines the probability density of the three unknown 341 

model parameters (Fig. 5). The best estimate of τ is 0.107 ± 0.012 Myr-1 indicating that 342 

80% of carbonates are precipitated within 15 Myr (Fig. 5a) of crustal accretion, consistent 343 

with radiometric ages of secondary minerals in altered oceanic crust (Staudigel, 2014). 344 

The best estimate of the apparent activation energy for rock dissolution (C) is 92 ± 7 kJ 345 

mol-1 (Fig. 5b). The apparent activation energy extracted from the modelling reflects the 346 

integrated temperature dependence of numerous processes. However, it is noteworthy 347 

that the value is within the range of experimentally determined activation energies for 348 

dissolution of the dominant minerals in the oceanic crust (plagioclase: 42-81 kJ mol-1 and 349 

pyroxene: 41-95 kJ mol-1; Brantley and Olsen, 2014).  350 

These results demonstrate that, during the time of CO2 consumption by the 351 

oceanic crust, there is a strong temperature dependence of the rate of rock dissolution. 352 

For example, an increase in bottom water temperature from 2 to 12°C would lead to a 353 

factor of four increase in the rate of Sr release due to basalt dissolution. This strong 354 

temperature sensitivity of the rate of rock dissolution is consistent with the large 355 

difference between the mass of carbonate minerals found in late Mesozoic ocean crust 356 

(altered under warm bottom water conditions of ~10-15°C) and late Cenozoic oceanic 357 
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crust (altered under cool bottom water conditions of ~2-5°C). Gillis and Coogan (2011) 358 

show that the C-content of the former is roughly five times higher than that of the latter, 359 

requiring fluid-rock reactions generated roughly five times more alkalinity under the 360 

warmer conditions (Coogan and Gillis, 2013). Note that the precipitation of the vast 361 

majority of the carbonates within ~20 Myr of crustal accretion (Fig. 5a) indicates that this 362 

difference does not reflect a longer lifetime of alteration for the Mesozoic sites. Thus, 363 

both the Sr-isotopic composition of the carbonate minerals, and their abundance in altered 364 

upper oceanic crust, are consistent with a 10-15°C change in bottom water temperature 365 

leading to a 4 to 5 fold increase in the extent of rock dissolution in off-axis hydrothermal 366 

systems. 367 

Because the Sr content of paleoseawater is uncertain, we also evaluated a model 368 

in which the Sr concentration of seawater was held constant at the modern value. This 369 

constant-Sr model produced a significantly worse fit to the data, with the difference 370 

between the minimum misfit (negative log-likelihood) for the two models being 11.7; i.e. 371 

in terms of the likelihood ratio, the best fitting model with variable seawater Sr content is 372 

~120,000 times more likely than that with fixed seawater Sr content. The best estimates 373 

of the parameters are similar for this model with no change in Sr content (t = 374 

0.091±0.011 Myr-1; C = 74±5 kJ mol-1; Log(B) = 11.3±0.8) to those extracted from the 375 

model with changing seawater Sr content although with a somewhat smaller apparent 376 

activation energy for rock dissolution (74±5 kJ mol-1 versus 92±7 kJ mol-1). Additional 377 

sensitivity tests, performed as grid searches, showed that changing the standard deviation 378 

on the normalized duration of fluid-rock reaction within the crust (0.3 and 0.5) and the 379 

standard deviation of the temperature of fluid-rock reaction around the temperature of 380 
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carbonate precipitation calculated from the carbonate Sr-isotopic composition (1.5 and 381 

3°C) made little difference to the parameter estimates; hence, the results appear to be 382 

robust.  383 

3. Implications of a strong temperature-dependence of ocean crust alteration 384 

The O- and Sr-isotopic compositions of carbonates precipitated in seafloor off-385 

axis hydrothermal systems demonstrate that they formed early in the lifetime of the crust 386 

(Fig. 5a) and that there is a strong temperature-dependence of the rate of rock dissolution 387 

(Fig. 5b). These results have important implications for both the long-term C-cycle and 388 

for interpreting the secular variation in the Sr-isotopic composition of seawater. 389 

3.1. Modelling the Sr-isotopic evolution of seawater 390 

The temperature dependence of the Sr-isotopic composition of the hydrothermal 391 

fluid determined above (Fig. 5b) allows us to calculate the change in the flux of 392 

unradiogenic Sr into the ocean due to a change in ocean bottom water temperature. In 393 

turn this allows the impact of changing bottom water temperature on secular variations in 394 

the Sr-isotopic composition of seawater to be calculated. We take the evolution of bottom 395 

water temperature from Lear et al. (2000) and model the evolution of the Sr-isotopic 396 

composition of seawater using the standard approach except that we include a 397 

temperature dependence of the Sr-isotopic composition of the off-axis hydrothermal flux. 398 

The Sr content of the off-axis hydrothermal fluid is assumed to match that of seawater. 399 

The change in the Sr content of seawater is determined from: 400 

 401 

  Eq. 5 402 
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 403 

where N = number of moles of Sr in the ocean; t = time (years); F = flux (moles year-1);  404 

riv = river; hThy = high temperature, ridge axis, hydrothermal systems; lThy = low 405 

temperature, off-axis, hydrothermal systems; dia = diagenetic fluids; carb = sedimentary 406 

Sr sink largely into carbonates. Fcarb is adjusted to make dN/dt fit the change in Sr 407 

concentration in seawater described above (although using a constant seawater Sr content 408 

has negligible effect on the result). The change in the Sr-isotopic composition of seawater 409 

is calculated from: 410 

 411 

  Eq. 6 412 

 413 

where R = Sr-isotopic ratio. The sedimentary carbonate sink is ignored in Eq. 6 because 414 

this has the same Sr-isotopic composition as the ocean. We solve Eq. 5 and 6 at 10,000 415 

year time steps in the models shown in Fig. 6 but shorter time steps make no difference to 416 

the results.  417 

We are interested in what proportion of the change in seawater Sr-isotopic 418 

composition over the last 70 Myrs comes from changes in the extent of low-temperature 419 

alteration of the oceanic crust due to changes in bottom water temperature. Thus, we ran a 420 

model forced only by the effect of changes in bottom water temperature on the Sr-421 

isotopic composition of the flux from the low-temperature, off-axis, hydrothermal 422 

systems (Eq. 2). To achieve this we held the Sr fluxes from, and average Sr-isotopic ratio 423 

of, the river input constant. We also set the Sr fluxes from diagenetic pore fluids, and 424 

both low and high temperature hydrothermal systems, to be constant. The Sr-isotopic 425 
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compositions of high-temperature hydrothermal fluids and diagenetic fluids were fixed 426 

relative to contemporaneous (model) seawater Sr-isotopic composition. The Sr-isotopic 427 

composition of high-temperature hydrothermal fluid was a mix of 80% basalt (0.7025) 428 

and 20% of the model seawater Sr-isotopic composition at that model time (Coogan and 429 

Dosso, 2012). A similar approach was taken for the Sr-isotopic composition of diagenetic 430 

fluids except that, due to contributions of Sr to these from both the underlying oceanic 431 

crust and the sediments, a constant offset of their Sr-isotopic ratio was assumed (0.00075 432 

lower than the model seawater Sr-isotopic composition; Elderfield and Gieskes, 1982). 433 

The exact value used makes little difference due to the small diagentic Sr flux. The Sr-434 

isotopic composition of low-temperature hydrothermal fluids was then calculated from 435 

Eq. 2 using the estimates of B and C from the inversion of the carbonate O- and Sr-436 

isotopic compositions (Fig. 5b) and a hydrothermal fluid temperature equal to the 437 

measured value (~9°C; Fig. 3) higher than that of the bottom seawater. The same change 438 

in temperature of the fluid within the crust was used to determine the hydrothermal fluid 439 

flux based on the requirement that it carries the 5 TW of heat transported by 440 

hydrothermal fluids in crust between 2 and 20 Myr in age (Stein and Stein, 1994). The 441 

use of this average temperature increase provides a first approximation to the ‘chemically 442 

significant’ off-axis hydrothermal flux; more sophisticated models will have to consider 443 

the (poorly constrained) temperature distribution of hydrothermal fluid rather than simply 444 

the average. All input values and sources are listed in Supplementary Table S2. 445 

A problem for all models of the Sr-isotopic composition of seawater comes from 446 

uncertainty in the steady-state river Sr flux. The modern river Sr flux is generally thought 447 

to be far higher than any plausible steady-state flux (Davis et al., 2003; Vance et al., 448 
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2009) possibly due to glacial-interglacial (Vance et al., 2009) or anthropogenic (e.g., Sen 449 

and Peucker-Ehrenbrink, 2012) perturbations. Alternatively, it has been suggested that 450 

the modern river flux has been over-estimated and is only ~55% of that reported in earlier 451 

studies (Allegre et al., 2010). Additionally, recent increases in the Sr-isotopic 452 

composition of rivers draining the Himalaya may lead to the measured flux of radiogenic 453 

Sr being higher than at steady state (Rahaman et al., 2011). To work around this 454 

uncertainty we set the river Sr flux to that required to balance the oceanic Sr-isotopic 455 

budget at the start of the model (70 Ma) holding the river Sr-isotopic ratio at the modern 456 

value (0.7114; Vance et al., 2009). The resulting river Sr flux is 1.2x1010 mol yr-1 457 

compared to other recent estimates of ~1.6x1010 (Allegre et al., 2010) and ~1.7x1010 458 

(Vance et al., 2009) mol yr-1. 459 

The modelled time-evolution of the Sr-isotopic composition of seawater over the 460 

last 70 Myr, due to changes in the flux of unradiogenic Sr into the ocean from off-axis 461 

hydrothermal circulation driven by changing bottom water temperature, is shown in 462 

Figure 6. This model seawater 87Sr/86Sr curve is remarkably close to fitting the observed 463 

variation despite the model clearly being overly simplistic. In particular the model 464 

reproduces the rapid increase in seawater 87Sr/86Sr starting in the Late Eocene that 465 

coincides with Antarctic cooling (Zachos et al., 1999). Even if the temperature 466 

dependence of Sr-leaching from the oceanic crust determined here is over-estimated, it is 467 

clear that a decreased hydrothermal flux must have played a significant role in the 468 

increase in seawater 87Sr/86Sr as bottom water cooled since the Late Eocene. This model 469 

contrasts with the standard explanation that invokes an increased input of radiogenic Sr 470 

from rivers, largely draining the Himalaya, during this time (e.g., Raymo and Ruddiman, 471 
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1992; Richter et al., 1992; Bickle et al. 2001; Bickle et al. 2005). It seems likely that 472 

changes in bottom water temperature also impact the off-axis hydrothermal flux, and its 473 

isotopic composition, for many other species of interest in studies of the Earth system 474 

(e.g., Li, B, O, Mg, K, Ca). The common approach of assigning secular variation in 475 

seawater composition largely, or solely, to environmentally driven changes in subaerial 476 

processes needs reconsidering. 477 

3.2. Implications for the long-term C-cycle 478 

 Average ocean bottom water temperature is sensitive to changes in global climate 479 

(e.g., Lear et al., 2000; Zachos et al., 2001) due to changes in surface temperature in 480 

regions of deep water formation (e.g., Pagani et al., 2014). Warming of Earth’s climate 481 

leads to higher temperature seawater entering off-axis hydrothermal systems and hence 482 

more rapid rock dissolution and greater CO2 consumption by these systems (Fig. 7). In 483 

turn this provides a negative feedback on CO2-induced greenhouse warming and acts to 484 

stabilize global climate. Changes in bottom water temperature of ≥10°C between the late 485 

Mesozoic and late Cenozoic are similar to the average increase in fluid temperature 486 

within the crust (~9°C; Fig. 3); i.e. changes in bottom water temperature play a major role 487 

in controlling fluid temperature and hence fluid-rock reaction rates in off-axis 488 

hydrothermal systems. As noted above, the observed factor of five higher C-content of 489 

late Mesozoic upper oceanic crust, relative to late Cenozoic aged crust (Alt and Teagle, 490 

1999; Gillis and Coogan, 2011), is consistent with CO2 consumption in off-axis 491 

hydrothermal systems providing a strong temperature-dependent feedback on the long-492 

term C-cycle.  493 
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In the standard view of the long-term carbon cycle, cooling over the last 50 Myr 494 

would be expected to lead to decreased chemical weathering of the continents. However, 495 

there is little evidence for decreased continental chemical weathering during this time. 496 

Instead, the Sr- and Li-isotopic ratios of seawater both increase (Veizer et al., 1999; 497 

Misra and Froelich, 2012) which could be interpreted as indicating increased continental 498 

chemical weathering perhaps due to tectonic uplift (e.g., Raymo and Ruddiman, 1992). 499 

Numerous models have been put forward to explain this “Cenozoic isotope-weathering 500 

paradox”. These include changing continental weatherability (e.g., Raymo and 501 

Ruddiman, 1992), increased metamorphic CO2 degassing (Bickle, 1997), changing the 502 

partitioning of weathering between old continents and ocean islands (Li and Elderfield, 503 

2013) and sulphide oxidation induced CO2 release (Torres et al., 2014). While all of these 504 

processes, and others, may play important roles in the long-term C-cycle, a strong 505 

temperature-dependent feedback on seafloor CO2 consumption would resolve this 506 

paradox (of course, as discussed in Section 3.1, the interpretation of the isotope records 507 

could change too). In this model, decreasing bottom water temperature would decrease 508 

CO2 consumption by the oceanic crust irrespective of how other factors affected rates of 509 

continental chemical weathering (Fig. 7). For example, an uplift-induced increase in 510 

physical weathering of the continents could lead to increased continental chemical 511 

weathering and hence increased CO2 drawdown, with the CO2 cycle balanced by 512 

decreased carbonate mineral formation in the oceanic crust.  513 

4. Summary and conclusions 514 

 We used the Sr- and O-isotopic compositions of carbonates precipitated at low 515 

temperature in off-axis hydrothermal systems to rigorously quantify the temperature-516 
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dependence of rock dissolution in these systems. The strong temperature dependence we 517 

find is consistent with the observed higher abundance of carbonate minerals in upper 518 

oceanic crust altered under the warmer bottom water condition of the late Mesozoic than 519 

under the cooler bottom water conditions of the late Cenozoic (Gillis and Coogan, 2011). 520 

Figure 7 summarizes the effect of changing bottom water temperature on the chemical 521 

fluxes associated with off-axis hydrothermal systems discussed here. As bottom water 522 

temperature increases so does the temperature in the upper oceanic crust in the off-axis. 523 

This higher temperature leads to increased rates of rock dissolution, greater alkalinity 524 

generation, and the leaching of substantially more unradiogenic Sr from the rock than 525 

under cooler conditions. In turn, larger masses of carbonate minerals are precipitated in 526 

the crust, and the fluid vented back into the ocean is more C-depleted, and has a lower 527 

87Sr/86Sr relative to contemporaneous seawater. This dependence of the chemical fluxes 528 

from seafloor hydrothermal systems on bottom water temperature must be important for 529 

other species as well as C and Sr and needs considering in Earth system models. 530 

 Perhaps it should be no surprise that seafloor hydrothermal systems appear to play 531 

an important role in the long-term carbon cycle (Francois and Walker, 1992; Brady and 532 

Gislason, 1997; Gillis and Coogan, 2011; Coogan and Gillis, 2013). The oceanic crust is 533 

made of more reactive rock (basaltic) than average upper continental crust (granitic), is 534 

constantly being regenerated, and is always immersed in water unlike continental crust. 535 

The sensitivity of bottom water temperature to global climate provides a simple feedback 536 

mechanism for off-axis hydrothermal systems to respond to changes in environmental 537 

conditions. We do not mean to suggest that other processes, such as continental chemical 538 



 25 

weathering, play no role in the long-term carbon cycle, but it seems clear that off-axis 539 

hydrothermal systems play an important, and generally overlooked, role. 540 
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Figures 692 

 693 

Fig. 1. Compilation of Sr-isotopic compositions of carbonates from the upper oceanic 694 

crust plotted as a function of the age of the crust they come from. Symbol colour reflects 695 

the temperature of carbonate precipitation using the carbonate O-isotope thermometer of 696 

Epstein et al. (1953) and the age dependence of the O-isotopic composition of seawater of 697 

Coggon et al. (2010). This is appropriate because the fluid d18O is little modified by fluid-698 

rock reaction within the crust due to the high water-to-rock ratio (Anderson et al., 2013). 699 

The same fractionation factor was used for both aragonite and calcite because for many 700 

carbonate O- and Sr-isotope analyses the mineralogy is unknown, or mixed, and using the 701 

same fractionation factor only translates into a few degrees Celsius uncertainty. Note that 702 

higher carbonate precipitation temperatures are associated with lower 87Sr/86Sr due to 703 

larger amounts of basalt dissolution into the hydrothermal fluid. Larger symbols indicate 704 

those data used in the inversion while smaller symbols are data not used here due to 705 

coming from rapidly sedimented regions (see text for details). 706 

 707 
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 709 

Fig. 2. Temperature dependence of carbonate Sr-isotopic composition from four regions; 710 

each region shows drill holes of a similar age (and hence seawater Sr-isotopic 711 

composition) and sedimentation history but these differ between regions. (a & b) Regions 712 

with typical abyssal sedimentation rates show similar decreases in 87Sr/86Sr with 713 

increasing fluid temperature due to dissolution of more rock Sr at higher temperatures. (c) 714 

Regions overlain by rapidly deposited carbonate sediments show less decrease in 715 
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87Sr/86Sr with increasing temperature than “normal” sites. This suggests either recharge of 716 

the system by Sr-rich pore fluids or diffusive Sr exchange between the pore fluids and 717 

crustal aquifer. (d) Regions overlain by rapidly deposited terrigenous sediments show 718 

more decrease in 87Sr/86Sr with increasing temperature than “normal” sites, consistent 719 

with recharge of the system by pore fluids with 87Sr/86Sr lower than seawater. See text for 720 

discussion. The grey band has the same slope in all panels and is drawn based on the data 721 

in (a) and (b) simply to emphasize the difference between these data and that shown in (c) 722 

and (d). 723 

 724 

Fig. 3. Variation of the minimum and average temperature of carbonate precipitation in 725 

the upper oceanic crust with crustal age. On average, carbonates from the upper oceanic 726 

crust are precipitated at temperatures ~9°C warmer than contemporaneous bottom water, 727 

approximated by the minimum precipitation temperature.  728 

 729 
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 731 

Fig. 4. Cartoon examples of how the unknown model parameters control the probability 732 

density of a carbonate having a given 87Sr/86Sr. (a) Assuming the 87Sr/86Sr of seawater 733 

increases monotonically with time after crustal formation, larger values of the time 734 

constant for carbonate precipitation (t) lead to tighter 87Sr/86Sr probability densities. (b) 735 

Assuming the 87Sr/86Sr of seawater remains constant, a larger reaction rate constant (k) 736 

leads to a broader 87Sr/86Sr probability density extending to lower 87Sr/86Sr values. 737 

 738 
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Fig. 5. Results of the inversion. (a) Cumulative fraction of carbon uptake by the oceanic 739 

crust as a function of time after crustal formation. (b) Arrhenius plot showing the 740 

temperature dependence of the reaction rate constant (k) for Sr release from the crust and 741 

the fraction of basaltic Sr in the fluid at any given temperature. The gray-scale shading 742 

represents the probability density (uncertainty distribution) normalized independently at 743 

each age (in a) and temperature (in b), with the white line representing the mean estimate 744 

and the dashed lines 2s uncertainty bounds around this estimate. Insets show marginal 745 

probability density functions for the three model parameters discussed in the text. 746 

Marginal probability densities are relatively simple and symmetric, and, hence, are well 747 

represented by their means and standard deviations, which are the values used here. As 748 

expected, the values of B and C correlate almost perfectly in high probability models as 749 

these play off each other in determining k for a given temperature (Eq. 3). 750 

 751 

Fig. 6. Model of the effect of cooling bottom water on the evolution of seawater 87Sr/86Sr. 752 

Fluxes into and out of the ocean, and their isotopic compositions, were held constant 753 

except the isotopic composition of the low-temperature hydrothermal flux. This was 754 

varied with bottom water temperature (see text for details). Bottom water temperature 755 

(Lear et al., 2000) shows a progressive, but uneven, cooling over the Cenozoic (inset) 756 

leading to a decreased hydrothermal flux of unradiogenic Sr and hence an increase in 757 

seawater 87Sr/86Sr. The fraction of the basaltic Sr leached from the upper oceanic crust 758 

(formed with 1x1010 moles of Sr yr-1) as function of time is shown in the lower left inset 759 

(f-leached). In reality less Sr is likely leached from the upper oceanic crust as some will 760 

be supplied from deeper crustal levels. 761 
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 762 

Fig. 7. Cartoon illustrating the proposed model. (a) When bottom water is warm (e.g., late 763 

Mesozoic) the water within off-axis hydrothermal systems is relatively warm, and reacts 764 

extensively with the crust. In turn this drives precipitation of significant carbonate 765 

minerals and decreases the 87Sr/86Sr of the fluid. Discharge of this modified fluid back 766 

into the ocean acts as a sink for seawater CO2 (at near constant alkalinity) and to lower 767 

seawater’s 87Sr/86Sr. (b) During cooler periods (e.g., late Cenozoic) the crustal aquifer is 768 

recharged by cooler water leading to less extensive fluid-rock reaction and less 769 

modification of seawater composition. The hydrological regime shown is illustrative of 770 

flow between outcrops but this is not meant to imply this is the only hydrological regime 771 

relevant to the processes discussed here. 772 

 773 

Colour on the Web and in black-and-white in print  774 
 775 

  776 
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Supplementary material 777 

 778 

Table S1: Compilation of published and new carbonate compositions used in inversion 779 

(.xls) 780 

 781 

 782 

Table S2: Input parameters for modelling seawater Sr-isotope evolution 783 

Parameter Value used Source 

River flux 37x1015 kg yr-1 Dai and Trenberth (2002) 

Average river 87Sr/86Sr 0.71144 Vance et al. (2009) 

Average river Sr concentration 0.32 µmol kg-1 Calculated 

High T hydrothermal flux 8x1012 kg yr-1 Coogan and Dosso (2012) 

High T hydrothermal fluid Sr content 162 µmol kg-1 Coogan and Dosso (2012) 

High T hydrothermal flux 87Sr/86Sr 0.8 rock + 0.2 seawater Coogan and Dosso (2012) 

Heat capacity of fluid 4000 J kg-1 K-1  

Low T hydrothermal heat flux (2-20 Myr) 5 TW Stein and Stein (1994) 

Average DT in hydrothermal system 8.66°C  

Low T hydrothermal 87Sr/86Sr  Calc from Eq. S2 

Diagenetic Sr flux 4.2x109 mol yr-1 Elderfield and Gieskes (1982) 

Offset of diagenetic 87Sr/86Sr from seawater -0.00075 Elderfield and Gieskes (1982) 

 784 

  785 
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Appendix A: Further details of modelling approach 786 

 787 

Accounting for variation in the Sr content of seawater. 788 

Equation 1 can be solved for a relative fraction of basaltic Sr leached (fbasalt) from 789 

the crust as a function of the value of k: 790 

 791 

 792 

 793 

Given fbasalt (for any given value of k) the isotopic composition of the hydrothermal fluid 794 

formed when seawater had different Sr contents can be readily determined by mass 795 

balance under the assumption that the Sr content of the hydrothermal fluid is the same as 796 

that of seawater.  797 

 798 

 799 

 800 

where, Fsw is the ratio of the concentration of Sr in past seawater to the modern value. 801 
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