
MODELLING THE INORGANIC OCEAN CARBON CYCLE 
UNDER PAST AND F U T U R E  CLIMATE CHANGE 

Tracy L. Ewen 
B.Sc., University of Manitoba, 1996 
M.Sc., University of Manitoba, 1999 

A Dissertation Submitted in Partial Fulfillment of the 
Requirements for the Degree of 

in the School of Earth and Ocean Sciences 

@ Tracy L. Ewen, 2004 

University of Victoria 

All rights reserved. This dissertation may not be reproduced in whole or i n  part by 
photocopy or other means, without the pemnission of the author. 



Supervisor: Professor Andrew J. Weaver 

Abstract 

The increase in atmospheric C 0 2  concentration over the last 150 years is unprece- 

dented during the past 420,000 years of Earth's history. The oceans are the largest 

sink for C 0 2  and it is unknown how the ocean carbon cycle will respond to  increasing 

anthropogenic C 0 2  concentrations in the future. It is possible that climate feedbacks 

may act to  reduce further uptake of carbon by the ocean. This thesis examines the in- 

organic ocean carbon cycle and how climate feedbacks influence future uptake using a 

coupled ocean-atmosphere-sea ice model with an inorganic carbon component. Past 

climate transitions are also studied, including both abrupt and glacial-interglacial 

climate transitions. 

The sensitivity of the inorganic carbon cycle to  increased atmospheric C 0 2  is ex- 

amined and atmospheric carbon dioxide levels are projected under global warming 

scenarios. A transient weakening of the North Atlantic overturning is found in most 

simulations and increased SSTs are found in all simulations. Although these positive 

feedbacks act on the carbon system to  reduce uptake, the ocean has the capacity to  

take up 65-75% of the anthropogenic C 0 2  increase once the forcing is stopped. The 

effects of climate feedbacks on future carbon uptake are analyzed and it is found that 

the ocean stores 7% more carbon when there are no climate feedbacks acting on the 

system. Sensitivity experiments are conducted with respect to the representation of 

ocean mixing and sea ice dynamics. The inclusion of the Gent McWilliams parame- 

terization for mixing associated with mesoscale eddies leads to  a further 6% increase 

in oceanic uptake, whereas the inclusion of sea ice dynamics leads to  a 2% global 

difference in uptake. 

Past climates have been marked by abrupt transitions from cold to warm states 

and mechanisms which led to  these transitions most likely include variability in the 

thermohaline circulation (THC). Changes in atmospheric C 0 2  concentration that 

arise during abrupt climate change events are investigated. This is accomplished 

through the use of meltwater pulse scenarios applied to  the coupled model. Tran- 

sient simulations are carried out under a glacial equilibrium climate with increased 

freshwater discharge to  high latitude regions in both hemispheres in order to  simu- 

late meltwater episodes. Changes in ocean circulation and carbon solubility are found 

to  lead to  significant increases in atmospheric C 0 2  concentrations when meltwater 



episodes are simulated in both hemispheres. The magnitude of increase in atmo- 

spheric C02  is between 10-40 ppmv, which accounts for some of the changes in C02  

as recorded in the ice core records. 

The response of the carbon cycle during glacial-interglacial transition is investi- 

gated by applying 8 kyr BP boundary conditions to an LGM equilibrium climate. 

An LGM equilibrium with orbital parameters set to 21 kyr BP and C 0 2  radiative 

forcing to  200 ppmv is used and 8 kyr BP boundary conditions, namely orbital pa- 

rameters for 8 kyr BP and C 0 2  radiative forcing of 280 ppmv, are then imposed on 

this equilibrium. Atmospheric C 0 2  is then allowed to evolve and we find an increase 

of only -- 5 ppmv. Changes due to C 0 2  radiative forcing alone account for almost 

all of the change in atmospheric C 0 2  with effects of changing the orbital parameters 

almost negligible on global carbon uptake. It is suggested that the the inclusion of 

both biological and carbonate pumps may be important components t o  unlocking 

the mystery surrounding the glacial-interglacial cycles. 
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1 Introduction 

The increase in atmospheric C 0 2  concentration from -280 ppmv in 1750 to  to- 

day's values of -370 ppmv are unprecedented during the past 420,000 years (Petit 

et al., 1999), and likely during the past 20 million years of Earth's history (Pagani 

et al., 1999; Pearson and Palmer, 2000). This increase is primarily due to fossil fuel 

burning and secondarily to  land use changes including deforestation. An increase in 

greenhouse gases acts to  perturb the radiation balance of the earth. The amount of 

outgoing longwave radiation near the surface that is re-radiated to  earth increases 

with increasing greenhouse gases, thereby warming the surface. C 0 2  is the domi- 

nant anthropogenic greenhouse gas accounting for -60% of the increase in radiative 

forcing among all greenhouse gases (Farquhar et al., 2001). This increased radiative 

forcing acts to  change Earth's climate and it is not known how these changes will 

affect the global carbon cycle. 

1.1 The carbon cycle 

The oceans are the largest reservoir for C 0 2  and the amount of dissolved inorganic 

carbon (hereafter DIC) in the oceans is about 50 times more than that of the at- 

mosphere (Broecker and Peng, 1982) and thus may play a key role in controlling 

atmospheric COa levels. Uptake of carbon in the oceans is controlled primarily by 

carbonate chemistry and ocean circulation. C 0 2  is more soluble in colder waters and 

the general pattern of C 0 2  flux is outgassing in equatorial regions and uptake in the 

high latitudes. C 0 2  equilibrates quickly at  the atmosphere ocean interface (-1 year) 

and although the deep oceans have a large capacity for further uptake, it is limited 

by the rate at  which the surface layers and deep waters mix. Net heating of the 

surface waters will tend to decrease C 0 2  uptake and net cooling will tend to increase 

uptake. The transport of ocean carbon is thus connected to  the transport of heat in 

the ocean meridionally via ocean circulation (Broecker and Peng, 1982). 

Changes in circulation affect solubility through changes in heat transport, but 

more immediately through physical transport of the DIC tracer. Transport and stor- 

age of carbon in the ocean is carried out by the same mechanisms that govern the 

transport and storage of heat and freshwater. It is thought that during preindustrial 

times, carbon was taken up in the northern hemisphere high latitudes and trans- 

ported to  the southern hemisphere where it outgassed and drove a return flow in the 



atmosphere (Keeling and Peng, 1995; Gloor et al., 2003). The primary mechanism 

accounting for most of the meridional and vertical transport of carbon in the oceans 

is the large scale overturning circulation. Regions where cold dense waters sink, 

particularly in the North Atlantic and Southern Ocean, are regions of high carbon 

uptake. Carbon is carried to  depth when these water masses are convected, and the 

lower partial pressure in the surface waters increases the downward flux of C 0 2  in 

these regions. 

Although most of the carbon in the oceans is in the form of dissolved inorganic 

carbon (comprised of dissolved C02 ,  CO:- and HC0; ions), biological and carbonate 

pumps also cycle carbon and affect the vertical gradient of DIC. Phytoplankton in 

the upper surface waters decrease the partial pressure of C 0 2  through photosynthesis 

and thus increase uptake of C 0 2  from the atmosphere. Dissolved organic carbon 

(DOC) together with particulate organic carbon (POC) , resulting from detritus and 

dead organisms, provide a downward flux of organic matter to  the deep oceans. A 

small amount of this ends up in sediments and most is converted to DIC through 

heterotrophic respiration. This biological cycling of carbon allows the maintenence 

of higher DIC stores in the deep ocean and atmospheric C 0 2  concentrations to be 

about 150 to 200 ppmv lower than they would be without the biological carbon 

cycle operating (Farquhar et al., 2001). In addition to the organic cycling of carbon, 

carbonate is cycled over century time scales and affects the vertical DIC gradient. 

Species of phytoplankton and zooplankton form carbonate shells in the surface waters, 

using bicarbonate ions and producing C 0 2  thereby reducing both DIC and alkalinity 

(in a 1:2 ratio) in the surface waters and increasing outgassing. This continuous 

cycling of carbon between atmosphere and ocean is a steady state system and the 

activities of man perturb this balance. 

1.2 Anthropogenic COa 

Prior to  industrialization, around the mid-1800s, it is thought that the global carbon 

cycle was in a steady state. Superimposed on the global ocean carbon steady state is 

the excess C 0 2  due to the uptake of anthropogenic C 0 2  which is currently thought 

to  be controlled by chemical and physical processes (Maier-Reimer and Hasselmann, 

1987; Farquhar et al., 2001). We do not however, fully understand the biogeochemical 

role in maintaining the steady-state ocean carbon cycle, so it is difficult to address 

the related changes associated with these systems under a changing climate. Changes 

in the carbonate chemistry however, which affect the ocean pH, may affect marine 



biology through increased calcification rates and over century time scales may increase 

uptake of C 0 2  by the oceans slightly (Farquhar et al., 2001). F'ran~ois et al. (1997) 

suggest that surface water stratification may contribute to  increased C 0 2  uptake in 

the Southern Ocean through changes in nutrient availability. Changes in sea ice cover 

may also impact biological productivity due to  the availability of light. It is essential 

to  obtain improved observational support for these biological complexities, especially 

at  high latitudes, which have been introduced into current general circulation models 

(GCMs) (see for e.g., Sarmiento and Le QuQ6, 1996; Maier-Reimer and Hasselmann, 

1987; Joos et al., 1999). A more fundamental step is to  gain a thorough understanding 

of the inorganic carbon cycle against which future numerical experiments, including 

marine biology and a terrestrial carbon component, can be carried out. 

Regional, annual and inter-annual uptake of C 0 2  varies considerably (Gruber 

et al., 2002; Le Qu6r6 et al., 2000) although it is generally assumed that on decadal 

or longer time scales there is much less variability (Wallace, 2001). Determination 

of anthropogenic C 0 2  inventories from the large natural background variability of 

DIC has been carried out using a method developed by Gruber et al. (1996) for the 

Atlantic, Indian (Gruber, 1998) and Southern oceans (Sabine et al., 1999). These 

estimates have been found to  be more consistent with three-dimensional global cir- 

culation modelling studies of anthropogenic C 0 2  than with two-dimensional zonally 

averaged models (Wallace, 2001). Since C 0 2  is more soluble in colder waters, most 

of the net absorption of C 0 2  in the oceans occurs in the polar regions (Jones et al., 

1990) and modelling studies have shown the Southern Ocean to be an important 

sink for anthropogenic C 0 2  (Maier-Reimer and Hasselmann, 1987; Sarmiento and Le 

QuQ6, 1996; Sarmiento et al., 2000; Orr et al., 2001). Caldeira and Duffy (2000) 

have also shown that the Southern Ocean is an important region for anthropogenic 

C 0 2  uptake when compared to  tracer observations (Gruber, 1998; Sabine et al., 1999) 

although not for long term storage of carbon. 

The interaction of climate feedbacks with the carbon cycle under increasing at- 

mospheric C 0 2  is still a source of uncertainty. It is thought that the oceans have 

the capacity to  take up 70-80% of the anthropogenic C 0 2  through increased dissolu- 

tion (Archer et al., 1997; Ewen et al., 2004a). The uptake is limited by the rate of 

ocean mixing, on the time scale of hundreds of years (Maier-Reimer, 1993), which is 

much longer than the annual rate of anthropogenic C 0 2  increase. The use of climate 

models allows us to  study the potential effects of climate change on the future up- 

take of COa. Certainly many studies have attempted to  address the role of feedback 

mechanisms on future carbon uptake using various climate models (including Siegen- 



thaler and Oeschger, 1978; Manabe and Stouffer, 1994; Sarmiento and Le Qu6r6, 

1996; Sarmiento et al., 1998; Joos et al., 1999; Cox et al., 2000; Friedlingstein et al., 

2001; Plattner et al., 2001). As the climate warms anthropogenic carbon will con- 

tinue to be taken up, and it is generally thought that this will occur at  a decreasing 

rate due to  the climate feedbacks acting on the carbon system. The main feedbacks 

are thought to  include reduced buffering capacity of the carbonate system, increased 

SSTs which reduce pCOz solubilities and changes in ocean circulation. Most models 

show a weakening in the thermohaline circulation which leads to  both decreased heat 

transport to  the North Atlantic and also to a reduction in carbon flux to this region. 

Northern hemisphere sea ice extent is also projected to  decrease (Christy et al., 2001) 

which will increase air sea interaction and may increase carbon flux to  the oceans 

although modelling studies have also shown that surface freshening may lead to  in- 

creased stratification in high latitudes, thereby reducing carbon uptake (Sarmiento 

et al., 1998). 

Although many of these modelling studies agree that the high latitude regions are 

important for anthropogenic carbon uptake (Orr et al., 2001) and are regions highly 

sensitive to  climate change, few have incorporated sea ice components in their models, 

or have addressed these studies using thermodynamic sea ice models. It is thought 

that model parameterizations of both sea ice and sub-grid-scale mixing processes lead 

to the largest discrepancies between model COz uptake in the high latitude regions 

(Wallace, 2001) and have also been found to  affect CFC tracer distributions when 

compared to  observations (Robitaille and Weaver, 1995; Dutay et al., 2002; Saenko 

et al., 2002). In Chapter 3 carbon uptake under anthropogenic forcing is addressed 

and the role of climate feedbacks on future uptake is examined. An investigation of 

model parameterizations for both sea ice and sub-grid-scale mixing is also carried 

out. 

1.3 Abrupt climate change and C02  

Understanding climate variability in the past is critical if we are to  improve our un- 

derstanding of future climate change. The mechanisms which led to abrupt climate 

changes in the past are still not fully understood although paleoclimate records reveal 

that variability in the thermohaline circulation (THC) was involved in the rapid tran- 

sitions between cold and warm states. These abrupt transitions, termed Dansgaard- 

Oeschger (D-0) oscillations (Dansgaard et al., 1984; Oeschger et al., 1984), occurring 

over the last glacial period (Stocker, 2000; Clark et al., 2002b) are marked by abrupt 



warming events of several degrees occurring over decades or less (Grootes et al., 1993) 

which are recorded in the stable oxygen isotopes ("0) of the Greenland ice cores. 

The sequence of D-0 oscillations often terminates with meltwater episodes (Bond 

and Lotti, 1995) as evident in layers of ice-rafted debris found in marine sediments 

(Heinrich, 1988). 

Climate modelling simulations show that meltwater discharges reduce the over- 

turning strength of the THC through changes in North Atlantic Deep Water (NADW) 

formation (Manabe and Stouffer, 1995; Clark et al., 2002b; Schmittner et al., 2002). 

At the centennial timescale, a reduction in the Atlantic overturning impacts the car- 

bon balance through diminishing the transport of inorganic carbon from the surface to  

the deep ocean. Changes in sea ice cover, corresponding to changes in the poleward 

heat transport, also effect C 0 2  uptake by changing air-sea interaction in the high 

latitude regions. Associated changes in sea surface temperatures (SSTs), salinities 

(SSSs) and alkalinity further affect C 0 2  solubility and uptake in both hemispheres. 

Antarctic ice cores further reveal that atmospheric C 0 2  concentrations increased 

by 10-20 ppmv during strong D-0  oscillations (Stauffer et al., 1998; Indermiihle et al., 

2000) during warm interstadial phases. Increases in atmospheric C 0 2  between 20 kyr 

and 70 kyr BP parallel warming events in Antarctica (Indermiihle et al., 2000) and 

seem to be connected with large iceberg discharges in the North Atlantic. 

Abrupt transitions have also occurred between the LGM and the Holocene as 

recorded in, for example, the GISP2 (Greenland) oxygen isotope records (Grootes 

et al., 1993). The Oldest Dryas cold period was followed by the Bglling-Allergd warm 

interval, in which a warming of several degrees took place over a few hundred years, 

bringing an end to  the last glacial period. The Bglling-Allergd interstadial event 

(14,600 kyr BP in the GISP2 oxygen isotope record) was a rapid warming event 

which corresponds to  the Antarctic Cold Reversal (ACR) in the Southern Ocean and 

a rapid increase in atmospheric C 0 2  concentrations as seen in the Dome C C 0 2  data 

(Monnin et al., 2001). Coincident with the onset of the Bglling-Allergd was an abrupt 

increase in atmospheric C 0 2  of about 8 ppmv in <300 years (Monnin et al., 2001). 

This interval is also thought to have coincided with a large meltwater pulse (mwp- 

1A) in the Southern Ocean (Clark et al., 2002a; Weaver et al., 2003). It is thought 

that the Southern Ocean played a key role in abrupt transitions of atmospheric C 0 2  

during the last glacial termination, however the changes in the North Atlantic THC 

during mwp-1A probably also played a key role during that time. In Chapter 4 the 

role of the carbon cycle during these abrupt transitions is examined. 



1.4 Glacial-interglacial cycles and COa 

Advances and retreats of the major ice sheets are documented in ocean sediment 

records which show changes in the isotopic composition of oxygen in seawater as 

recorded in calcium carbonate manufactured by marine organisms (Archer et al., 

2000). Formation of glacial ice selectively uses the lighter oxygen isotope, 160, as this 

isotope is preferentially evaporated from the oceans, leaving the oceans enriched in 

l80. Fractionation also occurs when microfossils take up calcium carbonate, with the 

heavier oxygen isotope selectively used under warmer temperatures (Broecker, 1993). 

Oxygen isotopes are thus important paleoclimate indicators of both ice volume and 

past temperatures. During cooler glacial periods, increased ice volume and colder 

temperatures both raise the ratio of ''0 to  160 and is recorded in the marine shells. 

These cycles of glacial changes correlate with variations in the Earth's orbit which 

cause differences in the geographical receipt of solar insolation (Berger, 1978). Orbital 

cycles show spectral peaks at  periods of 23 kyr, 41 kyr and 100 kyr corresponding to 

changes in precession, obliquity and orbital eccentricity (Crowley and North, 1991). 

S180 records of glacial cycles are in rough proportion to the Northern Hemisphere 

solar heating flux calculated from orbital theory before 800 kyr BP. After this time 

however, the 100 kyr glacial cycles appear stronger than what orbital theory predicts 

(Imbrie et al., 1992), and the global ice volume record can not be explained by orbital 

variations alone. 

Proxy records related to  atmospheric C 0 2  concentration and deep ocean circula- 

tion in the Atlantic ocean lead changes in ice volume as investigated by Imbrie et al. 

(1992, 1993). This suggests that ocean circulation and atmospheric C 0 2  may have 

played an important role in amplifying the glacial cycles. Indeed close correlation 

between Antarctic temperature and C 0 2  concentration (Barnola et al., 1987; Petit 

et al., 1999; Monnin et al., 2001) suggests that C 0 2  is an important amplifier of the 

initial changes in orbital forcing and indicates that the Southern Ocean played an 

important role in the C 0 2  increase seen during the last glacial termination (Mon- 

nin et al., 2001). Atmospheric C 0 2  concentrations were about 80 ppmv lower during 

glacial periods than during interglacial periods, as indicated by ice core measurements 

(Petit et al., 1999). Vostok ice core records from Antarctica reveal that atmospheric 

COz has oscillated in 100,000 year cycles between the relatively constrained bounds 

of 180 to  280 ppmv over the last four deglaciations during the past 420 kyr BP (Petit 

et al., 1999). 

The mechanisms that have led to  changes in atmospheric COz are still unex- 



plained. 613C sediment records and modelling studies reveal that the terrestrial 

biosphere actually stores 300 to 700 PgC more during interglacial periods (Farquhar 

et al., 2001) and thus cannot be responsible for the difference in atmospheric C 0 2  

concentrations. A combination of mechanisms resulting from changes in the ocean 

carbon cycle may hold the key and many hypotheses have been investigated. It 

is believed that past changes in sea surface temperatures and salinities or carbon- 

ate budget cannot be responsible. Other possible explanations involve changes in 

the size of the nutrient pool and an increase in biological activity at  high latitudes 

(Sarmiento and Toggweiler, 1984; Sigman and Boyle, 2000). Increased iron supply 

to the Southern Ocean, where iron is thought to  limit production, is also implicated 

in the changes. An increase in Patagonian Deserts led to  an increase in atmospheric 

dust and iron supply to  the Southern Ocean. This in turn stimulated marine biota 

and drawdown of atmospheric C 0 2  (Petit et al., 1999). Export production of organic 

carbon is also thought to  increase, causing surface alkalinity to  increase, further driv- 

ing down atmospheric C02 .  Together, these effects may account for 15-40 ppmv 

decrease in atmospheric C 0 2  (Bopp et al., 2003). None of these hypotheses, explain- 

ing glacial-interglacial atmospheric C 0 2  changes however, are sufficient on their own 

to account for the 80 ppmv difference in C 0 2  concentrations. 

Recently, several studies have focused on implicating physical processes in the 

ocean for the 80 ppmv change in atmospheric C 0 2  during the last deglaciation. In 

particular, changes in Southern Ocean sea ice extent, ventilations rate and strati- 

fication have all been used to explain the difference in several box model studies 

(Toggweiler, 1999; Stephens and Keeling, 2000; Gildor and Tziperman, 2002). In or- 

der to  improve our understanding of how these processes affect C 0 2  uptake in GCMs, 

an examination of the changes in the ocean carbon cycle and resulting atmospheric 

C 0 2  concentrations under glacial-interglacial climate forcing is carried out in Chapter 

5. 

1.5 Outline 

In the following chapter an overview of the coupled model used throughout this thesis 

is described including ocean-atmosphere and sea ice components. The inorganic 

carbon cycle which has been coupled to this model is then described in the final 

section of Chapter 2. In Chapter 3, an analysis of the sensitivity of the inorganic 

carbon cycle to future climate warming is carried out. The effect of climate change on 

future uptake of carbon by the ocean is examined as well as the role of model sea ice 



and sub-grid-scale mixing parameterizations. Paleoclimate studies are then carried 

out in Chapters 4 and 5. Abrupt climate change in the past is studied in Chapter 4 

through an analysis of the response of atmospheric C 0 2  and oceanic carbon uptake 

to meltwater pulse perturbations in both hemispheres. In Chapter 5 the sensitivity 

of C 0 2  uptake to  glacial-interglacial forcing is examined. From an equilibrium 21 kyr 

BP, boundary conditions for 8 kyr BP are imposed and changes in the carbon cycle 

are analyzed. Finally, conclusions are given in Chapter 6. 



2 Model description and set up 

The coupled model used throughout this thesis is version 2.3 of the UVic ESCM 

described in Weaver et al. (2001). The model consists of a 3-D ocean GCM coupled 

to a thermodynamic/dynamic sea ice model (Bitz et al., 2001) and a dynamic energy- 

moisture balance atmosphere model. The ocean component of the coupled model is a 

fully nonlinear 3-D ocean GCM (Pacanowski, 1995) with a global resolution of a 3.6" 

(zonal) by 1.8" (meridional) and 19 vertical levels. A reduced complexity atmosphere 

model is used for computational efficiency. Atmospheric heat and moisture transport 

is parameterized through Fickian diffusion, with precipitation occurring when the 

relative humidity exceeds 85%. 

2.1 Atmosphere model 

The energy moisture balance model of Fanning and Weaver (1996) is used for the 

atmospheric component of the coupled model. It is based on earlier thermodynamic 

models of Sellers (1969) and North (1975) and is coupled to the oceanic compo- 

nent by allowing sensible, latent and radiative heat transfers between the ocean and 

atmosphere. 

The vertically-integrated energy balance is given by 

where p, = 1.25kg mP3 is the constant surface density, ht a constant scale height 

for temperature chosen to  be 8.4 km (Gill, 1982), cp, = 1004 J kg-' K-I is the 

specific heat of air at  constant pressure and T, is the surface air temperature. The 

source-sink terms on the right hand side of (2.1) are QT, the eddy diffusion horizontal 

heat transport, Qssw is the absorbed atmospheric short wave radiation, QLW is the 

longwave radiation at  the surface, QSH and QLH are the sensible and latent heat 

fluxes respectively and QoLW is the outgoing longwave radiation. 

The parameterization for the eddy-diffusive horizontal heat transport QT, is given 

where the horizontal diffusion operator is V . (vVT,) and v is the latitude dependent 



horizontal eddy diffusivity coefficient. The latitudinal profile for this coefficient can 

be found in Weaver et al. (2001). The shortwave radiation is given by: 

Qssw = CAQTSW 

where CA = 0.3. This coefficient parameterizes additional absorption by the at- 

mosphere of incoming shortwave radiation on water vapor, dust, ozone and clouds 

(Ramanathan et al., 1987). QTsW is the total incoming shortwave radiation at  the 

top of the atmosphere and is given by: 

where So = 1368 W m-2 is the solar constant, S is the annual distribution of short- 

wave radiation at  the top of the atmosphere (based on Berger, 1978) and a is the 

latitudinally and monthly dependant albedo where 

if ice free 

a, + A a  otherwise. 

The effects of sea ice on the albedo are thus included in the model by locally changing 

the planetary albedo where a, is the latitudinally dependent monthly mean planetary 

albedo (Graves et al., 1993), accounting for average cloudiness, and A a  is the increase 

in planetary albedo due to  the presence of sea ice: 

*a= { max(O,Aa, +O.l lnhi)  if hi < l m  

*a0 otherwise 

where hi is the ice thickness and Aa, = 0.18 is the ice albedo jump, which is applied 

to  ice which is one meter or more in thickness. Over land this expression is simply: 

The net upward radiative flux at  the surface is a sum of both the upward longwave 

flux emitted by the surface and the downward longwave flux which has been re- 



emitted by the atmosphere: 

E,cTT,~ - E,oT,~ over open ocean 

QLW = { &,cr~: - E,CTT,~ over sea ice (2.8) 

Qsw over land 

where E, and E, are the emissivities of the surface (with a distinction between ocean 

and sea ice) and atmosphere and the Stefan-Boltzmann constant is a = 5.67 x lo-' 

W mP2 K-4. All shortwave radiation intercepted over the land surface is assumed to 

return to the atmosphere via black body radiation such that: 

The sensible heat flux over open ocean and ice covered ocean is given by the bulk 

formula: 
paCHCpaU(TS - Ta) over open ocean 

- Ta) over sea ice (2.10) 

otherwise 

where u is the surface wind speed, CH = 0 . 9 4 ~ ~  is a dimensionless coefficient, often 

referred to  as the Stanton number (Isemer et al., 1989), obtained through dimensional 

analysis. The Dalton number, c~ is also dimensionless and depends on the wind speed 

and air-sea temperature difference (see Fanning and Weaver, 1996). The winds are 

prescribed and seasonally-varying from NCEP Reanalysis wind data and are used 

with the dynamical feedback option (Weaver et al., 2001) turned off. 

The latent heat into the atmosphere is given by 

where p, is a reference density of water, L,, L, and Lf are the latent heats of sub- 

limation, vaporization and fusion respectively. P, is the snowfall, P, is the rainfall 

and Sm is the water equivalent surface melting of snow over land. 

The planetary outgoing longwave radiation is based on Thompson and Warren 

(1982) and is given by: 



where 

am = cmo + cmlr + cm2r2 for m = 0,1,2,3 (2.13) 

and the empirically derived constants are given by Thompson and Warren (1982). T, 

is the sea level air temperature, r is the relative humidity and A F  is the parameteriza- 

tion for radiative forcing associated with changes in atmospheric C 0 2  concentrations 

and is given by: 

where C(t )  is the atmospheric C 0 2  concentration, Co = 350 ppmv is a reference 

concentration, and AF2, = 4.0 W m-2 is the radiative forcing at  a doubling of 

atmospheric C 0 2  (Ramanathan et al., 1987). 

The hydrological cycle is parameterized using the balance equation for water vapor 

in the atmosphere, replacing the horizontal advection by an eddy diffusive term. The 

vertically integrated moisture balance equation is given by: 

where hq = 1.8 km is a constant scale height for specific humidity given by Peixoto 

and Oort (1992), q, is the surface specific humidity, k, is the eddy diffusivity term, 

P is the precipitation, E is the evaporation and S is the sublimation (where E, P, S 
are calculated in m s-I). Over open ocean, evaporation is calculated from the bulk 

formula: 
PaCE U 

E = - (q, (T,) - qa)  
Po 

where c~ is the time-dependent Dalton number from Fanning and Weaver (1996), 

qs(Ts) is the saturation specific humidity at  temperature T, calculated from the 

Clausius-Clapeyron equation from Bolton (1980), which distinguishes between ice 

and open ocean. 

Sublimation is calculated similarly where T, is taken as the surface temperature 

of the ice, and whenever qs(Ts) > q, there is resulting evaporation or sublimation 

depending on whether over sea ice or open ocean. 

Precipitation occurs whenever the relative humidity exceeds 85% and is parame- 

terized by: 

where qs(Ta) is the saturation specific humidity at  T, and At is the model time step. 



Over land, Eq. 2.1 is reduced to: 

Note that QSH > 0 over open ocean and sea ice only so that over land is zero. From 

Eq. 2.1, QLW = QSW which assumes that all shortwave radiation hitting land is 
returned to  the atmosphere via blackbody radiation as given in Eq. 2.9. There is 

no moisture stored on land and E = 0. Precipitation instantaneously returns to  the 

ocean via one of 33 river basins unless it falls as snow, in which case it is locally 

retained until such time as it melts. More realistic river basins are possible with the 

inclusion of orography in the model (see Weaver et al., 2001). 

An annual cycle of solar insolation for both past and present orbital configurations 

is used (Berger, 1978) and has been successfully employed for both present day and 

paleoclimate simulations (Weaver et al., 1998, 2000). Insolation that reaches the 

Earth is determined by the solar constant So, the semi-major axis of the orbit, the 

eccentricity or the orbit, the obliquity of the ecliptic and the longitude of perihelion 

relative to  the moving vernal equinox (Berger, 1978). Changes in insolation are 

calculated using a simple algorithm given by Berger (1978). 

2.2 Ocean model 

The ocean component of the coupled model is the Geophysical Fluid Dynamics Lab- 

oratory (GFDL) Modular Ocean Model (MOM) version 2 (Pacanowski, 1995). This 

model is a finite difference version of the primitive ocean equations. These equations 

consist of the Navier-Stokes equations subject to the Boussinesq and hydrostatic ap- 

proximations. Potential temperature and salinity are the two prognostic tracers that 

actively affect the dynamics. The main passive tracer that is included is dissolved 

inorganic carbon (DIC) . 

The Boussinesq approximation consists of replacing p,(z) by its vertically aver- 

aged value p,, a representative density for sea water, except in the buoyancy term. 

This is reasonable since the mean ocean density profile, p,(z), typically varies no 

more than 2% from its depth averaged value p, = 1.035 g cm-3 (Gill, 1982). The 

hydrostatic approximation is imposed which implies that vertical pressure gradients 

are due only to density. This is justified in the ocean where the horizontal scales are 

much larger than vertical scales (Gill, 1982) and kinetic energy is largely dominated 

by horizontal motions. Sub-grid scale processes are parameterized with the assump- 



tion that eddy mixing coefficients which account for sub-grid scale motion are many 

orders of magnitude larger than molecular values (Bryan, 1984). For computational 

efficiency, external gravity waves are filtered out and the rigid lid approximation is 

made. 

The horizontal equations of motion are given by: 

is the advective operator for the nonlinear terms in the total derivative, f is the 

Coriolis parameter and u h  = U, v is the horizontal velocity. Terms involving the 

eddy viscosity coefficients, Ah = (A,, A,) and A,, arise from parameterizing the 

Reynolds stresses which result from considering the time average of the equations 

of motion. The vertical friction term, $ (A,%) is the parameterization for the 

vertical exchange of momentum due to  sub-grid scale mixing processes. Similarly, 

D . (AhVv) parameterizes the horizontal exchange of momentum, where V is the 

horizontal gradient operator. We use A, = 1 x lop3 m2 s-' and Ah = 2 x lo5 m2 S-' 

for the vertical and horizontal eddy viscosities respectively. 

In the vertical direction the equation of motion is reduced to: 

due to  the hydrostatic approximation which implies that pressure in a static fluid 

decreases with height and these gradients are due only to  density. The vertical 

coordinate, z ,  is positive upwards and the gravitational acceleration is g = 9.81 m 

s - ~ .  

The ocean model is initially at  rest as the initial velocity field is assumed to 

vanish (i.e., u = v = w = 0). An idealized temperature and salinity distribution 

is constructed based on zonal averages of annual means from the Levitus (1982) 

data and an idealized density distribution is constructed. The distribution is only a 

function of latitude and depth and is contained within the MOM ocean model so no 



data sets are used. The surface and bottom boundary conditions are 

where: 

and the horizontal stress vector at  the surface and bottom (z = 0, - H) is given by: 

where X and 4 represent longitude and latitude respectively. The surface stress is 

taken from reanalysis data (Kalnay et al., 1996) and the bottom stress (z = - H) is 

calculated from the bulk formula: 

where the dimensionless bottom drag coefficient is given by C D B  = 1.3 x low3 and 

uiH is the velocity at  the first depth level from the bottom. Dirichlet conditions are 

assumed at  the lateral boundaries where the velocity vector goes to zero (no-slip). 

Cyclic boundary conditions are applied in the longitude giving a semi-infinite domain. 

Flow out of the eastern end of the basin enters the western and vice versa. 

The conservation equations for the two active tracers, potential temperature and 

salinity, are given by: 

where the horizontal eddy diffusivity is given by kh = 2x  lo3 m2 s-I and the vertical 

eddy diffusivity varies with depth from k,  = 0 . 6 ~  lop4 m2 s-I in the thermocline 

to  k,  = 1 . 6 ~ 1 0 - ~  m2 s-I in the deep ocean. These eddy diffusivities result from the 

parameterization of sub-grid scale mixing of tracers. The vertical eddy diffusivity is 

modified from Bryan and Lewis (1979) and given by: 



This diffusivity profile is weak in the thermocline and increases with depth. It is 

physically motivated by recent observations which show enhanced mixing in the deep 

ocean and, more importantly, for its ability to improve water mass distributions in 

this ocean model (Simmons et al., 2004). 
The equation of state for seawater is a nonlinear function of potential temperature, 

salinity and pressure and is given by: 

The boundary conditions for potential temperature and salinity at  the surface ( z  = 0 )  

are: 
aT 

QT = po~pokv- d z  (2.31) 

and 

The heat flux is given by: 

Qsw - QSH - QLW - QEH if ice free 
Q T =  { 

Qb otherwise 

where latent heat flux due to  evaporation is given by: 

and Qb is the heat flux from ocean to  sea ice. The freshwater flux is given by: 

S o ( E  - P - R )  if ice free 
F.9 = { 

(So  - Si)F - S o ( P  + R) otherwise 

where the specific heat of seawater at  constant pressure is given by cpo = 4044 J kg-' 

K-l, So and Si are representative salinities for the ocean and ice respectively, R is the 

freshwater input from the rivers and F is the freshwater flux due to  sea ice formation 

and melting where: 

and the density of the sea ice is given by pi and the thickness by Hi. 

Neumann conditions are assumed for heat and salt on the bottom and lateral 



boundaries (no-flux across boundaries) where: 

and n is the unit vector normal to  the boundary surface. 

2.2.1 Mixing parameterizat ions 

Gent McWilliams sub-grid scale parameterization for ocean mixing and isopycnal 

mixing are used together in all experiments where we have stated that GM is used. 

When GM is not used, we have used standard horizonal/vertical mixing. Mixing 

in the real ocean is predominantly along isopycnal surfaces so the standard hori- 

zontal/vertical mixing scheme is somewhat unrealistic, especially in regions where 

there are steeply sloping isopycnals as the diapycnal diffusion becomes unrealistically 

large. Isopycnal mixing, which was introduced by Redi (1982) and implemented in the 

GFDL model by Cox (1987), is not entirely along isopycnals as some lateral mixing 

is required in order to  maintain computational stability. In addition to  the isopycnal 

mixing, Gent and McWilliams (1990) introduced a parameterization to  represent the 

effects of mesoscale eddies which are too small to be resolved in general circulation 

models. It attempts to account for the effects of baroclinic instability by removing 

potential energy from large scale features. The transport of these effects are adia- 

batic (no mixing across density surfaces) and the volume of water between density 

surfaces is unchanged. This parameterization has been shown to  improve certain 

aspects of GCM climatology, in particular to  improve temperatures at  intermediate 

depths through a sharper thermocline and the deep oceans have more realistic colder 

and saltier waters (Danabasoglu et al., 1994; Duffy et al., 1995). The inclusion of 

the GM mixing scheme has also been shown to  improve CFC tracer distributions in 

an earlier version of our model Robitaille and Weaver (1995) and reduce unrealistic 

convective plumes in the Southern Ocean. 

The GM parameterization for mesoscale eddy mixing uses a down gradient isopyc- 

nal thickness diffusion - which determines the strength of the eddy-induced transport 

- while tracer diffusion occurs along isopycnals. This results in an additional transport 

velocity in the tracer equations where: 



and 

where the modified advection operator is given by: 

In Eqns. 2.38 and 2.39, R is the diffusion along isopycnals with an isopycnal diffusion 

coefficient of ki. The advection is a sum of the effective transport velocity (u ,  w) and 

the eddy-induced transport velocity (u*, w*). This eddy induced transport velocity 

is given by: 

U* = (kiOp/pz)z, w* -V . (kivplpz) (2.41) 

where p is the potential density. 

2.3 Sea ice model 

The basic sea ice equations are described in this section. Firstly a simple "0-layer" 

thermodynamic scheme (sea ice or open water) based on Semtner (1976) is described 

along with a two-level sea ice thickness distribution (Hibler, 1979). This is followed 

by a description of the elastic viscous plastic model for dynamics based on Hunke 

and Dukowicz (1997). More detailed thermodynamic components have also been 

developed including a multi-layer thermodynamic model (Bitz and Lipscomb, 1999) 

and thickness distribution (Holland et al., 2001; Bitz et al., 2001); see Weaver et al. 

(2001) for a discussion of these. 

2.3.1 Sea ice thermodynamics 

The thermodynamic model predicts the ice thickness (Hi), the areal fraction of ice 

(Ai - often referred to  as compactness) and the surface temperature of the ice (Ti). 

Two idealized thicknesses within the grid cell are used: thick and thin. This model 

assumes that the surface temperature is instantaneously in equilibrium with external 

forcing so the ice does not have any heat capacity. 

The change in ice thickness over a grid cell is given by: 



where Sh, the total ice growth, is given by: 

and fi(Hi) is the thermodynamically determined growth rate of ice with thickness 

Hi. The growth rate of ice is calculated from: 

( Q b - Q t )  if Qb > Qt 
fi(0) = 

otherwise 

where Qb is the ocean heat flux and Qt is the total heat flux from the atmosphere 

(with heat flux positive downward). The representative density of ice is given by 

pi = 913 kg mP3 and the latent heat of fusion of ice is given by L = 3.34 x lo5 J 

kg-l. 

The total heat flux from the atmosphere is calculated based on the fractional 

cover of sea ice within each grid cell where: 

where Ai is the areal fraction of ice. The heat flux over the ocean is given by: 

Similarly the heat flux over sea ice is given by: 

Qti = Qsw - QLW - QSH - QfH, (2.47) 

where each term depends on whether there is open water or ice cover as described in 

Section 2.1. The latent heat flux associated with sublimation is given by: 

The heat flux from the ocean under freezing conditions is based on McPhee (1992) 

and given by: 

Qb = ~h~,poCpo(T~ - T s ) ,  (2.49) 

where ch = 0.0058 is an empirical constant, the skin friction velocity is given by 

u, = 0.02 m s-l, Tf is the freezing temperature of water, the specific heat of water 



under ice at  constant pressure is given by C,, = 4044 J kg-' K-l. 

The ice surface temperature Ti used for evaluating the individual heat fluxes in 

Eq. 2.45 is calculated by equating the conductive heat flux through the ice with the 

energy flux at the surface such that Qi = Qt where the conductive heat flux through 

the ice layer is given by: 

This also accounts for any snow layer that may be covering the ice. In Eq. 2.50, 

ki = 2.166 W mP2 K-I is the thermal conductivity of ice, ks = 0.3 W mP2 K-' is 

the thermal conductivity of snow, and Hi and Hs are the thickness of ice and snow 

respectively. Whenever Ti > Tf the surface temperature is reduced to  the freezing 

point. Once Qt is reevaluated with the new surface temperature T, the growth rate 

of the ice is calculated from: 

The changes in compactness (or fractional area covered by ice) is given by: 

where the source term is given by: 

sin - (fi(O>/Ho) (1 - Ai) if f i (0)  > 0 
.{O otherwise 

such that under freezing conditions, the fraction of open water (1 - Ai) decays expo- 

nentially with an e-folding time of (Ho/  f i (0)) .  Ho = 0.01 m represents a demarcation 

thickness between thick ice and thin ice such that the thickness of thin ice is set to 

zero under the assumption that open water and thin ice up to the thickness Ho 

approximately represent thin ice cover in a grid cell. 

The sink term which represents melting is given by: 

sFt = { f f / 2 H i ) S h  if S < 0 
otherwise. 



2.3.2 Sea ice dynamics 

The vertically integrated momentum balance for sea ice is given by: 

where m is the ice mass per unit area, u = (u, v) is the horizontal ice velocity, k 

is the vertical unit normal vector, a is the internal stress  tensor,^, and 7, are the 

atmospheric and oceanic stresses and h is the sea surface height. 

The strain rate tensor is given by: 

The strain rate tensor and internal stress tensor are related through the following 

equation: 

The water stress exerted by the ocean is given by: 

7 w  = cL[(UW - U) cos cp, + k x (U, - u )  sin cp,] (2.58) 

and the stress imposed by the atmosphere is: 

7 a  = cb[Ug cos pa + k x Ug sin cp,] (2.59) 

where U, and Ug  are the geostrophic ocean current and geostrophic wind, cL and c$ 

are the air and water drag coefficients and cp, and cp, are the turning angles for air 

and water which is set to  25'. The currents are estimated by U, = f k  x V h  with h 

set to  the dynamic height. The drag coefficients are expressed by: 

where the dimensionless drag coefficients for air and water are ca = 0.0012 and 

c, = 0.0055 respectively. This term is assumed to include frictional drag due to  the 

relative movement between the ice and ocean surface layer. 



2.4 The Inorganic Carbon Model 

The inorganic carbon component is based on the Ocean Carbon Model Intercompari- 

son Project (OCMIP) implementation (Orr et al., 1999). The inorganic ocean carbon 

cycle interacts with the atmosphere through the air-sea fluxes. The total flux from 

the ocean to  atmosphere is calculated at  each time step and integrated to  give a new 

atmospheric C 0 2  concentration. We assume that the atmosphere is well mixed. The 

new atmospheric C 0 2  concentration is also used in the parametrization for the ra- 

diative forcing, so that climate change feedbacks are included. In our carbon model, 

dissolved inorganic carbon (DIC) is modeled as a passive tracer and is carried in the 

model with the following conservation equation: 

where the source-sink term J represents that due to  air-sea exchange of C 0 2  and 

the virtual source-sink term J, represents the changes in DIC due to  evaporation, 

precipitation and runoff. Both source-sink terms are divided by the model surface 

layer thickness to  get equivalent fluxes. 

In order to  calculate the flux of C 0 2  across the air-sea interface we determine the 

C 0 2  gas content in surface waters where: 

A hypothetical species CO,*(,,) is used as C02(,,) and H2C0qaq) are difficult to 

determine analytically. 

The total dissolved inorganic carbon (DIC) concentration in a sample of sea water 

is given by: 

[DIC] = [CO,*] + [HCO,] + [cO:-] , (2.64) 

where less than 1% is in the form of C 0 2  gas. 

Throughout the ocean, the following reaction takes place: 

This reaction proceeds rapidly and chemical equilibrium is maintained. In the solu- 

bility model, C0:- and HCO, concentrations are fixed by the alkalinity and DIC 

content, although these concentrations would change due to biological and carbonate 



pumps if included. 

The gas exchange flux across the air to sea interface is given by 

Here a is the C02  solubility for water-vapor saturated air given through Henry's Law 

which depends on the model sea surface temperature (SST). The partial pressure of 

C02  in dry air at one atmosphere total pressure is given by pC02,,, and P is the 

total air pressure at sea level. 

The surface concentration CO;(,, depends upon four model prognostic vari- 

ables; SST denoted as T ,  sea surface salinity (SSS) denoted as S, the model surface 

alkalinity (Alk) and DIC concentrations such that: 

- f (T, S, Alk, DIC) CO&U~ f) - (2.68) 

Eq. 2.68 also requires the determination of several dissociation constants which 

depend on T and S for the equilibrium reactions (see Dickson and Goyet, 1994, for 

the analysis of COz parameters in sea water). 

The C 0 2  transfer velocity kw is given by 

which is modified from Wanninkhof (1992) and depends on yiCe, the fractional sea 

ice cover which varies between 0.0 to 1.0, and ua,, the wind speed. The constant 

0.337 is adjusted to give the correct global mean gas transfer velocity as deduced 

from the distribution of natural and bomb radiocarbon and an idealized wind speed 

distribution (Broecker et al., 1986). The Schmidt number, Sc, is computed using 

model SST and constants based on Wanninkhof (1992): 



Sensitivity of the inorganic ocean carbon cycle 

to future climate warming in a coupled climate 

model 

Introduction 

Since preindustrial times, the atmospheric concentration of C 0 2  has increased from 

about 280 ppmv to today's concentrations of about 370 ppmv. It is now well known 

that the oceans can act as an important sink for excess anthropogenic C 0 2  and that 

the amount of dissolved inorganic carbon (DIC) in the oceans is about 50 times 

greater than that of the atmosphere. Most of the net absorption of C 0 2  occurs in 

polar regions (Jones et al., 1990) and, in particular, the Southern Ocean (Sarmiento 

and Le QuBr6, 1996; Orr et al., 2001). In fact, Archer et al. (1997) have suggested 

that on the timescale of several hundred years, the oceans will sequester 70-80% of 

the C 0 2  released into the atmosphere through the solubility pump alone, with further 

reductions of less than 10% through millennia1 time scale reactions with CaC03. 

Although the oceans can potentially absorb most of the excess anthropogenic C 0 2  

over hundreds of years, transport of carbon between the surface and deep ocean is 

slow compared to  the rate of increase in the atmosphere. In addition, the interaction 

of climatic feedbacks with the carbon cycle are still a source of uncertainty. Although 

uptake of C 0 2  generally increases with increasing atmospheric C 0 2  concentrations, it 

is thought to  be reduced through a series of climate feedback mechanisms stemming 

from increased radiative forcing. These feedbacks include: increasing sea surface 

temperatures (SSTs), that induce modifications to  C 0 2  solubility; changes to  the hy- 

drological cycle that may lead to changes in stratification and deep water formation 

and changes in ocean circulation. As atmospheric C 0 2  increases and is dissolved 

into ocean surface waters, the ability for the ocean to take up more carbon is re- 

duced. When C 0 2  dissolves in sea water, carbonate is used to produce bicarbonate 

by the forward reaction in Eq.2.64. This reduces the total amount of carbonate that 

is available to  further react with dissolved C02 ,  pushing the partial pressure higher 

and reducing uptake. Possible reductions in sea ice extent in the high latitude regions 

resulting from increased radiative forcing may also effect ocean carbon uptake. In- 

creased air-sea interaction due to  loss of sea ice in these regions will potentially allow 



more C 0 2  to  be taken up and could help to  counteract reduced uptake of carbon by 

other mechanism including changes in SSTs and ocean circulation. 

Using a low-order physical-biogeochemical model, Joos et al. (1999) found that 

the most dominant feedback in the reduction of oceanic carbon uptake was sea sur- 

face warming, except in cases where North Atlantic Deep Water (NADW) formation 

ceased. The formation of deep water transports carbon to depth, allowing surface wa- 

ters to take up more atmospheric C02.  If NADW formation is reduced or ceases, this 

mechanisms of carbon transport is also reduced. Changes to the marine carbon cycle 

were also found to  have a small effect on atmospheric C 0 2  concentrations. A weak- 

ening of the THC was found to  be the dominant effect contributing to  the reduction 

in C 0 2  uptake in Sarmiento and Le Qu&& (1996), followed by changes in solubility 

associated with increases in SSTs. Comparing a control run - in which there was no 

increase in atmospheric C 0 2  - to global warming scenarios, they found a reduction in 

ocean carbon uptake of 38-49% could be attributed to SST and circulation feedbacks. 

Sarmiento et al. (1998) found that increased SSTs in low latitudes and surface fresh- 

ening at  high latitudes lead to increased stratification. This is particularly important 

in the Southern Ocean where increased stratification leads to  reduced uptake through 

a decrease in convective overturning and mixing along isopycnals. Carbon is taken 

up in the Southern Ocean where isopycnals outcrop at the surface. Increased strat- 

ification leads to  reduces carbon uptake as isopycnal surfaces will no longer outcrop 

at  the surface. Comparing simulations with and without global warming feedbacks - 

in which atmospheric C 0 2  increases in both - Plattner et al. (2001) found that global 

warming feedbacks reduce uptake by nearly 8%, between 41 and 48 Pg C depending 

on the stabilization scenario, when forcing is carried out to  year 2100. Other studies, 

including Friedlingstein et al. (2001); Cox et al. (2000), find a decrease in uptake of 

10-20% due to  global warming feedbacks. 

Through the addition of an inorganic ocean carbon cycle model into the UVic 

Earth System Climate Model (ESCM, Weaver et al., 2001) we systematically ex- 

amine the role of climate feedbacks on the ability of the ocean to  uptake excess 

anthropogenic C02.  In particular, we examine the effect of the representation of 

sub-grid-scale ocean mixing and sea ice processes, as well as the equilibrium uptake 

response with and without the effects of climate feedbacks acting on the system. 

While Matear and Hirst (1999) have examined the role of sub-grid-scale ocean mix- 

ing on carbon uptake using the CSIRO coupled model, and others have examined 

the uptake question in general, using a variety of other models under different sce- 

narios of future atmospheric C 0 2  emissions, our examination of sea ice processes 



and our systematic transient and equilibrium response sensitivity analysis represent 

a novel contribution to  the field. As noted in Farquhar et al. (2001) "current thinking 

maintains that the oceanic uptake of anthropogenic C 0 2  is primarily a physically and 

chemically controlled process superimposed on a biologically driven carbon cycle that 

is close to steady state". Although changes in biological activity have been shown to 

induce regional changes in uptake under global warming scenarios (Sarmiento and Le 

QuQ6, 1996; Sarmiento et al., 1998; Plattner et al., 2001), the role of biological feed- 

backs is still poorly understood. We thus focus exclusively on the carbon solubility 

pump in our analysis. 

The outline of the rest of this chapter is as follows: in the next section we provide 

a brief overview of the UVic ESCM. In section 3.3.1 we present results from our prein- 

dustrial equilibrium. This equilibrium is then used as the initial state for a number of 

transient anthropogenic greenhouse gas perturbation experiments. First atmospheric 

C 0 2  concentrations are increased from preindustrial to  present-day levels and then 

compare our present-day climatology with that obtained from other models. In or- 

der to  assess how much carbon the ocean can potentially take up after atmospheric 

C 0 2  forcing is stopped, four separate transient experiments are carried out wherein 

atmospheric C 0 2  is increased to  four separate projected concentrations and then the 

forcing is removed (section 3.3.2). The sensitivity of the carbon system to climate 

feedbacks is then addressed. Following the experiments in section 3.3.2, a comparison 

is made in which atmospheric C 0 2  concentration is similarly forced but the climate 

is held constant - the response of the ocean to  uptake carbon is then examined. In 

section 3.3.2 the dependence of our results on the representation of sea ice and ocean 

mixing processes is analyzes. The results are summarized in section 3.4. 

3.2 Model description and initialization 

All experiments were conducted with version 2.3 of the UVic ESCM detailed in 

Weaver et al. (2001) and outlined in Chapter 2. The model consists of a 3-D ocean 

GCM coupled to  a thermodynamic/dynamic sea ice model (Bitz et al., 2001) and a 

dynamic energy-moisture balance atmosphere model. The ocean component of the 

coupled model is a fully nonlinear 3-D ocean GCM (Pacanowski, 1995) with a global 

resolution of a 3.6" (zonal) by 1.8" (meridional) and 17 vertical levels. It includes 

a parameterization for brine rejection associated with sea ice growth (Duffy et al., 

2001; Weaver et al., 2001). A reduced complexity atmosphere model is used for 

computational efficiency. Atmospheric heat and moisture transport is parameterized 



through Fickian diffusion, with precipitation occurring when the relative humidity 

exceeds 85%. Precipitation instantaneously returns to  the ocean via one of 33 river 

basins unless it falls as snow, in which case it is locally retained until such time as it 

melts. The atmospheric model includes a parameterization of water vapor/planetary 

longwave feedbacks, although the radiative forcing associated with changes in atmo- 

spheric C 0 2  is externally imposed as a reduction of the planetary long wave radiative 

flux. In this application of the model, prescribed, seasonally-varying, NCEP Reanal- 

ysis winds are used with the dynamical feedback option (Weaver et al., 2001) turned 

off. 

The coupled model has been extensively and successfully evaluated against both 

contemporary climate observations (Weaver et al., 2001) as well as paleo proxy records 

(Weaver et al., 1998; Schmittner et al., 2002; Schmittner, 2003). One of the virtues of 

the coupled model is that we do not need to  employ explicit flux adjustments of heat 

and freshwater to keep the simulation of the present climate stable. It also allows us 

to conduct many long timescale integrations, in order to  investigate climate processes 

through a wide range of parameter space. 

The inorganic carbon component is based on OCMIP implementation (Orr et al., 

1999) and is described in detail elsewhere ( Ewen et al. (2004a), or Chapter 2). 

Changes in atmospheric COz are carried out through the parameterization for long- 

wave radiation. The radiative forcing in the atmosphere associated with changes in 

C 0 2  is externally imposed as a reduction of the planetary longwave radiative flux, 

and is adapted from Ramanathan et al. (1987): 

where Co = 350 ppmv, C( t )  is the atmospheric C 0 2  concentration as a function of 

time and AF2, = 5.77 W m-2, which gives a radiative forcing of 4 W mP2 for a 

doubling of C02 .  

3.3 Model results 

3.3.1 Preindustrial carbon fluxes 

To obtain the preindustrial equilibrium, the UVic model was initially spun up with 

a fixed level of atmospheric C 0 2  set at  280 ppmv. Once equilibrium was reached, 

the atmospheric C 0 2  concentration was allowed to freely evolve through local air-sea 

C 0 2  gas exchange. The model was then integrated for a further 2800 years by which 
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Figure 3.1: Equilibrium C02 flux (a) and heat flux (b) in 1850. The 
general patterns are the same; large negative heat fluxes correspond 
to high carbon uptake and vice versa. 

time the globally-integrated air-sea carbon flux was less than Pg C yr-l, and 

the atmospheric C02 concentration varied less than 10-I ppmv per 1000 yrs from its 

equilibrium value of 280, which indicates the equilibrium is stable. 

High preindustrial carbon uptake occurs predominantly in surface waters with 

high solubilities. In particular, the largest C02 fluxes (> 4 mol m-2 yr-l ) occur 

where there are large fluxes of heat out of the ocean or where convection occurs 

(Fig. 3.la). The strongest uptake is in the Antarctic Circumpolar Current and in the 

ice-free region of the North Atlantic where surface waters high in C02 are transported 

to the deep ocean. About 14 Sv of NADW formation occurs in the preindustrial 

equilibrium, which is ~4 SV less than in Weaver et al. (2001), due to our use of the 

Gent and McWilliams (1990) (hereafter GM) parameterization of mixing associated 

with mesoscale eddies. 

The association of C02 uptake with heat flux can be seen in Figure 3.1a7b. Large 

negative heat fluxes correspond to high C02 uptake by the ocean and large positive 

heat fluxes (into the ocean) correspond to C02 outgassing. The equatorial region 

however is an exception to this. Although there is a strong positive heat flux, strong 

Ekman transport moves equatorial waters before they have time to equilibrate with 

the atmosphere and C02 outgassing is somewhat weaker than otherwise (also see 

Fig3.2b). 

Sarmiento et al. (2000) discussed the results obtained from ocean models used 

by three groups involved in the OCMIP-1 project: Max-Planck Institut Fiir Mete- 

orologie (MPI) Maier-Reimer (1993); Institut Pierre Simon Laplace (IPSL) (Madec 

and Imbard, 1996; Aumont et al., 1998); Princeton University (Sarmiento et al., 

1995; Murnane and Le QuBrB, 1999). None of the models were coupled to an atmo- 



Table 3.1 : Preindustrial equilibrium experiments. Mixing parame- 
terization used are either Gent McWilliam (GM) or standard hori- 
zontal/vertical diffusion. Sea ice is either wind driven (ice dynamics) 
or thermodynamic only (thermo ice). Boundary conditions for each 
experiment are for a preindustrial climate and are run to equilibrium 
with an atmospheric C02  concentration of 280 ppmv and orbital pa- 
rameters for 1850. 

sphere and none incorporated the GM parameterization for mixing associated with 

boundary 
conditions 

C02 = 280 
orb = 1850 
COz = 280 
orb = 1850 
COz = 280 
orb = 1850 

experiment 

PI-evp-gm 

PInoevp-gm 

PInoevpnogm 

mesoscale eddies or a prognostic sea ice component. The OCMIP-1 models revealed 

sea ice and mixing 
parameterization 

ice dynamics 
GM 
thermo ice 
GM 
thermo ice 
horizontal/vertical 

similar global features, including a broad region of out-gassing in the equatorial Pa- 

cific, Atlantic and to  a lesser extent Indian Oceans. In the IPSL model, the Southern 

Ocean was dominated by high uptake around 60•‹S, whereas in the MPI model it 

occurred closer to  the coast of Antarctica, and in the Princeton model the uptake 

was widely distributed over the Southern Ocean. 

Air-sea preindustrial C 0 2  flux maps for three different model formulations of the 

UVic ESCM are shown in Figure 3.2. The model runs are referred to  as: PI-evp-gm 

(as in Fig 3. I ) ,  which includes sea ice dynamics and the GM mixing parameterization; 

PInoevp-gm, which includes thermodynamic only sea ice and the GM parameteri- 

zation for ocean mixing; PI-noevpnogm, which includes thermodynamic only sea ice 

and standard horizontal-vertical diffusion (see Table 3.1). All three flux maps (and 

difference between them) are shown as they are each used as equilibria from which 

we conduct our perturbation experiments throughout the remainder of the chapter. 

PInoevp-nogm can be compared to  other models which include similar param- 

eterization~ for sea ice and mixing. Our global pattern of out-gassing and uptake 

(Fig. 3.2e) is similar to that found in the OCMIP-1 models. The uptake in the At- 

lantic, however, extends further northward in the MPI, IPSL and Princeton models, 

which have more realistic representations of sea ice extent in this region, compared 

to that in Fig. 3.2e. There is some out-gassing north of this latitude in both the 

North Pacific and Atlantic due to  near shore upwelling. Out-gassing also occurs in 

other regions of near shore upwelling, predominantly off the western coast lines of the 
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Figure 3.2: a,c,e) Annual-mean air-sea preindustrial C02 flux (mol 
mP2 yr-l) for three different models, representing the effects of sea ice 
and mixing parameterizations. Blue regions indicate oceanic uptake of 
C02 and red indicates out-gassing to the atmosphere. Sea ice and snow 
(on land) extent is outlined in black. a) fluxes for the model which 
includes sea ice dynamics and GM (PI-evp-gm), c) includes thermody- 
namic sea ice and GM (PInoevp-grn) and e) includes thermodynamic 
sea ice and standard horizontal/vertical diffusion (PInoevpnogm). 
b) Annual-mean, zonally-averaged air-sea C02 flux (mol m-2 yr-') for 
PI-evp-gm (solid) and PInoevp-grn (dotted). d) Difference in air-sea 
flux of C02 due to the inclusion of sea ice dynamics and f )  difference 
in flux when GM is included. 



Americas and Africa. Since deep waters tend to  have high concentrations of carbon, 

upwelling along western boundaries leads to  an excess of dissolved carbon in surface 

waters. 

In our model, the overestimate of sea ice cover limits the northward extent of 

carbon uptake to  about 60•‹N. The total area covered by present day sea ice in the 

northern hemisphere in our model has been shown to be in good agreement with 

observations (Weaver et al., 2001). This indicates that the area of sea surface which 

is exposed to  the atmosphere should not limit C 0 2  uptake due to  over estimates in 

the northern hemisphere. In the North Atlantic however, because the extent of sea 

ice is too far equatorwards, this will lead to  a reduction in air-sea interaction and 

C 0 2  flux. Another factor which will further influence uptake in this region is the 

production of NADW which forms too far south due to  the southern extent of the 

sea ice edge. 

Figures 3.2 a and c show similar general uptake and outgassing patterns although 

there are several notable differences due to  the changes in sea ice and mixing pa- 

rameterization~. Using the same model version, Saenko et al. (2002) found that 

wind driven sea-ice dynamics affects CFC-11 uptake. Not surprisingly, this is also 

the case with C 0 2  (Fig. 3.2b and d). When sea ice dynamics is included in the 

model (Figs. 3.2a and b; solid line), more realistic formation of Antarctic Intermedi- 

ate and Bottom water occurs, compared to  the case which includes a thermodynamic 

representation of sea ice. As such there is greater C 0 2  uptake at  higher southern 

latitudes. There is also slightly less uptake north of about 45"N with the inclusion 

of sea ice dynamics, although the equatorial and subtropical regions show almost no 

change. When GM and standard horizontal-vertical diffusion are compared however 

(Figs. 3.2c, e and f ) ,  there are larger differences in C 0 2  flux due to  the mixing scheme 

(over sea ice parameterization shown in Fig 3.2d) in equatorial and subtropical re- 

gions, and very little change in carbon uptake due to differences in the sea ice edge. 

Figure 3.2f shows the largest differences in COz flux where either convection or down- 

welling occurs in the model, with the most notable differences in the Southern Ocean, 

south of 45"s. The inclusion of GM in our ocean model tends to  reduce convection 

and communication between the top and bottom of the ocean and has been shown to  

improve simulated distributions of CFC-11 and temperatures (Robitaille and Weaver, 

1995). It should be noted however that uptake of C 0 2  and CFCs differ in that C 0 2  

is chemically reactive in sea water and leads to  longer equilibration time with surface 

waters ( ~ 1  year for COz and days for CFCs). This may cause deep tracer inventories 

to  be considerably different and carbon inventories cannot be directly inferred from 
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Figure 3.3: a) Map of annual mean air-sea C 0 2  flux (mol mp2 yr-l) 
of anthropogenic C02 in 2000 taken as the difference between the 
global flux map at year 2000 and the 1850 map shown in Fig. 3.2a. b) 
Annual mean zonal air-sea C 0 2  flux (mol m-2 yr-l) both figures show 
results with the pi-evp-gm experiment (sea-ice dynamics included) 
and PI-evp-gm is used as the initial condition. 

CFC distributions (Sabine et al., 1999; McNeil et al., 2003). 

3.3.2 Anthropogenic carbon comparison 

Only recently have coupled ocean-atmosphere general circulation models account- 

ed for ocean carbon cycle feedbacks in simulations of the climate response associated 

with increasing anthropogenic GO2 (Cox et al., 2000; F'riedlingstein et al., 2001). Pre- 

viously, ocean carbon-cycle models have assumed that the ocean circulation remains 

unchanged (Houghton et al., 1996). However, climate feedbacks due to increasing 

atmospheric C02 levels significantly alter the response of the carbon system by re- 

ducing ocean carbon uptake further (Sarmiento and Le QuBr4, 1996; Joos et al., 

1999). Changes to ocean stratification also affect uptake and storage in the Southern 

Ocean (Sarmiento et al., 1998; Caldeira and Duffy, 2000). Orr et al. (2001) concluded 

that the OCMIP-1 models overestimated Southern Ocean storage when compared to 

recent observational estimates. This is at least partly a result of these models not in- 

cluding the more realistic GM parameterization for mixing associated with mesoscale 

eddies and hence their models were likely subject to excessive deep convection in the 

Southern Ocean. 



Present-day carbon fluxes 

In order to examine the uptake of carbon under anthropogenic forcing, we carry out 

a transient simulation from the preindustrial (year 1850) equilibrium to  the present 

(year 2000). To accomplish this task we increase the atmospheric concentration of 

C 0 2  following the exponential profile of Weaver et al. (2000): 

where CpI = 280ppmv, k = 7.944 x lo-', a = 3.0058 and t is the year. This expression 

was obtained from a two parameter exponential fit (k and a) of the observed 1850- 

1990 increase in atmospheric C 0 2  and other greenhouse gases used by Mitchell et al. 

(1995). Inherent in our approach is the assumption that prior to 1850, the ocean 

carbon cycle was in steady-state. We further assume, as a first approximation, that 

the subsequent anthropogenic perturbation to the natural carbon cycle, caused by 

fossil fuel emissions and land use changes, did not influence biological activity in the 

ocean, i.e., there was no biological transport of ant hropogenic carbon (Maier-Reimer 

and Hasselmann, 1987; Farquhar et al., 2001). Nevertheless, we should caveat our 

assumption with the fact that biology might still have an effect on the solubility 

pump through its influence on the vertical distribution of DIC, even if the biology 

itself did not change. 

The anthropogenic uptake of C 0 2  in 2000 (Fig. 3.3a) reveals a net positive flux 

into the ocean in all regions. The 2-D uptake field shows patterns similar to  those at 

1850 (Fig. 3.3b), with the largest fluxes still in the high latitude regions, especially 

the Southern Ocean (up to 3.2 mol mP2 yr-I), where deep mixing occurs. Data based 

estimates indicate that the Southern Ocean fluxes found in previous modelling stud- 

ies may be overestimated (Orr et al., 2001). In our experiment we use PI-evp-gm as 

an equilibrium, which includes sea ice dynamics and the more realistic GM represen- 

tation of ocean mixing. We once more find that there is slightly less anthropogenic 

uptake in the high latitude regions than found in these earlier modelling studies. In 

the experiment PI-noevp-gm, with a thermodynamic-only representation of sea ice, 

the total carbon inventory was 178 Pg C more than PI-evp-gm, which includes sea 

ice dynamics, due exclusively to an increase in air-sea C 0 2  flux. After we force each 

model to  present day with Eqn.3.2, the experiment with thermodynamic-only sea 

ice increases from its initial state by 107 Pg C, whereas that with sea ice dynamics 

increases by only 96 Pg C after 150 years of COz forcing. This demonstrates the 

relatively large effect that model parameterizations have on ocean storage of anthro- 



pogenic C02 .  

The zonally averaged flux map in Fig. 3.3b shows minima around the equatorial 

and subtropical gyre regions. Equatorial upwelling brings waters that are normally 

high in DIC from depth to the surface. Nevertheless, these same waters are low in 

anthropogenic carbon as the 20th century uptake hasn't had enough time to  penetrate 

to depth. Since these waters have little anthropogenic C 0 2  in them, the partial 

pressure in the atmosphere is still higher than that of the underlying water and there 

is a net reduction in C 0 2  outgassing in this region. 

Ekman transport moves equatorial waters towards the subtropics where they are 

exposed to  the atmosphere before sinking in the subtropical gyres. Here there is little 

uptake of anthropogenic carbon due to  equilibration with the atmosphere during 

transport. The high uptake on either side of the equator is associated with the 

equatorial winds which increase uptake through an increased C 0 2  transfer velocity 

as given by Equation 2.66. 

Although there is an initial net uptake of C 0 2  across the atmosphere-ocean in- 

terface under anthropogenic forcing, the ocean can not take up all of the excess C 0 2  

over the relatively short time scale associated with the perturbation. It is well known 

from both box model and general circulation model studies that the time period 

over which the anthropogenic perturbation is carried out largely determines the C 0 2  

storage capacity of the ocean (Maier-Reimer and Hasselmann, 1987). The buffering 

capacity of surface waters decreases with increasing atmospheric C 0 2  concentration 

as carbonate is reduced in surface waters (through a forward reaction of Eq. 2.64), 

which in turn increases the partial pressure of C 0 2  (pC02) in the surface waters and 

reduces uptake. Deep water formation also plays a key role as surface waters that 

are saturated in C 0 2  require transport to the deep ocean before further atmospheric 

C 0 2  can be drawn down. As deeper waters ventilate over long time scales, there is 

an excess of C 0 2  that accumulates in the atmosphere. 

We also note that our model air-sea fluxes are difficult to  compare with obser- 

vationally based estimates, for e.g. Takahashi et al. (1997)' as biological processes 

are an inherent part of the measurement of surface ocean pC02 since phytoplankton 

take up C 0 2  during photosynthesis. Although this is the case, our estimates still 

show good general agreement with these estimates, with high uptake in the high lat- 

itudes and outgassing in the equatorial regions. A better comparison can be made 

between our model present day DIC inventories and observational based estimates of 

anthropogenic carbon storage which remove affects of biological activity (inherent is 

the assumption that biological activity does not change under increased atmospheric 
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experiment 
pd-evp-gm 
pdnoevp-gm 

Table 3.2: Present day perturbation experiments. Atmospheric C 0 2  
concentration is forced in each experiment to 367 ppmv according to 
Eqn.3.2. The initial condition is also shown and mixing and sea ice 
parameterizations for these experiments are shown in Table 3.1. 

C 0 2  concentrations), and is discussed in the next section. 

initial condition 
PI-evp-gm 
PI-noevp-gm 

Anthropogenic DIC 

forcing 
280-367 
280-367 

We have seen that the largest magnitude fluxes of anthropogenic C 0 2  occur in the 

high latitude regions. The increase in the ocean carbon inventory since the prein- 

dustrial era is predominantly driven by the air-sea gas exchange due to the increased 

partial pressure in the atmosphere (Wallace, 2001). In regions where air-sea gas 

exchange is efficient and where deep, poorly ventilated ocean waters low in anthro- 

pogenic C 0 2  and DIC come in contact with the surface, high uptake will occur. 

Modelling the uptake of anthropogenic C 0 2  is a critical step in understanding future 

uptake under potentially altered circulation and understanding where this carbon is 

stored is equally important. Our understanding of where anthropogenic carbon is 

stored has improved due to a technique developed by Gruber et al. (1996), which al- 

lows the oceanic component of anthropogenic C 0 2  to  be estimated from observations. 

Although high uptake occurs in the Southern Ocean, Caldeira and Duffy (2000) have 

shown, in a modelling study, that the storage of anthropogenic carbon is low due 

to the transport of carbon along isopycnals into the Subtropical Convergence in a 

modelling study. This result confirmed the finding of observationally based estimates 

carried out by Gruber et al. (1996) and Sabine et al. (1999), using the technique 

of Gruber et al. (1996) for the Indian Ocean, that found little storage of carbon in 

the Southern Ocean and the highest column inventories of anthropogenic C 0 2  in the 

Subtropical Convergence. Comparisons between model and observationally based es- 

timates have found that three-dimensional GCM estimates are more consistent with 

these observationally based estimates than two-dimensional zonally averaged mod- 

els (Stocker et al., 1994; Sarmiento et al., 1995; Wallace, 2001; Gruber et al., 1996; 

Gruber, 1998; Sabine et al., 1999). 

Figure 3.4 shows the anthropogenic carbon in both north and south Atlantic 

sections at  24"W for three versions of the model and are used to  make a qualitative 



comparison with observational based estimates of Gruber et al. (1996). The model 

versions differ in their parameterizations for both sea ice and sub-grid-scale tracer 

mixing. Each experiment is outlined in Table 3.2. Results shown in the top panel 

(Figs. 3.4a,b) include dynamic sea ice and GM mixing, the middle panel (c,d) ignore 

dynamics (thermodynamic-only) sea ice and GM mixing and the bottom panel (e,f) 

include thermodynamic-only sea ice and standard horizontal/vertical mixing. In the 

Southern Ocean movement of wind driven sea ice away from the Antarctic continent 

provides increased uptake and the carbon inventory in Fig. 3.4a is higher south of 

60"s than in the other models. Carbon uptake however, is found to  occur slightly 

south of the maximum column inventories in this region since uptake occurs where 

isopycnal surfaces outcrop and is then transported northwards (Gruber et al., 1996; 

Sabine et al., 1999). This is consistent with results of Caldeira and Duffy (2000) 

using a similar ocean model. Fig. 3.4e shows the model which includes standard 

horizontal/vertical mixing, where tracer mixing does not occur along isopycnals, and 

there is no horizontal gradient of DIC south of about 50"s where DIC concentrations 

are uniform through the column to 1000 m depth. 

A comparison of observationally based estimates (Gruber et al., 1996) gives the 

best agreement the our model verstion (pd-evp-gm) which includes sea ice dynamics 

and GM mixing (Fig. 3.4a). Several discrepancies exist between our model and 

the observationally based analysis of Gruber et al. (1996) however. Tracer surfaces 

outcrop less steeply in the Southern Ocean compared to  the estimates and do not 

penetrate as deeply between 35"-50"s. In the equatorial region tracer penetration is 

also too shallow, which may indicate that upwelling is too strong in the model. The 

high surface DIC concentrations between 10"-30"s however are in good agreement 

with the observationally based estimates of ~ 4 5 p m o l  kg-'. 

In the northern Atlantic the main differences between the model versions occur 

north of 45"N where unrealistic penetration to  1000 m of the tracer occurs in the 

model versions where thermodynamic-only sea ice and standard horizontal/vertical 

mixing are used (Figs. 3.4d,f). Again Fig. 3.4b, which includes both sea ice dynamics 

and GM mixing, agrees the best with observationally based estimates in this region 

(Gruber et al., 1996). The most notable disagreements are in the north Atlantic 

where the concentration of the tracer is slightly too low at  1000 m depth and -15"N 

where upwelling in our model is probably too strong causing tracer concentrations to  

be slightly lower than the observationally based estimates. 

Although most models show good agreement of globally averaged anthropogenic 

C 0 2  fluxes (Sarmiento et al., 2000; Orr et al., 2001), there are large regional difference 



in uptake and storage between models. The largest differences between global carbon 

uptake in three-dimensional GCMs exist due to  differences in mixing parameteriza- 

tions and sea ice. Whether models include sea ice components, and how these are 

represented, can lead to large differences in carbon uptake in high latitudes (Wallace, 

2001). Since these regions play a pivotal role in the uptake of anthropogenic COz, it 

is important that new observationally based estimates are made in order to improve 

our modelling efforts and our understanding of how uptake and storage of carbon in 

the ocean may change under increased atmospheric C 0 2  concentrations. 

Future carbon uptake 

To determine how much anthropogenic C 0 2  can be potentially sequestered through 

dissolution into ocean waters, we force the atmospheric C 0 2  concentration in the 

model according to  Eq. 3.2 and stop the forcing at  367, 539, 712 and 1008 ppmv, 

corresponding to  years 2000, 2050, 2075 and 2100, respectively. Through changes in 

the buffering capacity (discussed earlier in this chapter), it is thought that the oceans 

can potentially take up 85% of the atmospheric C 0 2  increase from a preindustrial 

concentration of 280 ppmv (Houghton et al., 1996). However climate feedbacks such 

as reduced sea ice extent, circulation changes which include NADW production, and 

increased SSTs, which reduces C 0 2  solubility in surface water, are not accounted 

for in this projected estimate of carbon uptake. In order to better understand the 

effects of climate feedbacks on carbon uptake (and subsequently what percentage of 

the atmospheric C 0 2  increase the oceans can potentially take up), the following suite 

of experiments is carried out. 

Each experiment is outlined in Table 3.3. The initial condition for these exper- 

iments is PI-noevp-gm which does not include sea ice dynamics. Due to the large 

number of experiments which have been carried out, we have not included sea ice 

dyanamics as it is computationally more expensive when included. As we will show 

later, the difference in ocean carbon uptake with the inclusion of dynamic sea ice, 

is shown to  be at  most 2%, although we find there are large regional differences in 

uptake associated with the inclusion of wind driven sea ice. Throughout the remain- 

der of this chapter, the term 'anthropogenic' carbon will refer to the increase in ei- 

ther atmosphere or ocean carbon inventories due to  an increase in atmospheric C 0 2  

concentration above 280 ppmv (representing a preindustrial concentration). Upon 

turning off the forcing, the atmospheric C 0 2  concentration is allowed to  freely evolve 

through the air-sea exchange of C02 ,  and the model is integrated to  equilibrium. Our 

approach examines a hypothetical and highly idealized policy option that allows a 



Figure 3.4: Zonally averaged anthropogenic DIC in the Atlantic in 
both hemispheres. (a,b) show maps for model runs which include 
dynamic sea ice and GM mixing. (c,d) include thermodynamic sea ice 
and GM mixing. (e,f) include thermodynamic sea ice and standard 
horizontal/vertical mixing. These maps show high storage of carbon 
in the subtropical regions, where high uptake in the high latitudes is 
transported along isopycnals. 



experiment 

pert .367 
pert .539 
pert.712 
pert. 1008 
pert.367.fix 

pert.539.fix 

pert.712.fix 

pert .1008.fix 

pert.539.fix.100 

1 200 yrs const at 539 1 

initial condition 

PInoevp-gm 
PInoevp-gm 
PInoevpgm 
PInoevp-gm 
PInoevp-gm 

pert.539.fix.200 

Table 3.3: Anthropogenic perturbation experiments. PI-noevp-gm, 
which includes thermodynamic sea ice and GM mixing, is used as an 
initial equilibrium experiment for each. This initial condition is used 
as it is computationally less expensive and many experiments were 
carried out. The forcing is also shown which follows Eqn. 3.2 and 
then is either removed and allowed to equilibriate or held constant for 
a certain number of years before being removed (as indicated in the 
.fix experiments) . 

forcing (ppmv) 

280-367 
280-539 
280-712 
280-1008 
280-367 
50 vrs const at 367 

PInoevp-gm 

PInoevp-gm 

PInoevp-gm 

PInoevp-gm 

continuation along the 'business-as-usual' emission path until some time in the future 

280-539 
50 yrs const at 539 
280-712 
50 yrs const at 712 
280-1008 
50 yrs const at 1008 
280-539 
100 vrs const at 539 

PInoevp-gm 

when all anthropogenic emissions are suddenly turned off. In particular, it allows us 

to  perform various perturbation experiments in order to determine the stability of 

the climate system in response to  an increase in anthropogenic C02.  For example, it 

150 yrs const at 539 
280-539 

might be possible to  surpass the point of no return, whereby climatic feedbacks act- 

ing on the ocean carbon cycle inhibit further uptake of C 0 2  into the ocean, and the 

atmosphere responds with a positive feedback whereby atmospheric C 0 2  continues 

to  increase even after the forcing is removed. 

The results from our experiments (Fig. 3.5a) show that in all cases the ocean 

takes up 65-75% of the excess C 0 2  over the equilibration time scale of about 1400 

years (also see Table 3.4) . Table 3.5 lists the total atmosphere and ocean carbon 

inventories for each experiment outlined in Table 3.3. These are calculated when the 

forcing is removed (columns 2,3) and once the system comes to  equilibrium (columns 



Figure 3.5: a) Atmospheric C02 (ppmv); b) total cumulative ocean 
carbon (Pg C); c) annual carbon uptake by the ocean (Pg C yr-l); d) 
maximum North Atlantic overturning st rearnfunct ion (Sv) ; e) global- 
mean SSTs ("C ). The model is forced with atmospheric C02 con- 
centration according to Eq. 3.2 and released at 367 ppmv (blue - 
pert.367), 539 ppmv (purple - pert.539), 712 ppmv (red - pert.712) 
and 1008 ppmv (black - pert,1008), corresponding to years 2000, 2050, 
2075 and 2100, respectively. Table 3.3 shows all perturbation experi- 
ment s. 
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Figure 3.6: Total cumulative atmospheric carbon against ocean carbon 
(Pg C). The green horizontal line indicates an example line of con- 
stant total carbon. Arrows indicate the direction the system is being 
forced over time and when forcing is removed (no forcing). Each ex- 
periment shows atmospheric carbon increasing at a much quicker rate 
than oceanic carbon, while the atmospheric C02 is being prescribed 
over time. After the atmospheric forcing is removed, each experi- 
ment maintains a level of constant total carbon (parallel lines) and 
the ocean continues to take up atmospheric carbon until equilibrium 
is reached. Smaller spaces between data points represent the sys- 
tems is near equilibrium. Experiments correspond to those in Fig. 3.5 
and represent pert .367 (blue), pert .539 (purple), pert .7l2 (red) and 
pert .lo08 (black) experiments. 



4,5). The total increase in atmosphere and ocean carbon, which can be thought of 

as total emissions, is also listed in column 6. One can also see that the total carbon 

in the atmosphere-ocean system when the forcing is turned off is equivalent to  the 

amount of carbon once a new equilibrium is established (i.e. (column 2 + column 

3) = (column 4 + column 5)). While the atmospheric C 0 2  is forced, the ocean is 

taking up a significant amount of the carbon that is released over this time, as shown 

in Figure 3.5b. After the forcing is removed however, the atmosphere-ocean system 

has a fixed amount of carbon in it and the ocean continues to take up a significant 

percentage of the atmospheric amount over the equilibration time scale (Table 3.4). 

In no case does a positive feedback occur in which there is no further uptake. In 

addition, the control run, whereby the atmospheric concentration of C 0 2  is allowed 

to freely evolve from year 1850 onward and no anthropogenic perturbation is added 

(Fig. 3.5a - green curve), shows no variation in oceanic uptake. This shows that there 

is no drift inherent in the carbon system and that the total carbon is conserved. 

Fig. 3.6 shows the cumulative ocean carbon against cumulative atmospheric car- 

bon (PgC). The direction of atmospheric C 0 2  forcing is indicated by the arrows. As 

the atmospheric C 0 2  increases, cumulative atmospheric carbon increases and cumu- 

lative ocean carbon also increases, although the uptake by the ocean is much slower 

to respond during this initial increase. Once the atmospheric forcing is stopped, the 

ocean continues to take up carbon from the atmosphere. The green line indicates 

constant total carbon and it is clear that once the atmospheric forcing is turned off, 

the total carbon remains constant in each experiment. The spaces between data 

points also indicate the rate at  which the carbon is being taken up where closer data 

points indicate the system is near equilibrium. This rate will be discussed in more 

detail later. Total emissions can also be inferred from this figure. Since our model 

does not include a terrestrial biosphere, there is no sink on land for anthropogenic 

carbon and the carbon either goes into the atmosphere or ocean. Anywhere along 

the curves, one can add the total carbon in both the ocean and atmosphere (minus 

the initial preindustrial amount) to  determine the total emissions (calculated in Ta- 

ble 3.5). Once the atmospheric forcing is removed, this is equilivalent to  stopping 

the emissions, and while the total amount of carbon in the system remains constant, 

carbon continues to  be removed from the atmosphere and taken up by the ocean. 

Corresponding to  results from numerous studies using coupled models of varying 

'The percent uptake by the ocean can be calculated from Table 3.5 using the total decrease in 
atmospheric COa after forcing is removed (column 2 - column 4) divided by the total atmospheric 
perturbation (column 2). 



Experiment 

pert .367 

Table 3.4: Equilibrium uptake of anthropogenic C02  by the ocean 
(%) for four experiments where the atmospheric C02  concentration is 
allowed to freely evolve after it reaches 367, 539, 712 and 1008 ppmv. 
Also included is the equilibrium uptake (%) for the four experiments 
where the atmospheric C02  concentration is held fixed for 50 years at 
its elevated levels before being allowed to freely evolve. The difference 
between column 2 and column 3 is shown in column 4. 

pert.539 
pert.712 
pert. 1008 

complexity (e.g. Manabe and Stouffer, 1994; Sarmiento and Le QuQ6, 1996; Stocker 

and Schmittner, 1997), our experiments show a slight reduction in the strength of 

NADW formation during the transient phase of atmospheric C 0 2  increase (Fig. 3.5d). 

70 
69 
65 

The largest decrease occurs in the pert. 1008 experiment where the overturning strength 

at  2100 is reduced by about 3 Sv. Once the forcing is removed, the overturning 

reestablishes itself and in all cases arrives at  an equilibrium value slightly (< 1 Sv) 

above the initial preindustrial level of 14.2 Sv. In all cases some formation of NADW 

occurs. Of course, whether or not the THC collapses is highly dependent on both the 

rate of C 0 2  increase (Stocker and Schmittner, l997), as well as the parameterization 

of sub-grid-scale mixing (Manabe and Stouffer , 1999; Schmittner and Weaver, 2001). 

Different anthropogenic C 0 2  uptake patterns would likely have arisen if a collapse of 

the THC were to  have occurred. 

In addition to changes in the strength of the THC, increased SSTs lead to  a re- 

duced solubility in the ocean surface waters. Sarmiento and Le Qu&6 (1996) found a 

warming of 2.4"C in SST for a 2x  C 0 2  climate ( 600 ppmv), representing a slightly 

difference 
(%) 
8 

uptake (%) 

72 

higher climate sensitivity of their model compared to ours. In our case, the maximum 

global mean SST increase is about 1.5"C, 2.1•‹C and 3.5"C for the pert.539, pert.712 

and pert.1008 experiments, respectively (Fig. 3.5e). Nevertheless, it is difficult to  

compare our results directly with other studies as typically these other studies main- 

uptake (%) 
(50 yrs fixed) 

64 

tained a constant level of atmospheric C 0 2  in their models after the initial transient 

increase, and few integrated the coupled system to  equilibrium under a variety of 

scenarios. 

Four additional runs were carried where atmospheric forcing is held constant at  the 

maximum level for an additional 50 yrs before releasing it (shown in Fig. 3.7a). The 



experiments correspond to  pert.367.fix, pert.539.fix7 pert.712.h and pert.1008.fix 

and are shown in Table 3.3. Unlike the first suite of experiments (pert.367, pert.539, 

pert.712 and pert.1008) these experiments are slightly more realistic as emissions 

aren't stopped entirely after the forcing reaches its maximum atmsopheric C 0 2  con- 

centration. These experiments, together with the following suite of experiments, will 

enable us to  carry out additional analyses to determine if the carbon uptake by the 

oceans is determined by the total increase in carbon inventory in the system. 

In each experiment, the ocean is taking up a significant amount of carbon, while 

the maximum atmospheric C 0 2  is held constant for 50 years. Although the atmo- 

spheric C 0 2  concentration remains fixed, the increase in total emissions can be found 

by calculating the increase in the ocean carbon storage from the inital equilibrium 

carbon inventory (shown in Table 3.5, column 2). In this suite of experiments, the 

ocean has more time to equilibrate with the elevated atmospheric levels while the 

atmospheric C 0 2  concentration is held fixed. In all cases, the additional amount of 

carbon in the ocean under elevated atmospheric COz, reduced the potential for total 

COz uptake by 6-8%. Total atmospheric and ocean carbon amounts (and implied 

emissions) for all perturbation experiments are shown in Table 3.5, and the percent 

reduction can be calculated using these values. In the next suite of experiments, we 

examine the change in carbon uptake when atmospheric C 0 2  concentration is held 

fixed for 50, 100, 150 and 200 years. This sensitivity analysis is performed for the 

539 ppmv stabilization scenario (Fig. 3.7b). 

As the atmospheric C 0 2  concentrations is fixed at 539 ppmv for 50, 100, 150 and 

200 years, the total amount of carbon in the system is increasing as the ocean is 

able to take up an additional amount of the total carbon which the climate system is 

forced with. This can be thought of in terms of emissions. As discussed previously, 

our model does not include a terrestrial biosphere so additional carbon added to the 

system goes into either the ocean or atmosphere. Fig. 3.8 shows total atmospheric 

and oceanic carbon for experiments corresponding to Fig. 3.7b after the forcing is 

removed. Once the atmospheric forcing is removed, the total atmospheric carbon is 

the same for each experiment (1160 PgC) while the total oceanic carbon is different 

for each. The increase in oceanic carbon is the additional amount taken up by the 

ocean while atmospheric C 0 2  was held fixed over different periods at  539 ppmv. Once 

the forcing is removed, ocean carbon continues to  increase while atmospheric carbon 

decreases (and the total carbon remains constant) until an equilibrium is reached. 

Table 3.5 shows the total uptake by the ocean (Pg C) over the stabilization period 

for each of these experiments. Although the ocean is taking up additional carbon 



pert.360 
pert.539 
pert.712 
pert. 1008 
pert.360.fix 
pert.539.fix 
pert.712.fix 
pert.1008.fix 
pert .539.fix. 100 
pert .539.&.200 

Experiment 

Table 3.5: Uptake of anthropogenic C 0 2  by the atmosphere and ocean 
for perturbation experiments shown in Table 3.3. All carbon (C) 
amounts are in PgC. Column 2 and 3 show the increase in atmo- 
sphere and ocean carbon, from the inital condition, after the forcing 
is removed. The equilibrium concentrations for both atmosphere and 
ocean have been subtracted out to show the total 'pertubation' or 
anthropogenic carbon. Column 4 and 5 show the atmosphere and 
ocean carbon amounts at the end of the experiment, when a quasi- 
equilibrium has been reached. These amounts also have the equilib- 
rium atmosphere and ocean carbon subtracted. After the forcing is 
removed, the total atmosphere and ocean carbon is conserved and 
does not change. The total increase in carbon can be thought of as 
an increase due to emissions. 

atm C 
forcing off 

ocn C 
forcing off 

atm C 
final 

ocn C 
final 

total C 
increase 



Figure 3.7: Atmospheric C 0 2  (ppmv) as a function of time. a) As in 
Fig. 3.5a but with the atmospheric forcing fixed at the maximum level 
for an additional 50 yrs before releasing it. The curves correspond 
to: pert .1008.fix (black), pert.712.fix (red), pert .539.fix (purple) and 
pert.367.fix (blue). b) The fixed atmospheric C 0 2  level of 539 ppmv 
is held for 0 (pert.539 - dotted blue), 50 (pert.539.fix - solid blue), 
100 (pert.539.fix.100 - purple), 150 (pert.539.fix.150 - red) and 200 
(pert .539.fix.2OO - black) years. 

under the forcing, the uptake of carbon over each 50 year period decreases over 

time and there is an increase in the total ocean carbon inventory at the end of the 

forcing. As the concentration of atmospheric C02 remains at 539 ppmv over this 

time, there are only small changes in SST and overturning circulation. Once the 

forcing is removed there is a decrease in uptake ~ 5 %  (calculated from Table 3.5) 

due primarily to the increase in the ocean carbon inventory. In total, there is a 

20% reduction in uptake under the 200 year stabilization scenario compared to the 

instantaneous emission reduction scenario. Since the forcing for each experiment is 

removed at a fixed concentration of 539 ppmv, there is little change in uptake due 

to  climate feedbacks (through changes in SST and overturning circulation) and the 

changes in uptake are primarily due to a reduction in the buffering capacity. After 

the forcing is removed, the experiments with a higher total carbon inventory will 

take up less carbon, due to a reduction in surface carbonate concentration which in 

turn increases the pC02, and thus more is left in the atmosphere. It is only at this 

point that climatic feedbacks affect ocean carbon uptake, although as the difference 

in atmospheric C02 between these experiments is ~ 5 0  ppmv, the effects of climate 

change are minor compared to the effects on uptake due to an increase in the buffering 

capacity. 

Figure 3.9b shows the linear relationship between total carbon in the system after 
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Figure 3.8: Total atmospheric and oceanic carbon for experiments 
corresponding to Fig. 3.7b after the constant forcing is removed. The 
experiments correspond to the following curves: pert.539 - green 
(no fixed forcing), pert.539.fix - blue, pert.539.fix.100 - pink and 
pert.539.fix.200 - black. Once the total atmospheric forcing is re- 
moved, the total atmospheric carbon is the same for each experiment 
while the total oceanic carbon is different for each. The increase 
in oceanic carbon is the additional amount taken up by the ocean 
while atmospheric C02 was held fixed over different periods at 539 
ppmv. The additional oceanic uptake for each experiment can thus 
be thought of as emissions. Oceanic carbon continues to increase 
while atmospheric carbon decreases, while the total carbon remains 
constant, until an equilibrium is reached. The rate of change in car- 
bon can be implied by the spacing of the data points, where closer 
points indicate the system is closer to equilibrium. 
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Figure 3.9: a) Atmosphere and ocean carbon (Pg C) shown from 
1850 to 3450 for experiments pert.360 and pert.1008, corresponding 
to Fig. 3.5a, as well as additional experiments for 2570, 3233, 4131 and 
5363 ppmv (starting from the same equilibrium experiment). This is 
similar to Fig. 3.6 however we extend this to add additional data from 
runs with increased atmospheric C 0 2  forcing. b) shows the total car- 
bon in the ocean and atmosphere after the forcing is removed versus 
the total final carbon in the ocean after a quasi- equilibrium is reached 
for all perturbation experiments in Table 3.3. It is clear that the to- 
tal final amount of carbon the ocean takes up is dependent on the 
total input of carbon into the system introduced by the perturbation 
(equivalent to the amount of emissions). Also note that the amount of 
carbon after forcing is removed is conserved and is equilivalent to the 
total carbon in the atmosphere and ocean once a quasi-equilibrium is 
reached. 
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Figure 3.10: a) The rate of decrease in atmospheric carbon (log) 
over time for pert -539 (blue), pert -539.fix (pink), pert .539.fix.lOO 
(black) and pert.539.fix.200 (green) experiments. This plot shows 
the linear relationship between the rate of decrease in atmospheric 
COz (log) over time. From this relationship, we can also plot 
the slope (P) and intercept (k) for each experiment with the fi- 
nal amount of total carbon in the system. b) Total carbon (atmo- 
sphere and ocean) after the forcing is removed versus the intercept 
(k) . Triangles (upright) are used for pert .loo€$, pert .7l2, pert -539 
and pert.367 experiments, triangles (sideways) for pert.lOOB.fix, 
pert .7l2.fix, pert .539.fix and pert .367.fix experiments and stars for 
pert.539.fix.100, pert.539.fix.200 and pert.539.fix.500 experiments. 
There is a relationship between k within the separate suites of ex- 
periment s, although no overall relationship for all experiments. c) 
shows the relationship between total carbon (atmosphere and ocean) 
after forcing is removed and the slope P from a), Eqn.3.3. There is 
clearly a linear relationship between P and the total amount of carbon. 



forcing is stopped and total carbon in the ocean, for all experiments listed in Table 3.3. 

It is clear that the total final carbon depends on the total amount of carbon added 

to the system. This relationship, although simple, shows us that the total increase 

in carbon in the atmosphere-ocean system for the experiments in which atmospheric 

C o n  concentration was held fixed over time, are still dependent on the total carbon 

that is put into the ocean. Although atmospheric C 0 2  levels were held fixed over 

varying lengths of time, the total final carbon depends on the total increase in the 

ocean over this time as well. F'rom this relationship, we can thus determine what 

the final ocean carbon concentration will be given the total carbon increase in the 

system. 

Figure 3.9a shows the total increase in atmospheric carbon versus the total in- 

crease in ocean carbon. Evident is the change in the rate of uptake by the ocean (or 

rate of decrease in atmospheric C 0 2 )  as the spacing between the data points changes 

over time (with smaller spaces indicating the system is closer to  equilibrium). In or- 

der to determine whether there is a relationship between the total increase in carbon 

and the rate of decrease in atmospheric carbon (or uptake by the oceans), Fig. 3.10a 

shows the log-linear relationship between the rate of atmospheric carbon decrease 

over time. This relationship has been plotted and determined for each experiment, 

although is shown only for the pert.539 suite of experiments. This relationship can 

be written as; 

where Cat, is the concentration of atmospheric COz. In order to  determine a further 

relationship, P and k have been determined for each experiment and plotted with 

total carbon (atmosphere and ocean) in Fig. 3.10b,c. P and k have also been plotted 

with total ocean carbon, however total carbon (atmosphere and ocean) yields a better 

linear relationship in the case of P. Although the relationship between k and total 

carbon is not apparent, there is a relationship between the suites of experiments, 

denoted with either triangles or stars. P however shows a clear linear relationship 

between total carbon in the system. F'rom this relationship one can determine the 

rate of decrease in atmospheric carbon through the ,Ll parameter for any given total 

carbon added to  the system. 



Sensitivity to climate feedbacks 

In this subsection, the effects of climate change on carbon uptake are examined. In 

particular, we are interested in determining whether there is any difference in the 

final atmospheric C 0 2  concentration (equivalent to the total ocean carbon uptake) 

when the effects of climate change are included. All experiments in this section have 

been carried out with the inclusion of sea ice dynamics and the GM parameterization 

for mixing, using PI-evp-gm as an initial condition. The same set of experiments 

have also been run with thermodynamic sea ice (using PIaoevp-gm as the initial 

condition), and standard horizontal/vertical diffusion however the total reduction 

in atmospheric C 0 2  concentration when climate feedbacks are considered are not 

significantly different from the results with sea ice dynamics and GM, so are not 

included. We note however that there are large regional differences in C 0 2  uptake 

in the high latitude regions and with the inclusion of GM in our model and there 

is less overall uptake in the Southern Ocean, where GCMs generally overestimate 

C 0 2  fluxes (Sarmiento et al., 2000). We also note, that Matear and Hirst (1999) 

found that the inclusion of GM reduced the positive feedback between climate change 

and carbon uptake such that the overall reduction in the total carbon inventory 

with the inclusion of GM was N 80 Pg C. Since our aim is to  determine whether 

climate feedbacks significantly affect the overall carbon uptake (and not total carbon 

inventory) we include only the experiments with GM and sea ice dynamics and leave 

the examination of the differences in ocean carbon inventory between the model 

versions, for future study. We further analyze the Atlantic DIC concentrations under 

climate change. We have shown that the inclusion of both sea ice dynamics and GM 

mixing lead to  improved distribution in the north and southern Atlantic ocean, as 

compared to estimates of Gruber et al. (1996), so include this analysis here. In the 

following subsection, differences in carbon uptake due to  the representation of sea ice 

are examined for select perturbation experiments in Table 3.5. 

Two sets of experiments are run and follow those carried out in Section 3.3.2 

for 539 and 1008 ppmv and are listed in Table 3.6. The first set is identical in 

all respects except for the inclusion of sea ice dynamics (using PI-evp-gm as the 

initial condition) and are referred to as pert.539 and pert.1008. In the second set 

of experiments, atmospheric C 0 2  concentrations are similarly forced however, the 

effects of climate change are removed. Since the radiative forcing, associated with 

changes in atmospheric C02 ,  is parameterized in the planetary long wave radiation 

flux in the UVic EMBM, we are able to  easily remove the effects of climate feedbacks 



Table 3.6: Experiments carried out to asses the impacts of climate 
change on carbon uptake. All experiments use PI-evp-gm as an initial 
condition. Atmospheric forcing is either from 280-539 ppmv or from 
280-1008 ppmv. The extension .olw denotes experiments which do 
not account for climate change and have C02  radiative forcing fixed 
at a preindustrial atmospheric C02  concentration of 280 ppmv. The 
pert.539 and pert .I008 allow C 0 2  radiative forcing to vary according 
to the atmospheric forcing listed in column 3. 

experiment 

pert .539 
pert.539.01~ 
pert. 1008 
pert.1008.01~ 

on carbon uptake by holding this value fixed at  a preindustrial level of 280 ppmv. 

These experiments are referred to  as pert.539.01~ and pert.1008-olw. C 0 2  in the 

atmosphere however is still allowed to evolve freely after the forcing is removed at  

years 2050 (pert.539.01~) and 2100 (pert.1008-olw) and continues to govern the air- 

sea interaction of C02 .  

Figure 3.11 shows atmospheric C 0 2  concentrations, cumulative ocean carbon, 

overturning and SST for all four experiments. pert.539.01~ and pert.1008.01~ are 

plotted with dashed lines. Comparing pert. 1008 and pert. lOO8.olw, atmospheric C 0 2  

is forced at  the same rate for each experiment from 1850 to 2100. After the forcing 

is removed at  2100, the total amount of C 0 2  does not vary by more than 2 ppmv 

throughout the runs. Cumulative ocean carbon, on the other hand, differs between 

the runs from 1850 even while the atmospheric C 0 2  concentration is forced. In Ta- 

ble 3.7, atmosphere and ocean carbon inventories (in Pg C) are shown at  year 2100 

and at  year 3450 for both pert.1008 and pert.1008.01~. Although both experiments 

have identical atmospheric carbon inventories after 2100, pert. lOO8.olw has 44 Pg 

C more stored in the ocean. After year 2100, pert.1008.01~ initially has an atmo- 

spheric C 0 2  concentration slightly less than pert.1008 until around year 2650 and 

then increases after this point to  the end of the run at  year 3450. In the ocean the 

excess remains positive throughout the run although more of the 44 Pg carbon excess 

is initially stored in the ocean in pert.1008.olw, by the end of the run the excess is 

almost evenly split between atmosphere and ocean where 23 Pg C of the excess are 

in the atmosphere and 21 Pg C in the ocean. Here we should also note that the 

total ocean carbon inventories are low due to the exclusion of biology in our model. 

initial 
condition 

PI-evp-gm 
PI-evp-gm 
PI-evp-gm 
PI-evp-gm 

atm forcing 

(ppmv) 
280-539 
280-539 
280-1008 
280-1008 

C 0 2  radiative 
forcing 

varies 
280 ppmv 

varies 
280 ppmv 



Figure 3.11: Atmospheric C02 (a), cumulative ocean carbon (b), over- 
turning strength in the North Atlantic (d) and SST (e) plots for 
pert .539 (solid purple), pert .539.olw (dashed purple), pert .lo08 (solid 
black) and pert. 1008 .olw (dashed black) experiments. Atmospheric 
C02 changes little between experiments with and without climate 
feedbacks, although the total ocean-atmosphere carbon inventory is 
greater by 44 Pg C in pert.1008.01~ over pert.1008 (inventories shown 
in Table 3.7). Overturning and SST remain constant for pert.539.01~ 
and pert .lOO8.olw experiments. 



Experiment 
Experiment 

Table 3.7: Carbon inventories for pert .1008.olw and pert .1008. All 
carbon amounts are in Pg C. At year 2100 the forcing is removed 
and both experiments have the same amount of carbon in the atmo- 
sphere. pert.1008.01~ has an excess of 44 Pg C over pert.1008 which 
is stored in the ocean. This excess is distributed fairly evenly between 
atmosphere and ocean at year 3450. 

pert. 1008.01~ 

Although this affects the vertical gradient of DIC in our model, it does not influence 

the physical changes associated with the perturbation carbon uptake between these 

two experiments. 

The overturning strength in the experiments which include climate change feed- 

backs (pert.539 and pert.1008) change little under a forced atmospheric C 0 2  concen- 

tration. After the forcing is removed, the overturning increases by 3 Sv (pert.539) 

and 5 Sv (pert.1008). Changes in SST for these experiments are similar to  the ex- 

periments without sea ice dynamics, shown in the previous section. The experiments 

which do not include the effects of climate change show no change in overturning or 

SST throughout the runs, which is expected. 

Figure 3.12 shows difference maps for C 0 2  flux, SST, zonally averaged temper- 

ature for the Atlantic and ice concentrations for 539 and 1008 ppmv runs, corre- 

sponding to  Fig. 3.11. The differences show the effects of climate change feedbacks 

on uptake and are taken at year 2100. Although the differences in total carbon in- 

ventory between pert.1008.01~ and pert.1008 is 44 Pg C (shown in Figure 3.11 and 

Table 3.7), the flux maps show that there are large differences in the magnitude of 

the uptake due to  the climatic feedbacks acting on the carbon system. The general 

pattern is the same for both 539 and 1008 ppmv maps. 

The difference flux maps show that including climate change in the 539 ppmv 

runs result in a small reduction in anthropogenic C 0 2  uptake in the equatorial region 

ranging to  a larger reduction of 4 mol mP2 yr-l. When climate feedbacks are included, 

reduced sea ice cover leads to  high C 0 2  fluxes into the ocean in the high latitudes. 

Increased SSTs however, lead to  reduced uptake over most of the ocean with the 

largest reductions occurring polewards of 45"N and 45"s. The bottom maps show 
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Figure 3.12: Difference plots for C 0 2  flux (a,b), SST (c,d), zonally av- 
eraged temperature in the Atlantic (e,f) and ice concentration (g,h) 
for 539 and 1008 ppmv runs. Differences show effects of climate 
change feedbacks on uptake, temperature and ice concentration (in- 
cludes snow on land which changes significantly in the northern hemi- 
sphere). All differences are shown at year 2100, at the end of the 
forcing. 
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Figure 3.13: Direrenee plots for 539 and 1008 ppmv runs showing the 
effects of climate change fe~dbacks on Atkintic DIG at year 2100 (qc) 
and year 3450 (b,d). At year 3450 the atmosphereocean, system is in 
a quasi-equilibrium st ate. 

differences in sea ice cover which also include differences in snow concentration on 

land. There are large differences in ice concentrations between the runs with climate 

change and without. The difference plots show that the inclusion of climate change 

leads to much lower ice concentrations in the high latitudes where climate feedbacks 

lead to a significant melt back in the concentration and ice edge. Since the high 

latitude oceans are the most important regions for carbon uptake, these differences 

in sea ice cover have a significant counteracting effect on the carbon uptake. Taken 

together, the experiments which include climate change have increased SSTs which 

lead to reduced carbon storage in the deep ocean, as shown in Table 3.7. 

The COa flux plot shows differences of 5 mol mP2 yr-' between the 539 ppmv 

runs and a difference of about 10 mol mP2 yr-I for the 1008 ppmv runs. If the effects 

of the overturning circulation on C02 uptake are considered, Figure 3.11 shows that 

the overturning in the climate change runs (pert.539 and pert.1008) reduces slightly 

over the first 2010 years and then increases abruptly. At the end of each run, it 

continues to increase until it reaches a maximum of 14.2 Sv for pert.539 and 16 Sv 

for pert.1008. Since the formation of deep water in the North Atlantic transports 



carbon to  the deep ocean, allowing more carbon to  be taken up across the air-sea 

interface, a strengthening of the overturning is expected to  increase carbon uptake 

in the North Atlantic. 

Figure 3.13 shows the difference maps for DIC in the Atlantic basin at year 2100 

and year 3450. Although the differences in DIC are not very large (at most 2% of the 

background) the negative difference in the region where North Atlantic Deep Water 

(NADW) is formed can be clearly seen in the North Atlantic (at year 2100) from 

the surface to  a depth of about 2000 m. The transport of this water mass, which 

is reduced in DIC, leads to  a negative difference in the overall deep ocean carbon 

inventory at the end of the runs at  year 3450. Although reduction in solubility due 

to climate change leads to  an overall positive difference in uptake seen in the difference 

maps, changes in sea ice cover and to  a lesser extent changes in the production of 

NADW, lead to  opposing effects and overall a small difference in the final atmospheric 

C 0 2  concentration. 

Sensitivity to  representation of sea ice 

The purpose of this subsection is to  examine the sensitivity of the oceanic uptake of 

anthropogenic COz to the representation of sea ice processes. As discussed in section 

3.3.2, the largest uptake occurs in the high latitudes and in particular the Southern 

Ocean. These are the regions where sea ice is present and hence its proper treatment 

is potentially important in quantifying the role of the ocean in sequestering anthro- 

pogenic C02 .  In the following subsection, we expand our analysis to  examine the 

parameterization of sub-grid-scale ocean mixing which is also important when consid- 

ering high latitude processes. These are important sensitivity experiments as ocean 

models (Sarmiento et al., 2000) show the most significant inter-model differences in 

uptake in the high latitude regions. 

The results of our sensitivity analysis, in which a dynamic sea ice component is 

incorporated (using PI-evp-gm for the initial condition), reveal different signs of the 

response in carbon uptake depending on the level of atmospheric C 0 2  (Fig. 3.14). 

In general, as the climate system warms, the sea ice areal extent decreases. The 367 

ppmv experiment shows greater uptake by the ocean when sea ice dynamics is ex- 

cluded whereas the 1008 ppmv experiment shows greater uptake when it is included. 

Between these extremes are the 539 ppmv and 712 ppmv experiments. The 539 ppmv 

case shows less that 1% difference in uptake initially and converges to  -0% after 1500 

years; the 712 ppmv case, on the other hand, crosses the zero line near year 900, al- 

though the maximum variation is about *0.5%. Taken together, these differences 



are not large given other uncertainties within the model, suggesting that when glob- 

ally averaged, the inclusion of sea ice dynamics is not a controlling factor on the net 

uptake of anthropogenic C02.  However, this is not the case locally (see Fig. 3.2b and 

section 3.3. I ) ,  where significant variations occur between the experiments with and 

without sea ice dynamics. 

To illustrate the local effects associated with the inclusion of sea ice dynamics, we 

examine the results from the 1008 ppmv (Fig. 3.14a). In the Southern Ocean when 

sea ice dynamics are included, the northward areal extent expands through offshore 

transport relative to  the thermodynamic-only case. At the same time, ice thick- 

ness nearer the Ant arctic coast diminishes. Differences in Southern Ocean uptake 

in Fig. 3.14a, largely reflect differences in the sea ice extent. In the North Atlantic 

where the wind-driven sea ice transport is southward, similar results are found. There 

are two regions where greater fluxes of C 0 2  across the air-sea interface are found. 

These occur in the Southern Ocean near the Antarctic continent where sea ice is 

transported northward. There is also a small region of uptake in the North Atlantic 

near the Labrador coast which is offset by the reduced uptake from the wind driven 

sea ice moving southward off the east coast of Greenland. 

A question remains as to why the 367 ppmv experiment shows greater uptake 

by the ocean when sea ice dynamics is excluded whereas the 1008 ppmv experiment 

shows greater uptake when it is included (Fig. 3.14b). In the 1008 ppmv case, the 

sea ice has retreated significantly compared to  the 367 ppmv case, as expected due 

to  the larger radiative forcing and resulting warmer climate. In particular, sea ice 

has in some areas retreated back to the Antarctic continent whereas in the 367 ppmv 

experiment, sea ice growth still occurs away from the continent, as well as further 

south in the North Atlantic. In the 367 ppmv experiments, the sea ice extends further 

north from the Antarctic coast in the case including sea ice dynamics. This situation 

reverses when the atmospheric C02  concentration is increased to  1008 ppmv. 

Sensitivity to ocean mixing 

The GM parameterization for mixing associated with mesoscale eddies, ensures mix- 

ing of tracers along isopycnal surfaces, as in Redi (1982), and adds isopycnal thickness 

diffusion to  account for the removal of potential energy from the stratification due 

to  baroclinic instability. The new parameterization has been successful in improving 

the climatology of ocean models (Danabasoglu et al., 1994; Boning et al., 1995; Dan- 

abasoglu and McWilliams, 1995; Robitaille and Weaver, 1995; England, 1995). Since 

many previous studies did not include this representation of sub-grid-scale mixing, 





the experiments in section 3.3.2 were repeated using the more traditional horizon- 

tallvertical mixing scheme. 

In all GM experiments, the ocean initially takes up less anthropogenic C 0 2  than 

the corresponding cases without GM until around year 300 (Fig. 3.15c), at  which 

point the atmospheric COz concentration begins to  decrease more rapidly (Fig 3.15b). 

By the end of the experiments (year 3450) the GM experiments all produce a lower 

atmospheric C 0 2  concentration, as the total integrated oceanic uptake is greater. 

Differences with and without GM are greater than corresponding differences with 

and without sea ice dynamics. For example, a 6% difference in net uptake (533 

ppmv for GM; 572 ppmv for no-GM) occurs in the 1008 ppmv case, whereas only a 

1.5% difference occurs when sea ice dynamics are excluded (Fig. 3.15b and c). As in 

the sensitivity experiments of the previous subsection, however, the most significant 

differences occur in high latitude regions, although the magnitudes are now much 

higher (Fig. 3.15a). These differences are greatest in the Southern Ocean, where 

isopycnals tend to outcrop, with only minor differences in the high northern latitudes. 

The inclusion of the GM parameterization reduces the initial 1850 overturning 

strength by about 6-7 Sv, and the inclusion of sea ice dynamics reduces it by a 

further 3 Sv (Fig. 3.16a). With the inclusion of sea ice dynamics (black curve) the 

overturning does not decrease over the period of specified and increasing atmospheric 

C02 ,  although the final overturning strength is similar to  the run which doesn't 

include sea ice dynamics (cyan curve). The global mean SST (Fig. 3.16b) shows the 

experiments starting with similar values at  1850 ( 17.5"C), increasing to  maximum 

values within 1•‹C of each other and then leveling off. The change in global-mean 

SST does not contribute much to the variation in carbon uptake between the three 

experiments. Rather, circulation changes and changes in the sea ice extent, resulting 

both from changes in sea ice dynamics and the representation of sub-grid-scale ocean 

mixing, have a more significant impact. The inclusion of the GM parameterization, in 

particular, results in less vigorous deep mixing and ultimately increases the timescales 

for anthropogenic C 0 2  sequestered at  depth to  be returned to  the sea surface. 
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Figure 3.15: a) Air-sea flux difference (mol m-"r-l) for 1008 ppmv 
for runs with and without the inclusion of the GM parameterization 
(GM minus no-GM). The difference in the sea ice edge is outlined in 
black for both maps. b) Atmospheric C02 as a function of time for 
the 1008 (black) and 367 (blue) ppmv experiments (as in Fig. 3.5a). 
The experiments do not include sea ice dynamics: with GM (solid 
lines, using PInoevp-gm as initial condition); without GM (dashed 
lines, using PInoevp-nogm as initial condition). The green curve is a 
control run with constant atmospheric C02 = 280 ppmv, without sea 
ice dynamics and without the inclusion of the GM parameterization. 
c) Difference in the percentage of anthropogenic C02 uptake between 
the runs with and without the inclusion of the GM parameterization 
(no-GM minus GM), corresponding to the experiments shown in b). 



91 5 

21 

20 5 

20 

-la6 

-i 
185 

18 

175 

a> ~i wr) b) T""e (YO 

Figure 3.16: a) Maximum Atlantic overturning (Sv) and b) global- 
and annual-mean SSTs for 1008 ppmv runs. The curves correspond 
to: no-GM parameterization and no sea ice dynamics (purple); no sea 
ice dynamics and GM parameterization (cyan); both sea ice dynamics 
and GM parameterization (black). 

3.4 Summary and Discussion 

The dominant patterns of air-sea carbon exchange in our preindustrial equilibrium 

compare well with OCMIP model estimates (Sarmiento et al., 2000). Uptake occurs 

in regions of deep convection and downwelling, predominantly in the Southern Ocean 

and North Atlantic and off the south eastern coast of Africa. Net uptake also occurs, 

but to a lesser extent, in the North Pacific. The importance of the high latitude 

regions for carbon sequestration is obvious, and so is the representation of ocean 

mixing and sea ice processes there. 

Although the inclusion of sea ice dynamics in our model makes little difference to 

the overall global carbon uptake in the preindustrial equilibrium experiment, there is 

a shift in the pattern of carbon uptake, with more uptake near the coast of Antarc- 

tica and less to the north (up to about 50's) due to the transport of ice away from 

the continent. Antarctic Intermediate Water (AAIW) and Ant arctic Bottom Water 

(AABW) formation are better represented when sea ice dynamics is included (Saenko 

et al., 2002). This is important since on long time scales carbon sequestration, occur- 

ring via the transport of surface waters high in C02 to the deeper ocean, counteracts 

some of the reduction in solubility arising from increasing SSTs. Saenko et al. (2002) 

also found that wind-driven sea ice export from the Arctic weakens and shallows the 

North Atlantic meridional overturning leadmg to a decrease in CFC uptake around 

65'N. This reduction in NADW formation also explains the slight decrease in C02 



flux we see in the North Atlantic when sea ice dynamics are included. 

Our findings reaffirm the well known result that the ocean has a large buffering 

capacity for the projected build up of C 0 2  in the atmosphere over the next several 

hundred years. As atmospheric C 0 2  concentrations increase, the buffering capacity 

decreases. When the effects of climate feedbacks acting on the system are included, 

we find that the ocean has the ability to  take up 65-75% of the anthropogenic excess 

remaining in the atmosphere. When we compare the effects of climate feedbacks 

on carbon uptake, we find that the overall effect on atmospheric COz is not very 

large, however the ocean stores an additional 44 Pg C. Although increased SSTs 

reduce uptake under climate change, an increase in overturning and decrease in sea 

ice extent, once the forcing is removed, offset most of the solubility changes. 

The inclusion of sea ice dynamics made only a small (<2%) difference in the global 

carbon uptake. This was not the case locally, however, as compensating changes in 

uptake occurred (predominantly in the Southern Ocean) through a shift in the sea ice 

areal extent. The sign of the difference in global uptake is opposite in the 367 and 1008 

ppmv experiments, thereby suggesting that the level of future climate warming affects 

carbon uptake through sea ice feedbacks related to climate change. The inclusion of 

the Gent-McWilliams parameterization for mixing associated with mesoscale eddies 

had a significant impact on the oceanic uptake of carbon. Its use reduced the amount 

of anthropogenic C 0 2  in the atmosphere after quasi-equilibrium was reached, and 

part of this reduction is associated with changes in the sea ice extent. This is even 

more significant when sea ice dynamics are included in the model. Parameterizations 

for both sea ice and sub-grid-scale ocean mixing thus lead to  significant regional 

differences in model estimates of ocean carbon fluxes, especially in the high latitudes 

where models may overestimate C 0 2  uptake (Sarmiento et al., 2000). The choice 

of parameterization (both sea ice and mixing) should be considered when modelling 

projected changes to  the ocean-atmosphere carbon cycle in the future. Our analysis 

reaffirms the encouraging result with respect to  future fossil fuel emissions that if we 

are able to  reduce emissions in the near future, the ocean can buffer much of the 

anthropogenic C 0 2  increase. 



4 Modelling carbon cycle feedbacks during abrupt 

climate change 

4.1 Introduction 

Present-day atmospheric C 0 2  concentrations continue to  increase and climate model 

projections suggest a possibility, albeit remote, of this increase triggering an abrupt 

climate change event (Manabe and Stouffer , 1994; Stocker and Schmittner, 1997). 

Climatic variations in the past provide the opportunity to test these climate models 

and to improve our understanding of abrupt climate change. 

Although the mechanisms which have led to abrupt climate change in the past 

are still not fully understood, evidence exists that variability in the thermohaline 

circulation (THC) was involved in the rapid transitions between cold and warm states 

recorded in paleoclimate archives from the last glacial period (Stocker, 2000; Clark 

et al., 2002b). These so-called Dansgaard-Oeschger (D-0) oscillations (Dansgaard 

et al., 1984; Oeschger et al., 1984) have been recorded, for example, in the stable 

oxygen isotope ratio (S180; a proxy for air temperature) of polar ice. In Greenland 

ice cores, abrupt warming events of several degrees were recorded, which took place 

in only a few decades or less (Grootes et al., 1993). These warming events, initiating 

the warm phase (interstadial) of the D-0 oscillation, were followed by periods of slow 

cooling which were sometimes terminated by an abrupt cooling event. The sequence 

of events often terminates with meltwater episodes (Bond and Lotti, 1995) during 

the coldest phase of the D-0 cycle (stadials), as evident in layers of ice-rafted debris 

found in marine sediments (Heinrich, 1988). 

Climate model simulations have shown that freshwater input resulting from melt- 

water discharges can reduce the overturning strength of the THC through changes in 

North Atlantic Deep Water (NADW) formation (Manabe and Stouffer, 1995; Clark 

et al., 2002b; Schmittner et al., 2002). At the centennial timescale, a reduction in the 

Atlantic overturning impacts the carbon balance through diminishing the transport 

of inorganic carbon from the surface to  the deep ocean. Changes in sea ice cover, 

corresponding to  changes in the poleward heat transport, also effect C 0 2  uptake 

by changing air-sea interaction in the high latitude regions. Associated changes in 

sea surface temperatures (SSTs), salinities (SSSs) and alkalinity further affect C 0 2  

solubility and uptake in both hemispheres. 



Atmospheric greenhouse gas concentrations can be reconstructed from measure- 

ments of air bubbles from polar ice cores. C 0 2  concentrations have been reconstructed 

from southern hemisphere cores, e.g., Byrd Station (West Antarctic), Dome Concor- 

dia (Dome C) and a more recent high resolution record from Taylor Dome (Stauffer 

et al., 1998; Indermuhle et al., 2000). It is believed that Antarctic ice core records 

provide more reliable information about past C 0 2  concentrations than Greenland 

ice core records as they have been less affected by acid-carbonate reactions which 

affect, for example, the GRIP record (Stauffer et al., 1998). In order to investigate 

the link between abrupt climate change in the northern and southern hemispheres, 

GRIP C 0 2  ice core records have been synchronized to  the Byrd cores using methane 

synchronization techniques (Stauffer et al., 1998; Blunier and Brook, 2001). These 

records reveal that atmospheric C 0 2  concentrations have changed by up to  20 ppmv 

during strong D-0 oscillations (Stauffer et al., 1998; Indermuhle et al., 2000). During 

the warm interstadial phases, C 0 2  concentrations were relatively low (-200 ppmv); 

they increased by 10-20 ppmv during the stadials. Increases in atmospheric C 0 2  

between 20 kyr and 70 kyr BP parallel Antarctic warming events A1 through A4 

(Indermuhle et al., 2000) and seem to  be connected with large iceberg discharges in 

the North Atlantic. 

Less pronounced D-0 events do not seem to correspond to  significant variations in 

atmospheric C02 ,  possibly because the associated freshwater events are too short or 

occur in a region which does not readily affect the THC. There is also no indication of 

warming in the southern hemisphere being recorded in ice cores during weaker D-0 

events (Stocker, 2000). 

Abrupt transitions have also occurred between the LGM and the Holocene as 

recorded in, for example, the GISP2 (Greenland) oxygen isotope records (Grootes 

et al., 1993). The Oldest Dryas cold period was followed by the Beilling-Allereid warm 

interval, in which a warming of several degrees took place over a few hundred years, 

bringing an end to  the last glacial period. The Beilling-Allereid interstadial event 

(14,600 kyr BP in the GISP2 oxygen isotope record) was a rapid warming event 

which corresponds to the Antarctic Cold Reversal (ACR) in the Southern Ocean and 

a rapid increase in atmospheric C 0 2  concentrations as seen in the Dome C C 0 2  data 

(Monnin et al., 2001). Although Vostok and Taylor Dome C 0 2  data are thought 

to  be the most accurate, the temporal resolution is too low to  provide a detailed 

record of atmospheric C 0 2  data over the last glacial termination (Monnin et al., 

2001). Coincident with the onset of the Beilling-Allereid was an abrupt increase in 

atmospheric COz of about 8 ppmv in <300 years (Monnin et al., 2001). This interval 



is also thought to  have coincided with a large meltwater pulse (mwp-1A) in the 

Southern Ocean (Clark et al., 2002a; Weaver et al., 2003). It is thought that the 

Southern Ocean played a key role in abrupt transitions of atmospheric C 0 2  during 

the last glacial termination, however the changes in the North Atlantic THC during 

mwp-1A probably also played a key role during that time. 

Through the addition of an inorganic ocean carbon cycle model into the UVic 

Earth System Climate Model (ESCM - Weaver et al., 2001) we examine changes 

to atmospheric C 0 2  concentrations during abrupt climate change events both before 

and after the LGM. To accomplish this, we force the model with meltwater pulses in 

both the North Atlantic and Southern Oceans to replicate possible meltwater events 

which may have occurred. We use an inorganic ocean carbon cycle to study the 

feedbacks of the perturbations on atmospheric C 0 2  concentrations through changes 

to  the THC and carbon solubility and compare these to  the variations from the paleo 

record. 

The outline of the rest of this chapter is as follows: in the next section an overview 

of the UVic ESCM version is presented. In section 4.3, the stability of the THC with 

the introduction of linearly varying freshwater input into the North Atlantic is ex- 

amined. We then investigate the changes in the ocean-atmosphere carbon system 

when we introduce freshwater at  varying volumes and rates equivalent to  estimates 

from Heinrich events (MacAyeal, 1993). With the introduction of freshwater into the 

North Atlantic, there is a decrease in NADW formation and a reduction of carbon 

transported to the deep ocean. This leads to  an overall reduction in uptake in the 

North Atlantic, and an increase in atmospheric C02 .  In subsection 4.3.1 we examine 

the effect of the magnitude of the freshwater perturbations on atmospheric COz. In 

sections 4.4 we examine the sensitivity of atmospheric C 0 2  to  freshwater events in- 

troduced into the Southern Ocean. We find that the introduction of freshwater into 

a region off the South American continent causes a slight increase in NADW circu- 

lation. This leads to  an increase in C 0 2  uptake in the region of NADW formation. 

Nevertheless, this increase is smaller than the decrease in uptake associated with 

changes in solubility in the Southern Ocean, thereby leading to an overall increase in 

atmospheric C02.  In subsection 4.4.1 we examine the role of the representation of sea 

ice on the uptake of atmospheric C 0 2  when freshwater is added and extracted from 

both the North Atlantic and Southern Ocean. Carbon uptake in the high latitudes 

is significantly affected by changes in the sea ice edge so we examine whether the 

choice of sea ice parameterization has a significant influence on carbon uptake under 

freshwater forcings. The results from experiments which include either dynamic- 



thermodynamic or thermodynamic-only sea ice models are compared. In section 4.5 

we examine the sensitivity of atmospheric C 0 2  to freshwater perturbations when 

starting from different equilibria obtained using a variety of prescribed atmospheric 

C 0 2  levels. Finally, our results are discussed and summarized in section 4.6. 

4.2 Model description and initialization 

The ocean component of the ESCM is a 3-dimensional ocean general circulation model 

(Pacanowski, 1995) with a resolution of 3.6" zonally and 1.8" meridionally. There are 

19 vertical levels in the ocean which vary from 50-m thickness at the surface to 

518-m at  the ocean bottom. Coupled to  the ocean model is a vertically-integrated 

energy-moisture balance model of the atmosphere with no explicit dynamics and in 

which atmospheric transports of moisture and energy are parameterized using Fick- 

ian diffusion. A dynamic-thermodynamic sea ice component (Bitz et al., 2001) is also 

employed. The inorganic carbon component is based on the Ocean Carbon Model 

Intercomparison Project (OCMIP) implementation (Orr et al., 1999). Detailed de- 

scriptions of each model component as well as the glacial and present-day climatology 

are available elsewhere (Weaver et al., 2001). 

The solubility component allows atmospheric C 0 2  concentrations to  vary based on 

the integrated air-sea carbon fluxes, and assumes that the atmosphere is instantly well 

mixed (see Ewen et al., 2004a, for more details). This interaction between the oceanic 

and atmospheric C 0 2  allows us to  perform transient experiments determining the 

evolution of atmospheric C02 .  The evolving atmospheric C 0 2  changes the outgoing 

longwave radiation in our model which allows assessment of its climatic feedback. 

In this study, we are interested in the response of the inorganic carbon cycle to 

freshwater perturbations and have not included biological processes involved in the 

carbon cycle. Although this neglects potential feedbacks associated with ocean biol- 

ogy in response to  these perturbations, the biological response to  resulting changes in 

ocean physics is poorly understood. During meltwater events, biological productivity 

in high latitude regions may be affected by changes to  water column stratification 

and sea ice extent. Iron supply is thought to limit Southern Ocean productivity 

and C 0 2  uptake (Martin, 1990). A reduction in iron through upwelling may result 

in changes to  C 0 2  uptake where freshwater input leads to  stratification changes. 

F'ranqois et al. (1997) suggest that surface water stratification may contribute to  in- 

creased C 0 2  uptake in the Southern Ocean through changes in nutrient availability. 

Changes to  sea ice extent may also impact the productivity due to light availability 
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Figure 4.1: Map of annual mean air-sea C 0 2  flux (mol m-2 yr-l) for 
the glacial equilibrium climate. The initial condition for this exper- 
iment was an equilibrium state with a prescribed atmospheric C 0 2  
concentration of 200 ppmv and 21 kyr BP orbital forcing. Here 
a dynamic-thermodynamic representation of sea ice and the Gent 
and McWilliarns (1990) parameterization for mixing associated with 
mesoscale eddies were used. 

and further changes to stratification in this region. Although we will not address 

the biological response to meltwater episodes in our sensitivity studies, we show that 

significant changes to water column properties and deep water formation occur in the 

high latitude regions. 

To begin, we start with a Last Glacial Maximum (LGM) equilibrium obtained 

using 21 BBP (thousand years before present) orbital parameters, an atmospheric 

C02 concentration of 200 ppmv and elevated topography based on the Peltier (1994) 

continental ice sheet reconstruction. The carbon flux map for this glacial equilibrium 

is shown in Fig. 4.1. The main features are similar in pattern to uptake in the 

preindustrial climate with an atmospheric COz concentration of 280 ppmv (shown in 

Weaver et al., 2001). High fluxes of carbon out of the ocean occur in warm equatorial 

regions and the Southern Ocean has the highest fluxes of carbon into the ocean. 

Uptake in the northern hemisphere is weaker than in the preindustrial equilibrium, 

although there is still a significant amount of uptake in the North Atlantic. 

The overturning strength in the North Atlantic has a maximum overturning of 

about 5 Sv, much less than present day and less than LGM overturning in Weaver 



et al. (2001). The sea ice edge in the North Atlantic is further south and North 

Atlantic Deep Water (NADW) forms further south which, combined with a weaker 

overturning leads to less uptake in the North Atlantic in the LGM run. In this 

version of the UVic model, we incorporate an improved parameterization of mix- 

ing associated with mesoscale eddies (Gent and McWilliams, 1990) which leads to 

a somewhat weaker overturning (both for the LGM and the present-day) than in 

Weaver et al. (2001). The coefficients for both the isopycnal diffusion and isopycnal 

thickness diffusion coefficients are 2 x lo7 cm2 s-I and the maximum slope of the 

isopycnals is 0.01. The fact that the LGM overturning might be weaker than inferred 

from LGM proxy records is inconsequential to  our analysis as our LGM equilibrium 

simply serves as an initial starting point from which we conduct sensitivity studies. 

Although the response depends on the initial conditions, in the subsequent analysis, 

we undertake numerous perturbation experiments, including the tracing out of the 

hysteresis behavior of the THC. These experiments were designed to  examine the 

response of the climate system to abrupt transitions in the THC within the context 

of a variety of mean climatic states (i.e., cold: atmospheric C02=200ppmv; warm: 

atmospheric C02=280ppmv). 

4.3 Sensitivity of atmospheric COa to freshwater events in 

the North Atlantic 

D-0 events 8 and 12 correspond to  significant variations of atmospheric C 0 2  con- 

centrations of up to 20 ppmv as revealed in Byrd and Taylor Dome ice core records 

from the Antarctic (Stauffer et al., 1998; Indermuhle et al., 2000). MacAyeal (1993) 

estimated the freshwater flux from a corresponding Heinrich event discharged into 

the North Atlantic to  be on the order of 0.16 Sv over 250-500 years. Alternative 

reconstructions from ice sheet models (Marshall and Clarke, 1997) resulted in much 

smaller perturbations which have also been applied to  modelling studies (Weaver, 

1999). 

Here we address the sensitivity of atmospheric C 0 2  to freshwater perturbations 

applied to the North Atlantic. Meltwater input is introduced between between 55 

and 65"N for each experiment. The volume, duration and rate of freshwater in- 

put are varied to cover potential observational based estimates of meltwater pulses 

(MacAyeal, 1993; Marshall and Clarke, 1997). Our initial condition, described in the 

previous section, has NADW formation of ~5 SV, corresponding to  a weak glacial 

state. The study by Marchal et al. (1998), using a zonally-averaged biogeochemical 
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Figure 4.2: (a) The linearly-varying freshwater forcing applied to 
experiments NAAysl (red) and NAAys2 (blue). (b) The linearly- 
varying freshwater forcing applied to experiments NA1 (blue) and 
NA2 (red). Details of the experiments are given in Table 4.1. Posi- 
tive freshwater forcing corresponds to freshwater input and negative 
forcing corresponds to freshwater extraction. 

model, showed that when there is no active deep water formation this leads to South- 

ern Ocean warming which affects the solubility of carbon and results in an increase 

in atmospheric COz. To our knowledge, no study to date has used a coupled ocean- 

atmosphere-sea ice model which includes an ocean GCM and an inorganic carbon 

component to assess the role of circulation on uptake as well as solubility changes. 

Each North Atlantic freshwater perturbation experiment begins with an extrac- 

tion of freshwater for the first 500 years that results in an increase in deep water 

formation. Since we begin with a non-equilibrium initial condition, the response of 

the atmospheric COB to the meltwater pulse will likely be different than if the exper- 

iments were carried out from an equilibrium condition. Since our initial overturning 

is quite weak however, the response of the COz likely wouldn't be very large, so we 

initially extract freshwater before introducing freshwater perturbations. from this 

state with active deep water formation, four separate experiments are then carried 

out. NAhysl and NAhys2 (Table 4.1) have a linearly-varying rate of freshwater ap- 

plied in order to assess the hysteresis behavior on the North Atlantic THC. Surface 

freshwater forcing increases at a linear rate of 0.6 Sv fos 1000 years for NAhysl, and 

0.8 Sv for 1000 years for NAhys2 (Fig. 4.2a). 

The net freshwater forcing in NA1 and NA2 (Table 4.1) is larger than that of 

both NAhysl and NAhys2 since NA1 and NA2 were designed to understand the 

response of the climate system to a hypothetical meltwater pulse event. In both NA1 

and NA2, the same rate of negative freshwater forcing is applied as in NA-hysl over 



experiment 
NAhysl  
NAhys2 
NA1 
NA2 
NA.015 
NA.15 
NA.2 
NA.3 
NA.35 
NA160 
NA200 
NA220 
NA260 

initial condition 
C 0 2  = 200 ppmv 
C 0 2  = 200 ppmv 
C 0 2  = 200 ppmv 
C 0 2  = 200 ppmv 
C 0 2  = 200 ppmv 
COz = 200 ppmv 
C 0 2  = 200 ppmv 
C 0 2  = 200 ppmv 
C 0 2  = 200 ppmv 
C 0 2  = 160 ppmv 
C 0 2  = 200 ppmv 
C 0 2  = 220 ppmv 
C 0 2  = 260 ppmv 

fw forcing 
linear: f 0.6 Sv for 1000 yrs 
linear: k0.8 Sv for 1000 yrs 
linear: 0.42 Sv over 700 yrs 

constant: 0.35 Sv for 500 yrs 
constant: 0.015 Sv for 500 yrs 
constant: 0.15 Sv for 500 yrs 
constant: 0.20 Sv for 500 yrs 
constant: 0.30 Sv for 500 yrs 
constant: 0.35 Sv for 500 yrs 

constant: 0.35 for 500 yrs 
constant: 0.35 for 500 yrs 
constant: 0.35 for 500 yrs 
constant: 0.35 for 500 vrs 

Table 4.1: Summary of the North Atlantic perturbation experiments. 
The initial condition for each experiment was an equilibrium obtained 
under 21KBP orbital parameters and with the atmospheric C02  con- 
centration fixed at the value given in column 2. The freshwater forcing 
is introduced at either a constant or linearly-varying rate (column 3). 

the first 500 years. In the case of NA1, the negative freshwater forcing is then turned 

off (0 Sv) and a positive freshwater perturbation is added which increases at  the same 

rate as in NA-hysl (0.6 Sv per 1000 years) for 700 years (Fig. 4.2b). In the case of 

NA2, freshwater is added at  a constant rate of 0.35 Sv for 500 years (Fig. 4.2b). 

Figure 4.3 shows the hysteresis behavior of the THC for NAhysl  and NAhys2 

from year 500 onward, with the corresponding timeseries of overturning strength 

shown in Fig. 4.4b. During the negative freshwater forcing in the first 500 years, the 

overturning increases to  a maximum of 28 Sv in NAhys2 and 26 Sv in NAhysl. 

Between year 500 and year 1500 the overturning decreases until there is almost no 

deep water formation (<1 Sv). After the freshwater perturbation peaks at year 

1500, the overturning remains very weak (-1 SV) and a threshold level of freshwater 

extraction of about -0.1 Sv must be reached before deep water formation becomes 

active again (Fig. 4.3). 

The corresponding overturning strength for the NA1 and NA2 experiments is 

shown in Fig. 4.4d. The forcing and resulting overturning for the first 500 years cor- 

respond to  NA-hysl. After year 500 there is an abrupt transition between freshwater 

extraction and freshwater input. There is a sharp decrease in overturning when fresh- 

water is introduced and the overturning remains weak (<I Sv) until the freshwater 

perturbation is stopped after year 1000 for NA2 and year 1200 for NA1. After this 



Figure 4.3: Hysteresis curves showing the change in overturning 
strength (Sv) corresponding to a linearly varying change in fresh- 
water forcing (Sv) introduced into the North Atlantic. The curves 
correspond to experiments NAhysl (red) and NAhys2 (blue), where 
freshwater input varies linearly at a rate of 0.6 Sv and 0.8 Sv per 1000 
yrs, respectively. 

point each experiment is run until year 1900 with the freshwater forcing removed. 

Once the forcing is removed, the overturning slowly begins to increase, although it 

remains less than <3 Sv and never reaxhes the initial overturning strength of about 

-5 SV. 

In Figs. 4.4a and c the atmospheric C02 concentrations are shown for the NA&sl/NAhys2, 

and NAl/NA2 experiments, respectively. Starting from the state with weak (-5 
Sv) NADW formation, the overturning increases as freshwater is extracted from the 

North Atlantic and atmospheric C02 oscillates about the initial value of 200 ppmv 

in all experiments. When freshwater is added into the North Atlantic and the over- 

turning strength begins to decrease, C02 correspondingly begins to increase after 

year 1000 for NAhysl and NAhys2, and year 500 for NA1 and NA2. For NAhysl 

and NAhys2, the minimum in overturning strength and maximum concentration of 

atmospheric C02 occur after the maximum freshwater input (at year 1500). The 

subsequent linearly decreasing freshwater flux causes the overturning to initially in- 

crease slightly (Fig. 4.4b), until the critical threshold forcing (-O.1Sv - Fig. 4.3) is 

reached, whereupon the overturning quickly increases to 26 Sv in NAhysl and 28 

Sv in NA-hys2, as before. A minimum in atmospheric C02 of about 197 ppmv is 

reached at about year 2300 before it increases along the same path as from 500 to 

1000 years. 



Figure 4.4: Change in atmospheric C02 concentration (ppmv) (a,c) 
and overturning strength (Sv) (b,d) for the (a,b) NAhysl (red) and 
NAhys2 (blue) experiments and the (c,d) NA1 (blue) and NA2 (red) 
experiments. The linearly-varying forcing for these experiments is 
shown in Fig. 4.2 (a) for NAhysl (red) and NAhys2 (blue) and Fig. 
4.2 (b) for NA1 and NA2. The hysteresis behavior of the NAhysl 
(red) and NAhys2 (blue) experiments is shown Fig. 4.3. Details of 
the experiments are given in Table 4.1. 



For the NA1 and NA2 experiments, the atmospheric C 0 2  begins to  increase as 

the freshwater input causes the overturning to  decrease rapidly. As one mechanism 

(NADW formation) which transports C 0 2  from the surface to the deep ocean is 

turned off, C 0 2  builds up in surface waters and consequently in the atmosphere. 

Although solubility effects will counteract these changes, there is still a significant 

increase in C 0 2  from an equilibrium state of 200 ppmv to  between 212 to 215 ppmv. 

Despite a similar evolution of the overturning in both experiments, there is a con- 

siderable difference in the response of atmospheric C02.  NA2, which has a constant 

freshwater flux applied, shows a much steeper increase than NA1, where the fresh- 

water flux increases linearly. This suggests that the rate of change of the freshwater 

forcing strongly determines the atmospheric C 0 2  response through changes in sol- 

ubility as the transient change in overturning strength between the experiments is 

similar (Fig. 4.4d). Eventually, both experiments attain similar equilibria after the 

forcing is removed with atmospheric C 0 2  concentration differing by less than 1 ppmv. 

A pronounced asymmetry is observed in all NA experiments as the increase of deep 

water formation during the first 500 years leads to only minor changes in atmospheric 

C02 ,  while the reduction of the overturning after year 1000 leads to  an increase of 4-8 

ppmv. When freshwater is extracted again after 2000 years in experiments NAhysl  

and NA-hys2, atmospheric C 0 2  begins to decrease by about 3 ppmv. The first 500 

years and between years 2000 to  2500 differ in that the initial condition at  year 0 is 

in equilibrium with an overturning circulation of about 5 Sv. The second freshwater 

extraction beginning at  year 2000 continues from a state in which there is no deep 

water formation (<1 Sv). We would expect that both NA1 and NA2 would result 

in lower atmospheric C 0 2  concentrations if there was another freshwater extraction 

applied after year 1200 and year 1000, respectively. 

The physical mechanisms which determine the carbon flux across the air-sea in- 

terface involve both changes in circulation, in this case affecting the NADW, and 

solubility changes arising from changes in surface temperature, salinity and alkalin- 

ity. The rate of overturning affects the poleward heat transport, which in turn affects 

SSTs in the North Atlantic, and hence the uptake of C 0 2  into the ocean. As the 

overturning strength weakens, less carbon is transported to  the deep ocean and less 

C 0 2  is taken up across the air-sea interface. On the other hand if the overturning 

weakens to  the point where NADW stops, the southern hemisphere warms and the 

North Atlantic cools, which leads to  large solubility changes. In the North Atlantic 

the reduction in uptake due to weak NADW formation is partially counteracted by 

increased solubility in cooler waters. In the Southern Ocean it is mostly changes 



in solubility that affect C 0 2  uptake, although changes in downwelling in this region 

affect uptake slightly as well. On the other hand, when the overturning increases 

we would expect atmospheric C 0 2  to  decrease as more of it will be transported to 

depths which is not yet saturated in carbon. Solubility changes can also be expected 

to  change the uptake in the North Atlantic as the water is much more saline and 

SSTs increase. 

Figures 4.5, 4.6 show difference maps of surface DIC and the corresponding 

atmosphere-ocean C 0 2  flux after 500 and 1000 years for experiment NA2. After 

the first 500 years, zonal mean DIC shows increased concentrations in the North 

Atlantic corresponding to  an increase in C 0 2  uptake associated with an increase in 

NADW formation (Fig. 4.5a). There is a southward transport of this DIC at  depths 

above 2148 m as shown by the depth-integrated DIC shown in Fig. 4.5a (and Ta- 

ble 4.2). The increased DIC signal reaches the surface waters around 50"s resulting 

in decreased uptake (Fig. 4.5b) as increased surface DIC increases the C 0 2  surface 

partial pressure. DIC concentrations are also increased in the Southern Ocean at  lat- 

itudes where Antarctic Intermediate Water (AAIW) forms. In the Southern Ocean, 

areas of both increased and decreased uptake occur but the deepest ocean, which is 

filled by Antarctic Bottom Water, is more depleted in DIC, with about 15 GtC less 

than the equilibrium run. Reduced ventilation of AABW is caused by the increase 

in sea ice cover in the Southern Ocean (Fig. 4.5c), as described in Schmittner (2003), 

and probably accounts for the depletion of DIC below 2148 m (Table 4.2) as less C 0 2  

is transported to  depths. This offsets the high uptake in the North Atlantic leading 

to  the small net atmospheric C 0 2  change. 

After 500 years, the North Atlantic warms by about 5.5"C. The large (compared to 

the equilibrium uptake shown in Fig. 4.1) increase in COa uptake of about 5 mol m-2 

yr-l (Fig 4.5b) is due to  a combination of changes in sea ice, heat flux and overturning 

in this region. Fig 4 . 5 ~  shows a decrease in North Atlantic sea ice concentration, and 

retreat of the sea ice edge, which is very similar in pattern to  the increase in C 0 2  

uptake. An increased C 0 2  flux results from the increase in air-sea interaction in this 

region. Fig 4.5e shows the difference in heat flux where a negative difference in heat 

flux corresponds to  an increase in COz uptake. There is also a significant increase 

in the overturning (Fig 4.5b) which also contributes to  an increase in uptake and is 

reflected in the increased DIC concentration which is transported to  depth (Fig 4.5a). 

The Southern Ocean, on the other hand, experiences a cooling, predominantly off the 

western and eastern coasts of South America (Fig. 4.5d). There is an overall increase 

in heat flux off the eastern coast extending to  the southern tip of Africa and into the 
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Figure 4.5: Changes obtained from experiment NA2 at year 500 rela- 
tive to the LGM initial condition (year 0), after 500 years of freshwater 
extraction: (a) zonal mean DIC in the North Atlantic; (b) air-sea COa 
flux; (c) sea ice concentration; (d) SST; (e) heat flux. Figure 4.6 shows 
similar maps for experiments at year 1000. 





Table 4.2: Integrated global DIC (GtC) over different depths at equi- 
librium (yrO) and after 500 (yr500) and 1000 (yr1000) years of fresh- 
water forcing in the North Atlantic experiment NA2. 

depth (m) 
0-1257 

Indian Ocean (Fig. 4.5e) with a corresponding decrease in uptake there (Fig. 4.5b). 

A band from about 60-45"s has increased uptake of C02 ,  although further south, 

there is a significant expansion of the sea ice edge (by almost 10" to  about 50"s) and 

a resulting reduction in carbon uptake. 

With the addition of freshwater after year 500, the poleward heat transport begins 

to  decrease until there is a shutdown of NADW formation and a surface temperature 

decrease of about 4.0•‹C (Fig. 4.6d). The northern hemisphere sea ice edge also moves 

further south (Fig. 4 . 6 ~ )  by almost 15" which leads to a large reduction in C 0 2  uptake 

(Fig. 4.6b). The decrease in SSTs and increase in heat flux (Fig. 4.6e) extends from 

yrO 
9409 

the equator into the North Atlantic where there is also an overall decrease in uptake. 

The reduction in overturning, and to  a lesser extent the heat flux, together with the 

change in sea ice concentration, account for most of the changes in C 0 2  flux after 

year 1000. Compared to the initial condition, Table 4.2 shows that there is slightly 

less DIC below 2148 m (about 3 GtC compared to  15 GtC at  year 500) and between 

1257 and 2148 there is about 2 GtC more (compared t o  3 GtC more at  year 500). 

The surface waters, however, show a significant decrease in DIC of 32 GtC (compared 

to a gain of 11 GtC at  year 500) resulting from an alkalinity dilution and a small 

decrease in the overturning strength. 

In the Southern Ocean there is a 2•‹C increase in SST (Fig. 4.6d), predominantly 

in the Atlantic between about 58-42"s off the south African coast. These warmer 

surface waters are associated with a net decrease in heat flux (into the ocean) and an 

increase in C 0 2  flux into the ocean of almost 2 mol m-2 yr-l (Fig. 4.6b). The net 

yr500 
9420 

uptake, however, is negative, predominantly due to  a large reduction in the North 

Atlantic of more than 5 mol mP2 yr-l. This leads to  an overall increase in atmospheric 

C 0 2  of about 15 ppmv. 

yrlOOO 
9377 
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Figure 4.7: Atmospheric 6 0 2  concent rations for freshwater pert urba- 
tions in the North Atlantic. The experiments correspond to NA.015 
(green), NA.15 (pink), NA.2 (blue), NA.3 (red) and NA.35 (black) 
with initial conditions and forcing given in Table 4.1. 

4.3.1 Effects of freshwater pulse magnitude on atmospheric 

CO2 

To address the effects of varying the magnitude of the freshwater perturbation on 

atmospheric C02  concentrations we apply continuous freshwater forcing at varying 

levels between 0.015 and 0.35 Sv. All experiments were carried out as in NA2, 

where a freshwater perturbation is introduced at  a constant rate after year 500. 

The five separate experiments are referred to  as NA.015, NA.15, NA.2, NA.3 and 

NA.35, corresponding to a freshwater perturbation of 0.015,O. l5,0.2, 0.3 and 0.35 Sv, 

respectively (Table 4.1). 

As might be expected, the magnitude of the freshwater perturbation has a large 

effect on the final atmospheric C 0 2  concentration (Fig. 4.7). NA.015 yields a max- 

imum change of only 2 ppmv after the first 150 years of freshwater input, which 

subsequently begins to  decrease until it reaches 201 ppmv. When the volume of 

freshwater input is increased to  0.15 Sv over 500 years, the maximum in atmospheric 

C 0 2  is reached after 175 years before decreasing slightly to  a final value of about 205 

ppmv. At a volume input of 0.2 Sv over 500 years, a maximum is reached after 175 

years and then the level of atmospheric C 0 2  remains relatively constant at about 

207 ppmv to  year 500. NA.015, NA.15 and NA.2 all have a minimum overturning 

strength of > 1 Sv after the first 100 years of freshwater input. Both NA.35 and NA.3, 



however, have minimum overturning strengths <1 Sv after the first 100 years. This 

reduction in overturning, to  a point where NADW is no longer forming, leads to  a 

threshold wherein atmospheric C 0 2  concentrations continue to  increase. In Fig. 4.7, 

both experiments NA.3 and NA.35 show a sharp increase in atmospheric C 0 2  over 

the first 120 years and then COz continues to  increase, but at  a lower rate, over the 

remaining 500 year period of freshwater input. After 500 years, the atmospheric C 0 2  

is 212 ppmv for NA.3 and 215 ppmv for NA.35. These experiments suggest that in 

order to have any significant increase in atmospheric C 0 2  there must be a significant 

reduction in NADW formation (to less than 1 Sv in this case) or a strong dilution of 

surface waters. These experiments have also been carried out with a linear increase 

of freshwater input (corresponding to  similar total volumes of water above) yielding 

a similar overturning threshold for continued positive atmospheric C 0 2  accumulation 

to  year 500. 

4.4 Sensitivity of atrnospheric C 0 2  to  freshwater events in 

the Southern Ocean 

Recent sea-level fingerprinting (Clark et al., 2002a) has shown that the Laurentide 

Ice Sheet could not have been the only source of mwp-1A and that a large part 

probably came from the Antarctic Ice Sheet. In a modelling study, Weaver et al. 

(2003) show that if mwp-IA originated from the Antarctic ice sheet, rather than 

from the Laurentide or Fennoscandian ice sheets, an increase in NADW takes place, 

increasing poleward heat transport and providing an increase in temperatures to 

sufficiently explain the onset of the Beilling-Allereid. 

Using a model version similar to Weaver et al. (2003) with initial conditions as 

described in the previous section and the addition of an inorganic solubility model, 

we introduced a meltwater pulse of the same magnitude and location in the Southern 

Ocean in order to  study changes in atmospheric C 0 2  concentrations corresponding to  

a meltwater pulse of southern hemisphere origin. Monnin et al. (2001) show that there 

were significant changes in atmospheric C 0 2  concentrations during the last glacial 

termination as seen in Dome C C 0 2  records. Corresponding to the onset of the 

Beilling-Allereid interval was a jump of about 8 ppmv in the record. In a study using 

a zonally-averaged coupled model, Marchal et al. (1998) found that the influence of 

Southern Ocean freshwater forcings did not significantly alter atmospheric C 0 2  in 

their model. In our study, we find large changes in atmospheric C02 concentrations 

corresponding to  freshwater forcings which may explain some of the variation seen in 



the ice core record. 

Freshwater inputs in the Southern Ocean were applied just north of the Antarctic 

circumpolar current (ACC). We chose the region at  the southern tip of South America 

where Antarctic Intermediate Water (AAIW) forms in our model (Saenko et al., 

2002). This region spans a small part of Drake passage extending into both the 

Atlantic and Pacific Oceans (region B in Weaver et al., 2003). An initial freshwater 

perturbation was applied to the North Atlantic for 200 years so that there was no 

active NADW formation as in Weaver et al. (2003). The end of this experiment was 

subsequently used as the initial condition for experiments SOlb and S02. 

Figure 4.8 shows the transient evolution of the atmospheric C 0 2  concentration 

(Fig. 4.8a) and overturning strength (Fig. 4.8b) for three separate experiments. In 

SOla and SOlb (Table 4.3) a linearly-increasing freshwater pulse was applied at  a 

rate of 0.3 Sv per 500 years (Fig. 4 . 8 ~ ) .  In SO2 this was increased to 1 Sv per 500 

years. SOla begins from the equilibrium LGM climate, described in Section 4.2, and 

SOlb and SO2 use the initial conditions described above in which there is no NADW 

formation. In the SOla and SOlb cases, the differences in initial conditions account 

exclusively for the differences in the evolution of atmospheric C 0 2  concentration 

between year 0 and year 500 (Fig. 4.8a). In the SOlb run, there is a maximum 

concentration of 213 ppmv after 500 years whereas in SOla, a maximum concentration 

of 208 ppmv occurs after only about 250 years. At year 500 the freshwater forcing 

is removed (Fig. 4 . 8 ~ )  and a quasi-equilibrium is reached in experiments SOla  and 

SOlb after 1500 years, at  which point the atmospheric C 0 2  concentrations converges 

to  203 ppmv. 

The Atlantic overturning in SOlb increases from a state with no deep water 

formation (< 1 Sv) to  -3 SV, whereas the overturning in SOla  increases slightly 

in the first 100 years, and then decreases and remains constant (at ~4 SV) by 500 

years (Fig. 4.8b). In both SOla and SOlb the freshwater forcing and initial at- 

mospheric C 0 2  concentrations are the same. The uptake in the North Atlantic is 

not significantly different between the two experiments, although small changes in 

the overturning may contribute slightly to the minor difference in atmospheric C 0 2  

(Fig. 4.8a). The largest differences in uptake, however, are due to  changes related 

to  the southern sea ice edge between the two runs. SOlb has larger ice concentra- 

tions primarily in the southern hemisphere. There is also a slight warming in the 

Northern Hemisphere, both through increased SSTs and surface air temperatures 

(SATs), which occurs mainly in the Pacific Ocean. There is a cooling in the southern 

hemisphere, predominantly in the region where the freshwater flux is applied, and 



experiment 
SOla  
SOlb 
SO2 
SO160 
SO200 
SO220 
SO260 
SOpaodyn 
Sop-dyn 
SOnnodyn 
Son-dyn 

initial condition 
equil, C 0 2  = 200 ppmv 
trans, C 0 2  = 200 ppmv 
trans, C 0 2  = 200 ppmv 
equil, C 0 2  = 160 ppmv 
equil, C 0 2  = 200 ppmv 
equil, C 0 2  = 220 ppmv 
equil, C 0 2  = 260 ppmv 

pi-equil, C 0 2  = 280 ppmv, thermo ice 
pi-equil, C 0 2  = 280 ppmv 

pi-equil, COz = 280 ppmv, thermo ice 
pi-equil, C 0 2  = 280 ppmv 

forcing 
linear: 0.3 Sv over 500 yrs 

linear: 0.3 over 500 yrs 
linear: 1 Sv for 500 yrs 

constant: 1 Sv for 500 yrs 
constant: 1 Sv for 500 yrs 
constant: 1 Sv for 500 yrs 
constant: I Sv for 500 yrs 
constant: 1 Sv for 500 yrs 
constant: 1 Sv for 500 yrs 
constant: -1 Sv for 500 yrs 
constant: -1 Sv for 500 yrs 

Table 4.3: Summary of the Southern Ocean perturbation experiments. 
The initial conditions correspond to either an equilibrium LGM cli- 
mate (equil) , an equilibrium preindustrial climate (pi-equil) or a t ran- 
sient LGM run (trans). Orbital parameters for the equil and trans are 
for 21 kyr BP and for pi-equil they are for 1850. The trans experi- 
ments were integrated from the equil initial condition with freshwater 
forcing introduced into the North Atlantic over 200 years so that the 
NADW format ion is ceased. Atmospheric C02  concent rat ions are ini- 
tially prescribed for the equilibrium runs and then allowed to evolve 
over time. All experiments were carried out with the inclusion of a 
dynamic-thermodynamic sea ice model except for a few cases where 
only a thermodynamic sea ice model was used (thermo ice). Freshwa- 
ter forcing is introduced at either a constant or linear varying rate. 



Figure 4.8: (a) Atmospheric GO2 concentration (ppmv), and (b) over- 
turning strength (SV) corresponding to freshwater perturbations ap- 
plied to the Antarctic Intermediate Water formation region in South- 
ern Ocean (SO). (c) The timeseries of the freshwater forcing for each 
experiment with positive forcing indicating freshwater addition, The 
curves correspond to SOla (red), SOlb (pink) and SO2 (blue) with 
forcing and initial conditions outlined in Table 4.3. 

an increase in the southern sea ice edge around Antarctica, except south of Africa, 

where there is reduced carbon uptake of about 5 mol m-2 yr-l. 

SO2 corresponds to a more dramatic increase in atmospheric COz of 33 ppmv 

(Fig. 4.8a). There is initially no NADW formation in S02, although with the intro- 

duction of freshwater into the Southern Ocean, it gradually increases until it peaks 

just over 4 Sv (Fig. 4.8b). While a positive freshwater forcing applied to the North At- 

lantic causes a reduction in NADW formation, a positive forcing introduced into the 

Southern Ocean causes the opposite effect and the rate of NADW formation increases. 

An increase in NADW can happen whenever the potential density of NADW (pNADW) 

is greater than the potential density of AAIW (pAAIW), as described in Weaver et al. 

(2003). This can happen when either a positive freshwater perturbation is applied to 



a region in the Southern Ocean or a negative perturbation is applied to  a region in 

the North Atlantic. In S02,  the initial state has reduced NADW formation so that 

PAAIW > PNADW, but when we apply a positive freshwater perturbation to  the region 
in the Southern Ocean, the potential density difference becomes, PNADW > PAAIW 

and NADW formation increases. 

The increase in overturning strength, however, is not very large due to  the weak 

LGM equilibrium which has an overturning strength of around 5 Sv. After the 

maximum is reached, the overturning quickly reduces again once the freshwater per- 

turbation in the Southern Ocean is removed (year 500). After a further 1000 years of 

integration, the atmospheric C 0 2  levels reach quasi-equilibrium. Although the over- 

turning in SO2 and SOlb is similar, the rate of freshwater input and corresponding 

changes in atmospheric C 0 2  are quite different. The steep increase in atmospheric 

C 0 2  in SO2 corresponds to a small increase in overturning strength in the North 

Atlantic. 

Figure 4.9 shows difference plots for the SO2 experiment between year 500 (cor- 

responding to the end of the Southern Ocean freshwater forcing) and year 0 (corre- 

sponding to a state in which there is no NADW formation - Fig. 4.8b). In Section 

4.3 we found that a large increase in overturning (of ~ 2 0  Sv) did not lead to  a sig- 

nificant change in overall uptake (although there was a large regional increase in the 

North Atlantic). Here, we apply the freshwater perturbation to  the Southern Ocean 

and dramatic differences in uptake occur in this region. The large increase in up- 

take (Fig. 4.9f) in the North Atlantic is largely due to a reduction in sea ice cover 

(Fig. 4.9e), which in turn is a result of an increase in the northward heat transport 

at  year 500 relative to  the initial state with no NADW formation (year 0). 

There is also an overall increase in SSTs across the northern hemisphere with 

a maximum increase of about 5•‹C occurring in the eastern North Atlantic Ocean 

and Mediterranean Sea (Fig. 4.9d). Cooling in the southern hemisphere occurs in 

two regions: off the South American continent; in the southern Indian Ocean where 

surface air temperatures are also lower by w4"C. Decreased SSTs off the coast of 

South America have a corresponding heat flux signature (Fig. 4 . 9 ~ )  and result from 

the increase in heat transport away from this region into the North Atlantic. There 

is a net downward heat flux due to  cooler SSTs and changes in ice concentration in 

the Southern Ocean leading to an overall reduction in carbon uptake by the ocean 

with an average of about 4 mol m-2 yr-l (Fig. 4.9f). 

Both SAT and SST are reduced off the southern coast of South America where the 

maximum decrease in uptake in this region reaches almost 20 mol m-2 yr-l. Over- 
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Figure 4.9: Changes obtained from experiment SO2 at year 500 rela- 
tive to the initial condition (year 0): (a) surface DIC; (b) zonal mean 
North Atlantic DIC; (c) heat flux; (d) SST; (e) sea ice concentration; 
(f) air-sea C02  flux. Year 0 corresponds to a transient initial con- 
dition (Table 4.3) once formation of NADW is ceased, and year 500 
corresponds to the end of the application of the positive freshwater 
perturbation to the Southern Ocean. The strength of the overturn- 
ing at year 0 and year 500 and the prescribed freshwater forcing are 
shown in Fig. 4.8b,c. 



Table 4.4: Integrated global DIC (GtC) after 500 years of freshwater 
input in the Southern Ocean (yr500). Integrated DIC for the equilib- 
rium run is shown in Table 4.2. yrO shows values after 200 years of 
freshwater input into the North Atlantic corresponding to transient 
(trans) runs in Table 4.3. 

depth (m) 
0-1257 

turning in this region becomes much shallower and slightly weaker and the maximum 

depth of the overturning cell is reduced from about 3700 m to 2100 m. The zonal 

mean DIC in the Atlantic (Fig. 4.9b) shows a large decrease in the surface region of 

the overturning cell (between 74-63"s) and the entire deep basin has an overall neg- 

ative change in the DIC concentration. The entire water column is depleted in DIC 

after 500 years by almost 74 GtC (Table 4.4). The surface layer to  1257 m is reduced 

by 15 GtC whereas the deeper layers are reduced by about 30 GtC each. Uptake 

off the southern coast of South America is also affected by changes in alkalinity due 

to  dilution which leads to  a much more significant local effect on the uptake than 

either changes in the overturning or heat flux. When globally-averaged, there is a 

large positive outgassing of carbon to  the atmosphere which results in an increase in 

atmospheric COz concentrations of 33 ppmv. 

4.4.1 The role of sea ice on atmospheric COa changes 

yrO 
9362 

In this section, oceanic carbon uptake obtained using a dynamic-thermodynamic sea 

ice model is compared to  that obtained using a thermodynamic only model when 

freshwater perturbations (both positive and negative) are applied in the same region 

in the Southern Ocean. Carbon uptake in the high latitudes is significantly affected 

by changes in the sea ice edge. As we have seen, large changes in the sea ice edge in 

both hemispheres contribute to  large differences in atmospheric C 0 2  concentrations. 

Thus we need to better understand whether the choice of sea ice parameterization has 

a significant influence on carbon uptake under freshwater forcings, or if the changes 

we have seen in atmospheric C 0 2  concentration are independent of the chosen param- 

eterization. Carbon uptake in the high latitudes is significantly affected by changes 

in the sea ice edge so we examine whether the choice of sea ice parameterization has a 

significant influence on carbon uptake under freshwater forcings. The thermodynamic 

yr500 
9348 



sea ice model is based on Semtner (1976) and Hibler (1979) and a elastic-viscous- 

plastic rheology (Hunke and Dukowicz, 1997) is used to represent dynamics. Similar 

experiments (not shown) have also been carried out in the northern hemisphere al- 

though little variation in atmospheric C 0 2  was found due to  the differences in sea 

ice physics. 

For these experiments we use, as an initial condition, a preindustrial equilibrium 

climate with an equilibrium C 0 2  concentration of 280 ppmv and orbital parameters 

for the calendar year 1850. Two experiments were carried out using each represen- 

tation of sea ice. Both positive and negative freshwater forcing were applied in each 

case in the same region as in experiment SO2 with a rate of 1 Sv for 500 years (again 

the same as in S02). The runs with dynamical sea ice will be referred to  as Sop-dyn 

(positive forcing) and Son-dyn (negative forcing). Similarly, the runs with only 

thermodynamic sea ice are referred to as Sop-nodyn and SOnaodyn (Table 4.3). 

Unlike S02,  a preindustrial climate was used for the initial state and freshwater was 

not added to initially reduce NADW formation. Since the aim of this section is to 

determine whether the choice of sea ice parameterization has an influence on car- 

bon uptake under freshwater forcing, we choose a preindustrial equilibrium for our 

sensitivity analysis as it is computationally less expensive. The initial overturning 

strength for SO-dyn is 14.2 Sv and for SO-nodyn 11.5 Sv. 

Figure 4.10 (b,c) shows the difference in atmospheric C 0 2  and in overturning 

between Sop-dyn and SOpaodyn. Both experiments driven by a positive freshwater 

perturbation yield slightly increasing overturning strengths in the North Atlantic over 

the first 100 years, and a subsequent decrease (Fig. 4 .10~) .  The overall increase in 

atmospheric C 0 2  is large for both runs: starting at  280 ppmv Sop-dyn increases 

by -48 ppmv and reaches 328 ppmv; SOpaodyn increases by -40 ppmv. The 

most significant differences in C 0 2  uptake occur where there are changes in the 

sea ice edge (Fig. 4.10a). With the inclusion of sea ice dynamics there is a lower 

concentration of sea ice along the Antarctic continent and in the North Atlantic, as 

this ice is transported equatorward by the winds. With the movement of the ice edge 

in both hemispheres, there is less overall uptake (up to  2.5 mol m-2 yr-l) in Sop-dyn 

compared to  SOpaodyn (Fig. 4.10a). This leads to  an atmospheric C 0 2  increase of 

about 8 ppmv in Sop-dyn relative to  SOpnodyn. 

When the Southern Ocean is perturbed with a similar negative freshwater flux (ex- 

traction), there is a significant increase in uptake in the Southern Ocean (Fig. 4.10d) 

which is also reflected in the decrease in atmospheric C 0 2  (Fig. 4.10e). The over- 

turning reduces from about 14.2 Sv in Son-dyn and 11.5 Sv in Son-nodyn to <1 





Sv in each run (Fig. 4.10f), and there is an increase in Antarctic Intermediate Water 

(AAIW) formation. In this case the negative freshwater flux causes the potential den- 

sity difference to  become, ~ A A ~ W  > PNADW and formation of NADW ceases. Since 

AAIW formation increases, the uptake of C 0 2  in this region also increases and there 

is an overall reduction in atmospheric C 0 2  from 280 ppmv to 256 ppmv in both S o n  

experiments. 

Differences in uptake between Son-dyn and SOnaodyn occur almost entirely in 

the Southern Ocean and are due to  differences in the sea ice edge (Fig. 4.10d). There 

is a thin band of sea ice relocation equatorward in Son-dyn off the western tip of 

South America and extending to the western side of the Ross Sea. There is a negative 

difference in uptake in this region of -3 mol mW2 yr-l. Off the south African coast 

and along the Antarctic continent to  the south there are also regions with a negative 

difference in uptake. This difference in uptake leads to  an overall decrease in DIC in 

the surface layer in the Indian Ocean south of 45"s. There is also a negative difference 

in uptake in the North Atlantic (Fig. 4.10d) which leads to a large decrease seen in 

the surface DIC concentration. The uptake in the Pacific is almost the same in both 

runs. Overall, the atmospheric C 0 2  concentration varies by less than I ppmv between 

these runs although there are significant regional differences in the air-sea C 0 2  flux 

as well as surface DIC concentrations. 

4.5 Sensitivity to  initial C 0 2  concentration 

In this section we address the sensitivity to  initial atmospheric C 0 2  concentration. 

We carry out equilibrium runs where the atmospheric C 0 2  concentration is held con- 

stant at  160, 200, 220, and 260 ppmv for 3800 years. Two sets of experiments are 

then carried out using these equilibrium runs: one set in which North Atlantic melt- 

water events are simulated (NA160, NA200, NA220 and NA260); a second set where 

meltwater events are introduced in the Southern Ocean (S0160, S0200, SO220 and 

S0260). These experiments address whether initial atmospheric C 0 2  concentration 

affect ocean carbon uptake under freshwater forcing. This is an important question 

as the initial C 0 2  concentration may be a determining factor in whether an abrupt 

change occurs or not and in the previous sections we have only address changes from 

an LGM equilibrium. 

In the North Atlantic, freshwater is introduced into the same region as in Section 

4.3 at  a constant rate of 0.35 Sv over 500 years. Figure 4.11a,b shows an increase 

in atmospheric C 0 2  for all runs over the first 500 years. The initial conditions and 
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Figure 4.11: (a) Evolution of atmospheric C02 (ppmv) for North At- 
lantic freshwater perturbations. A perturbation of 0.35 Sv over a 500 
year period has been applied to all curves. Equilibrium runs were 
carried out at four different atmospheric C02 concentrations (ppmv), 
NA160 (blue), NA200 (red), NA220 (pink) and NA260 (black) with 
LGM orbital parameters as outlined in Table 4.1. (b) Evolution of 
atmospheric C02 for a Southern Ocean freshwater perturbation in- 
creasing at a linear rate of 1 Sv per 500 years. Equilibrium runs 
correspond to SO160 (blue), SO200 (red), SO220 (pink) and SO260 
(black) with initial conditions out lined in Table 4.3. 

forcing for NA200 are identical to  NA1 in Section 4.3 and the mechanisms which 

govern the reduced uptake are the same, predominantly the reduction in NADW 

formation leading to a reduction in carbon transport to the deep ocean. There is also 

less air-sea exchange due to the sea ice edge moving southward resulting in reduced 

uptake. 

If we compare the difference between the NA260 run and the NA160 run at 500 

years, there is less overall uptake in NA260 (Fig. 4.12a) and the atmospheric C 0 2  
concentration increases by about 19 ppmv in NA260 compared to 12 ppmv in NA160 

(Fig. 4.lla), although the character of the curves is the same. Carbon uptake is 

affected by changes to the sea ice in the high latitude regions (Fig. 4.12~). In the 

Southern Ocean there is less sea ice cover in NA260 along 60"s and consequently the 

greater area of exposed ocean leads to more uptake in NA260 compared to NA160 

(with an average of >4 rnol m-a yr-I). In the North Atlantic, there is also re- 

duced sea ice concentration in NA260 extending across the Atlantic, likely due to 

increased stratification from melting ice and a decrease in downwelling between 53" 

and 63"N. The result is decreased uptake in NA260 relative to NA160 with a local 

maximum of 5 mol m-2 yr-l. The global ocean has a 1.6"C higher mean surface 

temperature in NA26O than in NA160 . This leads to a reduction in uptake due to 



Figure 4.12: Difference in COz flux (a,b) and ice concentration (c,d) 
between the 160 ppmv and 260 ppmv experiments for NA and SO 
freshwater perturbations. 



solubility changes between the two runs. Although the maximum atmospheric C 0 2  

concentration increases are 12 and 19 ppmv for NA160 and NA260, respectively, the 

difference in equilibrium concentrations after the forcing is removed is only about 2 

ppmv (Fig. 4.11a). 

In the Southern Ocean, we introduced the freshwater perturbation into the same 

region as in Section 4.4 at  a rate of 1 Sv for 500 years. The overturning strength varied 

little between experiments and over the 500 years of freshwater input, the overturning 

increased only by about 1-2 Sv overall. Of the four experiments (Table 4.3), the 

SO260 experiment shows the largest increase in atmospheric COa (-43 ppmv) and the 

SO160 experiment the least (-28 ppmv). The largest difference in uptake between the 

two runs occurs in the Southern Ocean, where there is reduced sea ice concentration 

(Fig. 4.12b,d). In the North Atlantic the ice edge has also retreated but this only leads 

to  a small difference in uptake. Although difference plots for both the NA and SO 

perturbation experiments show similar changes to sea ice cover in the North Atlantic, 

the North Atlantic perturbations show a much more dramatic decrease in carbon 

uptake in this region. When freshwater is put into the Southern Ocean, there is a 

slight increase in the production of deep water formation in the North Atlantic. On 

the other hand, when freshwater is put into the North Atlantic, there is a reduction in 

deep water formation. This difference leads to small changes in the amount of carbon 

which is transported to  the deep ocean, which in turn affects the carbon flux in this 

region. There are also decreases in solubility due to  warmer tropical and subtropical 

regions. Together the decreased deep water formation and solubility counteract the 

increase in uptake that would otherwise occur with a retreating sea ice edge. 

The magnitude of the sea ice differences (and corresponding uptake differences) 

are much larger in the Southern Ocean, however (Figs 4.12b,d). In SO160 Drake 

passage is ice covered from Antarctica to  South America, whereas in SO260 this ice 

has retreated thereby leaving a larger ice free region for uptake across Drake passage 

as well as along the retreated ice edge near the Antarctic continent (Fig. 4.12d). 

Slightly north of the region of high uptake is a region of outgassing where there is a 

net freshwater flux to  the ocean from the melting ice off the eastern coast of South 

America and a corresponding decrease in uptake occurs here of up to 5 mol m-2 yr-l 

(Fig. 4.12b). There is also reduced uptake between the experiments off the western 

South American coast associated with differences in solubility arising from increased 

SSTs and SSSs in SO260 over S0160. SO260 has a global mean SST of 1.5"C more 

than SO160 leading to  an overall reduction in uptake due to  solubility. Additional 

differences exist due to  differences in the circulation and downwelling associated with 



a closed Drake passage, further reducing the difference in uptake. Taken together, 

these results demonstrate that changes in sea ice significantly affect C 0 2  uptake 

locally, predominantly in the Southern Ocean. Overall however, atmospheric C 0 2  

concentrations increase in all perturbation runs with the largest changes in NA260 

and SO260 runs. This indicates that global solubility changes, due to  increased SSTs, 

play a significant role in determining the final atmospheric C 0 2  concentrations. 

4.6 Summary and Discussion 

In this chapter we have investigated the response of the inorganic carbon cycle to 

simulated - under LGM radiative forcing - meltwater pulses in both northern and 

southern hemispheres. In particular we have shown that atmospheric C 0 2  concen- 

trations increase by about 14 ppmv when a freshwater pulse equivalent in amount to  

a Heinrich event is added to  the North Atlantic. These changes in C 0 2  are a response 

to  changes in solubility partly due to dilution effects on alkalinity, reduced formation 

of NADW and associated changes in sea ice extent. The increase in atmospheric C 0 2  

is approximately what is seen during strong D-0 oscillations, when atmospheric C 0 2  

increases between 15-20 ppmv, coincident with Antarctic warming events A1 and A4 

(Stauffer et al., 1998). These changes seem to  be a response to  large meltwater events 

in the North Atlantic. 

We also showed that meltwater perturbations added to the Southern Ocean lead 

to  significant changes in atmospheric C02 .  By introducing a volume of freshwater 

corresponding to  meltwater pulse IA, we found an increase in atmospheric C 0 2  of 32 

ppmv. This increase is significantly greater than that found in the Dome C record 
concurrent with mwp-1A - 8 ppmv (Monnin et al., 2001). 

The sensitivity of carbon uptake to  the representation of sea ice in our model 

was also studied. We found slight differences in the net carbon uptake between ex- 

periments using a dynamic-thermodynamic sea ice model and those using only a 

thermodynamic model when positive freshwater perturbations were applied to  both 

the Southern Ocean and the North Atlantic. When a negative freshwater forcing was 

applied, however, there was little variation and the inclusion of sea ice dynamics did 

not contribute significantly to  the difference in overall atmospheric C 0 2  concentra- 

tions, although the regional differences in uptake lead to differences in the surface 

distribution of DIC. 

Further sensitivity studies showed that the initial amount of atmospheric C 0 2  

has an effect on the total amount of carbon that is taken up by the ocean. Increased 



warming due to  increased C 0 2  in the atmosphere leads to significant differences in 

solubility and sea ice cover, predominantly in the Southern Ocean, which results in 

less uptake when starting from an equilibrium with a higher initial C 0 2  concentra- 

tion. We also found that the atmosphere-ocean carbon system establishes a new 

equilibrium when the forcing is removed in all cases. 

Taken together these experiments show that if meltwater events are introduced 

into either hemisphere, they lead to changes in circulation and solubility which affect 

the air-sea carbon flux and atmospheric C 0 2  concentrations. It was shown that sol- 

ubility changes alone do not account for all of the changes in atmospheric C02 ,  and 

that changes in carbon uptake by the oceans associated with both climatic and circu- 

lation changes are especially important to  consider if we want to  understand abrupt 

climate change. The changes that we see in atmospheric C 0 2  using an oceanic solu- 

bility model are sufficient to  explain changes of 15-20 ppmv associated with meltwater 

input into the North Atlantic. 



Sensitivity of C 0 2  uptake to glacial-interglacial 

forcing 

5.1 Introduction 

Ice core records from Antarctica reveal that glacial atmospheric C 0 2  concentrations 

were about 80 ppmv lower than preindustrial levels. It is unknown what mecha- 

nisms led to  the glacial-interglacial atmospheric C 0 2  cycles and whether atmospheric 

C 0 2  changes acted as a primary driver or merely an amplifier of the glacial cycles. 

Planetary perturbations cause changes in the geographical receipt of solar insolation 

(Berger, 1978) although they do not provide a sufficient explanation for the large am- 

plitude changes recorded in the ice cores. It is thought that they may act as a primary 

trigger with climatic feedbacks amplifying these changes to produced glacial cycles. 

The observation that the C 0 2  concentration seems bounded and there is a regularity 

in the variations may imply that a few dominant mechanisms are responsible for the 

glacial cycles. 

The biological carbon cycle is thought to  play an integral role in glacial cycles (for 

a review see Sigman and Boyle (2000)). However changes in atmospheric C 0 2  con- 

centrations resulting from physical processes are potentially just as important and 

have been poorly studied. Several box model studies have recently examined this 

problem. Toggweiler (1999) showed that changes in high latitude vertical ventilation 

and increased stratification accounted for an 80 ppmv difference in atmospheric C 0 2  

concentrations, without changes in biological production or nutrient chemistry. By 
increasing sea ice cover in the Southern Ocean, thereby decreasing air-sea gas ex- 

change, Stephens and Keeling (2000) were able to  explain a change of -67 ppmv in 

their box model. Gildor and Tziperman (2002) showed that both variations in ver- 

tical mixing and sea ice cover in the Southern Ocean led to a change in atmospheric 

C 0 2  of ~ 7 5  ppmv. This change resulted mainly from reduced vertical mixing in the 

Southern Ocean leading to  less upwelling of C 0 2  rich waters and less outgassing to  

the atmosphere, resulting in lower atmospheric C 0 2  concentrations. Using a model 

version similar to  ours, Schmittner (2003) showed that an increase in sea ice cover 

over the Southern Ocean reduces ventilation and radiocarbon storage in the deep 

ocean. With reduced air-sea gas exchange, radiocarbon ages in the Southern Ocean 

were found to increase by 100 years, consistent with reconstructions of bottom water 



properties. Large differences exist however with respect to air-sea partitioning of 

C 0 2  due to  solubility effects and organic cycling between box models and general 

circulation models (GCMs) (Gildor and Tziperman, 2002). GCMs do not show box 

model sensitivity to high latitude changes in sea ice and stratification and pCOz is 

controlled in a more distributed way. Archer et al. (2003) suggests that until the high 

latitude sensitivity of the real ocean is better understood and represented in models, 

Southern Ocean theories should be approached with skepticism. 

In this study, we address the sensitivity of the inorganic carbon cycle to  changes 

in orbital and C 0 2  radiative forcing. In order to  understand the effects of different 

model parameterization on C 0 2  uptake, we perform three sets of experiments in 

which both sea ice and mixing parameterizations are varied. We further analyze the 

extent to  which physical processes such as ocean circulation and sea ice extent govern 

changes in atmospheric C02.  A coupled ocean-atmosphere-sea ice model, which has 

been shown to  reproduce an LGM climate well (Weaver et al., 1998, 2001), and an 

inorganic ocean carbon cycle based on OCMIP protocol (Orr et al., 1999) are used for 

this study. A more detailed description of each model component is given in Chapter 

2. 

Using a similar model version, the inclusion of wind driven sea ice was shown 

to  improve CFC tracer distributions in the Southern Ocean (Saenko et al., 2002). 

Robitaille and Weaver (1995) showed that the inclusion of the Gent McWilliams pa- 

rameterization (Gent and McWilliams, 1990) also improved the distribution of CFCs 

due to  a reduction in uptake in the Southern Ocean over the standard horizontal- 

vertical sub-grid-scale mixing. In Chapter 4, we have also shown that both sea ice 

and mixing parameterizations affect regional C 0 2  fluxes, particularly in the Southern 

Ocean, and resulting atmospheric C 0 2  concentrations in present day model simula- 

tion. More importantly, we showed that neglecting an important physical process 

(dynamic sea ice) has an effect on ocean carbon uptake. In the following section C 0 2  

uptake under LGM forcing is discussed and the differences between model parame- 

terization~ are outlined. In Section 5.3, the sensitivity to  changes in radiative forcing 

(both orbital and COz) is examined with each model parameterization, and in Sec- 

tion 5.3.1 we examine the sensitivity of atmospheric C 0 2  to  each boundary condition. 

In Section 5.3.2 we further investigate changes in sea ice cover and overturning on 

corresponding C 0 2  fluxes followed by discussion and conclusions in Section 5.4. 



5.2 C 0 2  uptake under LGM forcing 

In this section we analyze the LGM equilibrium, from which we begin our pertur- 

bation experiments in the following sections, in order to  determine differences be- 

tween mixing and sea ice parameterization. We also examine C 0 2  uptake in the 

context of our LGM equilibrium climate for each parameterization used through- 

out the remainder of this chapter. In order to simulate an LGM climate, each run 

has been forced with an atmospheric C 0 2  concentration of 200 ppmv and orbital 

parameters for 21 kyr BP (thousands of years before present - hereafter written as 

kBP). We have not however included a dynamical continental ice model in these 

experiments (as used in Yoshimori et al., 2001) although continental land ice is pre- 

scribed according to  (Peltier, 1994). We have carried out three separate equilibrium 

experiments: LGM-evp-gm includes both sea ice dynamics and GM mixing param- 

eterization, LGMnoevp-gm includes thermodynamic sea ice and GM mixing, and 

LGMaoevp-nogm includes thermodynamic sea ice and standard horizontal/vertical 

diffusion. For each experiment the parameterizations for both sea ice and mixing as 

well as boundary conditions are outlined in Table 5.1. These boundary conditions are 

the same for PMIP model reconstructions of LGM climate; discussion of our LGM 

climate can be found in Weaver et al. (2001). 

Figure 5.1 shows C 0 2  flux maps for all three equilibrium experiments and differ- 

ence maps of C 0 2  flux for both the sea ice and mixing parameterization used under 

an LGM climate. The general patterns of uptake are similar to  the flux maps for 

preindustrial C 0 2  with high uptake (positive values) in the high latitude regions and 

outgassing in the warmer equatorial regions (negative values). There are large mag- 

nitude flux differences between the parameterizations for both sea ice and mixing 

however. The inclusion of sea ice dynamics (a) shows greater equatorward extent of 

sea ice in the North Atlantic over the thermodynamic only model (b) which leads to  

a large negative difference in uptake (c). The North Atlantic extent of sea ice in our 

present day equilibrium, which includes wind driven sea ice, is too far equatorward 

however - and probably also the case here; although the strength of the overturning 

circulation for the LGM (Table 5.1) seems reasonable when compared to estimates. 

In the Southern Ocean there is also greater sea ice coverage equatorward which leads 

to  a negative difference in uptake of up to  3.5 mol m-2 yr-l shown in the difference 

map. The difference in sea ice cover is outlined in black (c). In most of the Pacific 

Ocean there is no difference in C 0 2  uptake. One notable feature occurs off the south- 

ern tip of Africa where there is a large negative difference in uptake. This occurs 



Table 5.1: LGM equilibrium experiments. Mixing parameteriza- 
tion used are either Gent McWilliams (GM) or standard horizon- 
tal/vertical diffusion. Sea ice is either wind driven (ice dynamics) 
or thermodynamic only (t hermo ice). Boundary conditions for each 
experiment are for an LGM climate and are run to equilibrium with 
an atmospheric C02  concentration of 200 ppmv and orbital parame- 
ters for 21 kBP (orb). Meridional overturning (MO) strength in the 
Atlantic is weaker with the inclusion of both sea ice dynamics and 
GM mixing. Ocean carbon inventory (DIC) at equilibrium is also 
shown (Pg C). Note that these values are unrealistically low (as is our 
preindustrial carbon distribution) due to the lack of ocean biology and 
carbonate pumps in our model. This results in a low vertical gradient 
of DIC, with surface DIC concentrations not much larger than those 
at depth, and unrealistically low carbon storage at depth. 

experiment 

LGM-evp-gm 

LGM-noevp-gm 

LGM-noevpnogm 

due to the difference in both sea ice cover and heat flux between the models in this 

region. 

The difference in heat flux results in large C 0 2  flux differences. When there is 

a positive heat flux into the ocean, the ocean gains heat, which results in decreased 

C 0 2  solubility in the surface layer. Similarly when there is a loss of heat to the 

atmosphere, the surface layer of the ocean can then take up more carbon and there 

is a positive flux of C 0 2  into the ocean. The heat flux off the coast of southern 

Africa in the LGM-evp-gm model is negative, although it is less negative than that 

in LGMnoevp-gm which results in an overall positive difference. This is also true 

in the North Atlantic where sea ice cover in the LGM-evp-gm model extends further 

equatorward and there is heat being lost by the ocean (negative) although less heat is 

lost than in the LGMnoevp-gm which has less equatorward sea ice cover resulting in 

a positive heat flux here. Sea ice provides an insulating barrier on the ocean surface 

and an increased albedo helps to  reflect radiation that might otherwise penetrate the 

upper layer of the ocean. When there is a net flux of heat downwards, the presence of 

sea ice will reduce the heat flux due to  an increase in the albedo. When the net heat 

flux is upwards however, the resulting heat flux will increase due to the increased 

sea ice and mixing 
parameterization 

ice dynamics 
GM 
thermo ice 
GM 
thermo ice 
horizontal/vertical 

boundary 
conditions 

C 0 2  = 200 
orb = lgm/2lkBP 
CO2 = 200 
orb=lgm/2lkBP 
C 0 2  = 200, 
orb = lgm/2lkBP 

MO 
(sv) 

5 

11 

21 

DIC 
(pg c )  

29969 

30234 

30112 



albedo of the sea ice. Altogether, the LGM-evp-gm model has a global ocean carbon 

inventory of 265 Pg C less than LGMaoevp-gm. The global carbon inventory for 

each model as well as overturning strength is shown in Table 5.1. Note that these 

global carbon inventories do not reflect realistic LGM inventories, due to the lack 

of a biological carbon model, and are shown simply to compare the difference in 

deep ocean inorganic carbon storage between the models. Although the meridional 

overturning is also reduced in the LGM-evp-gm model (-5 SV as compared to -11 

Sv in LGMnoevp-gm), the negative difference in uptake between the models is due 

to the difference in sea ice cover. 

The inclusion of GM and isopycnal mixing parameterizations provides a more 

realistic representation of sub-grid scale mixing along isopycnals while accounting for 

isopycnal thickness diffusion. This tends to  reduce unrealistic convective plumes and 

excessive communication between the top and bottom of the ocean since standard 

horizonal/vertical diffusion tends to  have unrealistically high diapycnal diffusion in 

regions where isopycnals slope steeply. In this version of the UVic model the in- 

clusion of GM tends to  reduce the strength of the meridional overturning from -21 

Sv (LGMaoevpaogm) to  -11 Sv (LGMaoevp-gm) and thus the meridional heat 

transport (Table 5.1). An overturning strength of -21 Sv is perhaps unrealistically 

high for an LGM climate however (Weaver et al., 2001). The inclusion of the Gent 

McWilliams parameterization over standard horizontal/vertical diffusion shows the 

most dramatic differences in C 0 2  flux in the Southern Ocean (Fig 5.le). The differ- 

ences in the ice edge lead to differences in C 0 2  uptake and the inclusion of GM leads 

to  less uptake in both the North Atlantic, North Pacific and Southern Oceans due 

to  less air-sea interaction. Slightly south of the sea ice edge there is more uptake in 

the LGMaoevp-gm model as the base of the NADW layer is shallower and doesn't 

penetrate as far northward. 

Altogether the total ocean carbon inventory is less with the inclusion of GM by 

about 112 Pg C (Table 5.1). One notable feature is the large positive difference in 

uptake in the south Atlantic, extending south of Africa and into the Indian Ocean, 

where LGMnoevp-nogm has less uptake (-2 mol m-2 yr-I). In the Southern Ocean 

isopycnals surfaces outcrop further south in the GM experiment. Since uptake of 

carbon in the Southern Ocean occurs where isopycnal surfaces outcrop and it is 

transported along isopycnals to the subtropical convergence where most is stored 

(between 30 and 40"s) (see for e.g. Caldeira and Duffy, 2000), C 0 2  uptake is probably 

more realistic with the inclusion of GM. 



CO- flux difference for sea ~aa dynamics (LGM-evp_gm - LGM-noevp_~rn) 

Figure 5.1: LGM equilibrium C 0 2  fluxes for each model parameteri- 
zation (outlined in Table 5.1). Difference maps for parameterization 
of both sea ice and sub-grid-scale ocean mixing are shown. The sea 
ice and snow line edge is outlined in black. 
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Figure 5.2: Dome Concordia (Dome C )  C 0 2  data taken from Monnin 
et al. (2001) and insolation in July at 65"N (Berger, 1978) over the 
last deglaciation. The maximum insolation occurs between 9 and 10 
kBP. 

5.3 Sensitivity of COa uptake to changes in radiative forcing 

In this section we address the sensitivity of our LGM equilibrium climate to 8 kBP 

boundary conditions, namely, orbital parameters for 8 kBP and radiative forcing 

corresponding to a C02  concentration of 280 ppmv. These boundary conditions 

are applied to the LGM equilibrium runs described in the previous section, and 

atmospheric C02  is allowed to evolve over time. With these experiments we hope to 

better understand whether these boundary conditions, acting alone, together or in 

combination with other climate feedbacks, help to explain some of the atmospheric 

C02  variations recorded in the ice cores (Petit et al., 1999). Figure 5.2 shows Dome 

Concordia (Dome C) C02  data (Monnin et al., 2001) and insolation (Berger, 1978) 

over the last deglaciation. The maximum insolation occurs between 9 and 10 kBP. 

At 8 kBP most of the continental ice has disappeared (Crowley and North, 1991) and 

insolation remains close to the maximum value over this interval. 

Table 5.2 shows all perturbation experiments that have been carried out with 



1 LGM-evp-gm, C 0 2  = 200 1 olw = 280, op = 1gm/2lkBP I 
boundary condition 
olw = 280, op = 8kBP 

experiment 
evp-cntrl 

Table 5.2: Perturbation experiments showing both initial and bound- 
ary conditions used. Each experiments is run from one of the equilib- 
rium experiments shown in Table 5.1 and is listed as the initial con- 
dition. noevp/gm and nogm experiments use standard horizontal/ 
vertical diffusion. Boundary conditions are indicated by their pre- 
scribed radiative C02  forcing (olw) and orbital forcing (orb). Note 
that C02  concentration is given in ppmv 

initial condition 
LGM-evp-gm, C 0 2  = 200 

evp-orb 
noevp/gm-cntrl 
noevp/gm-olw 
noevp/gm-orb 
noevp-cntrl 
lgm-trans-orb 

initial and boundary conditions used. Both LGM-evp-gm and LGMaoevpaogm 

have been run with both boundary conditions changed (denoted by the extension 

LGM-evp-gm, C 0 2  = 200 
LGMnoevp-nogm, C 0 2  = 200 
LGMaoevp-nogm, C 0 2  = 200 
LGMnoevp-nogm, COz = 200 
LGMaoevp-gm, C 0 2  = 200 
LGM-evp-gm, C 0 2  = 200 

xntrl) and with only one of the boundary conditions changed (denoted by either -orb 

or -olw extension). These experiments will be discussed in the following subsection 

while we present the results for the xntr l  experiments below. Difference maps in 

Fig. 5.3 through Fig. 5.5 show the effects of applying both 8kBP boundary conditions - 

both orbital and radiative forcing - to each equilibrium experiment listed in Table 5.2. 

olw = 200, op = 8kBP 
olw = 280, op = 8kBP 
olw = 280, op = lgm/2lkBP 
olw = 200, op = 8kBP 
olw = 280, op = 8kBP 
01w = evolves, op = evolves 

All differences are taken between the equilibrium and after 100 years of running the 

control (cntrl) run as this time gives the most dramatic changes in the atmospheric 

C 0 2  associated with changing boundary conditions - before the system begins to  

equilibrate. 

Maps of C 0 2  and heat flux are shown in Figure 5.3 for the three models. Fig 5.3 

(a,b) show differences between year 100 and the equilibrium for the model which 

includes both sea ice dynamics and GM mixing parameterization. It is clear that heat 

and C 0 2  flux are related; where there is high heat flux out of the ocean (negative 

values in red) more C 0 2  is taken up by the ocean (positive C 0 2  uptake in red) and 

vice versa. One notable difference between the C 0 2  and heat flux fields occurs in 

the North Atlantic where there is a band of negative heat flux (red) with positive 

heat flux (blue) on either side of this. The C 0 2  uptake however is positive over this 

region, even where the heat flux is positive, which can be explained by the loss of 

sea ice here (Fig. 5.4a). This area is ice covered in the equilibrium run, although 



the ice melts when 8 kBP boundary conditions are applied, leading to  increased 

interaction between the surface water and the atmosphere above. Although heat can 

pass through the ice cover, C 0 2  does not, and surface waters are not in equilibrium 

with the atmosphere. Thus the newly exposed ocean surface will have an initial 

uptake of C 0 2  as SSTs in this area are low and pC02 in the surface waters are lower 

than the atmospheric pC02,  resulting in a positive C 0 2  flux into the ocean until an 

equilibrium is reached. The remaining pattern in heat flux looks similar to that of 

C 0 2  flux except in the high latitudes where there is permanent ice cover. Differences 

in heat flux between the model experiments can still result in these high latitude 

regions due to  the heat flux through the ice. 

In the experiments which neglect ice dynamics, the highest fluxes of both heat 

and C 0 2  occur in the North Atlantic where there is actually an increase in sea ice 

(Fig. 5.3c,d). The magnitude of the heat flux here is very large, almost 150 W mP2 

and almost -3 mol m-2 yr-l of C 0 2  difference in flux (the maximum magnitude on 

the colour scale is smaller in order to better discern smaller scale features). Large 

differences in heat and C 0 2  flux also occur in the Southern Ocean where there is 

a reduction in sea ice concentration (Fig. 5.4 c), except one small region close to 

the Ross Sea which shows an increase in sea ice concentration, corresponding to  

a decrease in C 0 2  uptake and a positive difference in heat flux. Overall there is 

more C 0 2  uptake in the Atlantic ocean between 45"N and 45"S, and in the southern 

Indian Ocean, with the neglect of ice dynamics. There is also less upwelling along 

the western South American coast with the inclusion of this parameterization, and 

thus less outgassing of C02 .  

When standard horizontal/vertical diffusion is included (instead of GM), the 

largest changes in heat and C 0 2  flux occur in the Southern Ocean. The large more 

circular features are a result of unrealistic convective plumes that occur in this area 

due to the differences in mixing scheme. The large differences in heat flux in the 

North Atlantic (Fig.5.3e,f) result primarily from a decrease in the sensible heat flux 

(positive upwards) in this region. The model which includes GM mixing also shows 

similar changes in heat flux in the North Atlantic (Fig.5.3c,d), although in this case 

there is a decrease in the (upward) sensible heat flux due to  a large increase in sea 

ice cover over this region. Although there is a decrease in the overturning strength 

of about 3 Sv (also see Fig. 5 .12~)  this does not seem to affect the heat flux. With 

a reduced overturning there is reduced heat transport to  the North Atlantic and less 

heat being lost to the atmosphere here, resulting in the positive difference. It is in- 

teresting to  note that this feature is similar in pattern to  that when GM is included 
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Figure 5.3: Differences of C02 and heat flux for xntrl perturbation 
experiments between year 100 and the equilibrium. xntrl experiments 
include changes in both orbital and C02 radiative forcing. -evp and 
aoevp differences are taken between year 100 and the equilibrium, 
whereas noevp/gm is taken between year 200 and the equilibrium, 
corresponding to the maximum increase in atmospheric C02  for each 
experiment. 



Figure 5.4: Difference plots of sea ice concentration and downward 
shortwave radiation for xntrl perturbation experiments (as in Fig- 
ure 5.3) between year 100 and the equilibrium experiment. xntrl 
experiments include changes in both orbital and C02 radiative forc- 
ing. -evp and aoevp differences are shown at year 100 (year 100 - 
equilibrium), whereas _noevp/gm is shown at year 200 (year 200 - 
equilibrium), corresponding to the maximum increase in atmospheric 
C02 for each experiment 



(Fig 5.3d) although in this case, there is a large change in sea ice cover. 

Maps for both sea ice concentrations and downward shortwave radiation are shown 

in Figure 5.4. The orbital parameters have been changed from 21 kBP (in the equi- 

librium) to 8 kBP and the differences in the annual mean downward shortwave for 

each experiment are plotted in (Fig 5.3b,d,f). Although the increase in the insolation 

shown in Fig. 5.2 is is about 50 W m-2, it is in July at  65"N and occurs at  a specific 

location. Our model also shows quite large differences along this latitude, however 

we have shown only the annual mean. The zonal mean along this latitude is shown in 

Fig 5.8a,b for the evp-cntrl and noevp/gm-cntrl experiments, and the largest values 

are ~4 Wm-2. It is important to  note however that although this zonal change in the 

insolation is not great, the seasonal and latitudinal distribution of insolation can be 

amplified, particularly in the high latitudes through changes in sea ice and wintertime 

convection (Weaver et al., 2001). Changes in radiative forcing from 21 to  8 kBP due 

to  atmospheric C02 ,  on the other hand, have a more pronounced effect on the annual 

mean radiative forcing. All the maps show an increase in radiative forcing in the high 

latitude regions. A loss of sea ice due to an increase in the radiative forcing (from 

an increase in C02 )  results in a decrease in the latitudinally dependent albedo. The 

difference in radiative forcing due to  orbital parameters also causes changes. There is 

an increase in downward shortwave in the high latitudes, which is more pronounced 

in the north, and a decrease to  the equatorial regions. These effects will be discussed 

separately in the following subsection. Sea ice concentrations are generally decreased 

in all models with the exception of noevp-cntrl which shows increased sea ice concen- 

trations in the North Atlantic and in the Southern Ocean, from the equilibrium run. 

The noevp/gm-cntrl model also has an increase in sea ice concentration just north of 

the Ross Sea. An increase in sea ice affects the downward shortwave due to  increased 

albedo in these regions, although this is very localized. 

Maps of surface and zonal Atlantic DIC concentrations for each model are shown 

in Figure 5.5. The largest changes occur in the North Atlantic where surface DIC 

concentrations are larger, corresponding to  differences in the ice concentration and 

higher uptake. The evp-gm run (a,b) shows a sharp interface where decreased sea ice 

concentrations correspond to  increased surface DIC concentration due to  the increase 

in C 0 2  flux. In general where there is a reduction in ice concentration, the resulting 

increase in C 0 2  flux leads to  higher surface DIC concentrations, and vice versa. In 

the equatorial regions there is a slight decrease in the surface DIC concentration. This 

is also shown in the Atlantic zonal difference of DIC. The largest negative differences 

in surface DIC occur in the North Pacific which correspond to regions of slightly 
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Figure 5.6: Atmospheric C02  concentrations (ppmv) for xntrl  exper- 
iments (solid line), -orb (dash-dotted line) and -olw (dotted line). Sea 
ice dynamics and GM mixing are used in a, and thermodynamic sea 
ice and standard horizontal/vertical diffusion in b. 

reduced C 0 2  uptake here. Fig. 5.5e,f on the other hand, show little change in the 

North Atlantic. There is little change in sea ice cover here resulting in little differences 

between both heat and C 0 2  flux. In this experiment, standard horizontal/vertical 

diffusion is used and there is an unrealistic circular feature in the South Pacific which 

has high surface DIC concentrations corresponding to higher heat and C 0 2  uptake. 

The Atlantic zonal DIC map also shows some spurious features in the Southern Ocean 

which most likely correspond to regions of unrealistic convection when GM mixing is 

removed. 

Although each parameterization gives quite different results, on a regional scale 

the overall effect on atmospheric C 0 2  is small. Figure 5.6 shows the changes in 

atmospheric C 0 2  concentrations for model runs which include GM and sea ice dy- 

namics (a) and thermodynamic sea ice and horizontal/vertical diffusion (b). The 

solid curves in Figs. 5.6a,b, show the effects of changing both boundary conditions 

on atmospheric C02 .  The dotted curve shows the effects of changing radiative C 0 2  

forcing (olw) and the dash-dotted curve shows changes in orbital forcing (orb) - these 

will be discussed further in the following section. In Fig. 5.6a, the overall change 

in C 0 2  concentrations is very small, less than 3 ppmv altogether, and certainly not 

very significant in explaining a change of 80 ppmv as recorded in the ice cores. The 

change when sea ice dynamics is removed (not shown) is also small, with an increase 

of only 5 ppmv. When standard horizontal/vertical diffusion is used the change in 

C02 is slightly higher, around 5.5 ppmv, although still not very significant. 



5.3.1 Sensitivity to individual boundary conditions 

In this subsection differences between individual boundary conditions, correspond- 

ing to  Fig. 5.7 through Fig. 5.9, are examined. Experiments in which the orbital 

parameters are held fixed at  21 kBP are denoted by the -orb extension (radiative 

C 0 2  changing from 200 to 280 ppmv). Those in which radiative C 0 2  is held fixed 

at  200 ppmv are denoted by the -olw extension and correspond to  changing orbital 

parameters from 21 to  8 kBP (see Table 5.2). In these experiments, C 0 2  is allowed 

to freely evolve over time however the C 0 2  radiative forcing is fixed at  either 200 or 

280 ppmv. 

The differences maps relating to  the evp-cntrl model, which includes both sea ice 

dynamics and the GM mixing parameterization, are shown in Figure 5.7. The left 

hand column shows the difference associated with changing the radiative C 0 2  forc- 

ing while the right hand column shows differences associated with orbital parameters. 

The largest magnitude differences occur in the COz flux, SST and ice concentrations 

fields for the experiments where C 0 2  radiative forcing is changed. Most of these dif- 

ferences occur as a result of the large differences in sea ice concentration (Fig 5.7.e). 

Differences in SST and ice concentration corresponding to  changes in orbital forcing 

show both positive and negative differences of smaller magnitude (d,f) than for the 

experiments with C 0 2  radiative forcing changed. Difference in downward shortwave 

radiation are shown in the bottom panels and zonal averages in Fig. 5.8. The differ- 

ences due to  changes in orbital forcing are much larger than those associated with 

c o 2 .  

Fig. 5.8b shows the combined zonal average difference in shortwave radiation 

whereas c and d show the individual contributions. Clearly changes in C 0 2  radiative 

forcing have the dominant effect when both boundary conditions are considered as 

the shape of the curve is similar in character for both. Fig. 5 . 8 ~  on the other hand, 

shows difference only in high latitudes as a result in changes to  sea ice, and the 

Southern Ocean is dominated by these effects when both boundary conditions are 

considered. These positive and negative differences seen in Fig. 5.7h and Fig. 5.8d 

in the shortwave radiation lead to  the positive and negative differences in the C 0 2  

flux, SST, and ice concentration fields shown in Fig. 5.7. The ice concentration for 

example, shows both a negative difference in sea ice and a positive difference in the 

continental ice, which is expected for 21 kBP. 

Figure 5.9 shows similar plots for the experiments which include thermodynamic 

sea ice and standard horizontal/vertical diffusion. Although the overall change in 
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Figure 5.7: Difference maps for evp experiments including C02 flux, 
SST, ice concentration and downward shortwave differences, all taken 
at year 100. Left hand plots show differences between xntrl and -orb 
(orbital forcing fixed at 21 kBP). Right hand plots show differences 
between xntrl and -olw (radiative C02  forcing fixed at 200 ppmv). 
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Figure 5.8: Difference in zonally averaged downward shortwave for 
evp and noevp/gm experiments. Top panel (a,b) show differences 
between xntrl  and LGM equilibriums, middle panel (c,d) show differ- 
ences between xntrl  and -orb (orbital forcing held fixed at 21 kBP) 
and bottom panel (e,f) shows difference between xntrl  and -olw (ra- 
diative C 0 2  forcing held fixed). 



atmospheric C 0 2  due to  changing orbital parameters is negligible in this model 

(Fig 5.6b) we can clearly see that there are large regional differences in the maps 

shown for both orbital and C 0 2  boundary conditions. In the -olw experiments, the 

most notable differences are in the C 0 2  and SST fields (b,d) where most of the oceans 

except for the high latitude regions show outgassing. 

The shortwave radiation also shows a negative difference (Fig. 5.9f and Fig. 5.8f) 

which is reflected in the heat flux and results in C 0 2  outgassing. If we compare 

the zonally averaged shortwave radiation for xntrl  experiments (a,b) the largest 

differences occur in the Southern Ocean - evp-cntrl shows a positive difference of 

4.5 W mP2 whereas noevp/gm-cntrl shows a negative difference of 1.5 W mP2. This 

large negative spike in Fig 5.8b is a result of neglecting sea ice dynamics. This 

corresponds to  a small region of increased sea ice cover, which can also be seen in 

Fig. 5.9e. 

Comparing the effect of the individual boundary conditions on atmospheric C 0 2  

(Fig. 5.6), orbital forcing alone (dash-dotted curve) has little effect on the overall 

atmospheric C 0 2  concentration for each model. In fact the response shown in the 

-evp model is slightly negative. When the radiative C 0 2  forcing is changed however, 

there is a slightly larger increase in atmospheric C 0 2  of about 1 ppmv (a) which is 

not very significant overall. In (b), the combined effect on C 0 2  is almost entirely a 

result of changes in C 0 2  radiative forcing. This is interesting as Fig. 5.9 showed that 

there were still large regional differences as a result of changing the orbital forcing 

only. 

These experiments have also been carried out beginning with both preindustrial 

and 8 kBP equilibrium runs (orbital parameters for both 1850 and 8 kBP and C 0 2  

of 280 ppmv) and then applying LGM boundary conditions to  each equilibrium. 

Overall, the changes in atmospheric C 0 2  concentration are also quite small. The 

largest change ( 4 3  ppmv) is with a present day equilibrium without the inclusion 

of sea ice dynamics. A transient experiment has also been carried out starting from 

LGM-evp-cntrl in which both orbital and radiative forcing evolve over the simulation 

time period. This simulation was run from 21 kBP for 5000 years and resulted in 

only 1 ppmv increase in atmospheric C 0 2  concentrations. 





5.3.2 Effects of sea ice cover and overturning on COa flux 

In the previous sections, differences in sea ice extent and concentration appear to  

correspond to  the largest differences in oceanic C 0 2  flux. Below, we further analyze 

the relationship between sea ice cover and meridional overturning on C 0 2  flux. In 

order to  better understand changes in sea ice cover and C 0 2  flux during the LGM 

we first look at  the seasonal cycles in the equilibrium LGM-evp-gm experiment. 

Figures 5.10a,b show the relationship between the seasonal cycle of sea ice cover 

and C 0 2  flux in both hemispheres (over 3 years) in equilibrium. Both curves are 

plotted on the same scale which clearly shows the dominance of the northern hemi- 

sphere in the global seasonal changes in sea ice cover and C 0 2  flux. The cycle in the 

northern hemisphere begins as the area covered by sea ice starts to  increase while 

the C 0 2  flux remains fairly constant, -0.5 Pg C yr-l. As the sea ice approaches 

its maximum concentration, the C 0 2  outgassing begins to decrease (becomes less 

negative) and then quickly becomes positive over the northern hemisphere (overall 

uptake) while the sea ice cover remains around 2.3 x 1012 m2 (although slightly de- 

creasing) until a peak is reached in C 0 2  uptake of 0.7 Pg C yr-l. After this point 

there is an abrupt (small) increase in sea ice cover which corresponds to  a decrease 

in C 0 2  uptake and the uptake continues to  decrease with a corresponding decrease 

in sea ice cover. 

Although there is a relationship between the sea ice cover and the C 0 2  flux, it does 

not seem to  be governed solely by the change in air-sea interaction due to  changes in 

ice cover. As the sea ice cover increases however, there is almost a linear relationship 

with the increase in the overturning strength in the North Atlantic. Fig. 5 . 10~  shows 

the relationship between the seasonal overturning strength in the North Atlantic and 

C 0 2  flux in the northern hemisphere, plotted for one year only. In general, the C 0 2  

flux increases with an increase in the overturning strength and vice versa. Although 

difference maps show locally high uptake of C 0 2  when there is a decrease in sea ice 

cover (for e.g. Fig. 5.3 showing C 0 2  flux and Fig. 5.4, sea ice concentration), the 

seasonal changes in C 0 2  flux seem to  be influenced more by the change in overturning 

strength which result from the changes in sea ice growth and melt. 

Although surface waters do not take long to  equilibrate with atmospheric pC02 

(N 1 year, much shorter than the scale considered here), and the main rate-limiting 

process for C 0 2  flux is between the transfer from the surface mixed layer to  the deep 

ocean, changes in sea ice immediately affect the local air-sea exchange by growth and 

melting of the sea ice. Sea ice melting and formation also leads to  changes in water 
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Figure 5.10: LGM-evp-gm seasonal sea ice, air-sea C 0 2  flux, overturn- 
ing and SSTs. Top panel (a,b): northern and southern hemisphere 
C 0 2  flux (Pg C yr-l) plotted with sea ice cover (m2). Bottom panel: 
C 0 2  flux and corresponding meridional overturning strength in the 
North Atlantic (c) and C 0 2  flux plotted with globally averaged SST 
(4 

mass properties which affect deep convection. An increase in freshwater input through 

sea ice melt decreases the density of surface waters and reduces convection. On the 

other hand, sea ice formation, which rejects dense brine, has the opposite effect. Thus 

changes in sea ice lead to immediate local changes in C02 uptake through increased or 

decreased air-sea exchange and secondarily through changes in water mass properties 

which are not immehately felt on the oceanic pCOz. In the LGM-evp-gm experiment, 

it seems that the daily integrated flux over the northern hemisphere is influenced 

more by slower changes in the overturning strength than by local increases in air-sea 

interaction. Changes in SST also affect C02 uptake; as SSTs increase, solubility of 

C02 in surface waters decreases. Fig. 5.10d shows that as the globally averaged SST 

decreases, GOz flux increases and vice versa. 

Figure 5.11 shows both north and southern hemisphere changes in sea ice cover 



Figure 5.11: Changes in northern hemisphere sea ice (m2) and air- 
sea C02 flux (Pg C yr-l) (a,b) for evp-cntrl (blue), noevp-cntrl (red) 
and noevp/grn-cntrl (pink). (c,d) are the same except for southern 
hemisphere. 

and C 0 2  flux over the first 100 years of model runs for evp-cntrl (blue curves) and 

noevp-cntrl (red curves) and for the first 200 years of model run for noevp/gm-cntrl 

(pink curves). These time intervals correspond to those of the difference maps seen 

in the previous sections. In both hemispheres, C 0 2  flux and sea ice cover initially 

decrease for each experiment when 8 kBP boundary conditions are applied. After the 

initial decrease in both C 0 2  and sea ice cover, C 0 2  flux begins to increase slowly while 

sea ice cover slowly decreases over the interval. C 0 2  flux in the northern hemisphere 

however is positive for each experiment over the first 100 year period, indicating that 

the ocean is taking up C 0 2  rather than outgassing. One exception to this is the 

noevp-cntrl run where both C 0 2  flux and sea ice cover slowly increase over the first 

50 years. 

Altogether the northern hemisphere sea ice cover changes the most dramatically 

in evp-cntrl (from 20 x lo6 km2 to 16.6 x lo6 km2 compared to southern hemisphere 



I experiment I integrated C 0 2  flux / integrated C 0 2  flux 1 total C 0 2  (atm) 1 
evp-cntrl 

Table 5.3: Integrated carbon flux for southern and northern hemi- 
spheres during 100 years of model runs (corresponding to Fig. 5.11). 
The total carbon flux is negative in each case, indicating an overall 
outgassing to the atmosphere. The integrated carbon in the southern 
hemisphere shows an outgassing for each experiment whereas in the 
northern hemisphere there is an overall uptake of carbon. The total 
integrated carbon flux can be compared to the increase shown in the 
atmosphere (Fig 5.9). 

noevp-cntrl 
noevp/gm-cntrl 

changes of 13.9 x lo6 km2 to  12.6 x lo6 km2). Table 5.3 shows the integrated C 0 2  

flux for each hemisphere. The southern hemisphere integrated C 0 2  flux for each 

experiment is negative, indicating an overall outgassing of C 0 2  to the atmosphere 

whereas the northern hemisphere shows an overall uptake. The southern hemisphere 

however seems to dominate changes in C 0 2  flux as the overall effect is a net outgassing 

and corresponding increase in atmospheric C02 .  The dominance of the southern 

ocean outgassing can also be seen in Fig. 5.3a,c,e. Although there is increased uptake 

where sea ice concentrations have decreased, there is a large regional increase in 

outgassing (more negative) after 100 years in each model. This outgassing occurs 

between about 60-45"s and corresponds to an increase in heat flux along this band. 

Although each model shows a net positive flux in the northern hemisphere, they are 

not regionally consistent in their patterns of uptake if the flux maps in Fig. 5.3 are 

compared. The evp-cntrl model shows the smallest difference in uptake which is 

likely due to  the change in sea ice cover in the North Atlantic. noevp-cntrl on the 

other hand, shows an increase in sea ice cover here and a corresponding decrease in 

uptake, although the tropical Atlantic shows a large regional increase in uptake. The 

integrated uptake in noevp/gm-cntrl is the largest (10.43 Pg C) although except for 

small increases along the tropical Pacific and Atlantic, there are no obviously large 

regional differences. 

Our model's present day sea ice cover in the Southern Ocean is slightly larger than 

observations (8.2 x lo6 km2 compared to  our model, 11.6 x lo6 km2). Although sea 

ice concentrations in the Southern Ocean increase in our LGM simulation (13.9 x 

lo6 km2), the equatorward extent is underestimated in both the Drake passage and 

south of Australia as compared to  estimates made by Crosta and Pichon (1998). Since 

SH (Pg C) 
-8.71 
-19.09 
-21.47 

NH (Pg C) 
2.74 

( P P ~  
-2.77 

9.38 
10.43 

-4.51 
-5.13 



changes in sea ice in the Southern Ocean affect air-sea gas exchange and production 

of AABW, further influencing C 0 2  flux, our modelled sea ice cover may lead to  slight 

differences in C 0 2  flux, although it is unlikely that they are significant as the overall 

changes shown here are very small. 

It has been suggested that changes in Antarctic sea ice cover have little influence 

on atmospheric C 0 2  concentrations in ocean GCMs model studies due to  excessive 

low-latitude upwelling of deep water in the Southern Ocean (Stephens and Keeling, 

2000). Using a similar model version to ours, Saenko et al. (2002) show improved 

Southern Ocean tracer distributions with the inclusion of wind advected sea ice and 

Schmittner (2003) showed good agreement between radiocarbon ages in glacial bot- 

tom water reconstructions also using a similar model version which included wind 

advected sea ice, isopycnal and GM mixing. Gnanadesikan and Toggweiler (1999), 

using the GFDL ocean model (Pacanowski, 1995), showed that including both isopy- 

cnal and GM mixing reduces the overall rate of vertical exchange in the South- 

ern Ocean and significantly improves silicate fluxes when compared to data. Using 

our pd-evp-gm model, we also show good agreement with anthropogenic C 0 2  data 

(Gruber, 1998) under global warming scenarios (Chapter 3). Without the inclusion 

the GM parameterization (including isopycnal mixing) and dynamical sea ice both 

LGMaoevp-gm and LGMnoevp-nogm show no overturning cell in the Southern 

Ocean. It is generally thought that the Southern Ocean was saltier during the LGM 

due to  both a decrease in sea level and an increase in brine rejection due to sea ice 

formation. It is likely that the formation of AABW increased and certainly the two 

models which show no overturning seem unrealistic. 

Figure 5.12a shows the meridional overturning streamfunction south of 30"s for 

the equilibrium run LGM-evp-gm. The rate of the overturning is about 8 Sv, whereas 

the other equilibrium models show no overturning, or Deacon cell, when sea ice 

dynamics is not included. Improvements in model CFC distributions in the Southern 

Ocean are mostly a result of improved AABW formation (see for e.g. Saenko et al., 

2002; Dutay et al., 2002). 

The rate and location of bottom water formation is controlled by the wind driven 

divergence of sea ice around Antarctica. AABW is fed by brine release during re- 

growth of sea ice around Antarctica. This is enhanced by sea ice movement away 

from Antarctica, exposing open water to  cold air and increased heat loss, leading to 

further sea ice growth and associated brine rejection (Saenko et al., 2002). The rate 

of AABW formation is slightly stronger in our LGM simulation over our present day 

simulation (with the same sea ice and mixing parameterizations) due to an increase 



in density of AABW, consistent with Schmittner (2003). 

The 8 kBP equilibrium run (8kBP-evp-gm) has a slight reduction in the merid- 

ional overturning strength in the Southern Ocean ( 1 Sv). Fig. 5.12b shows the dif- 

ference between the equilibrium 8kBP-evp-gm and the perturbation evp-cntrl (with 

8 kBP boundary conditions) experiments. There is little difference in the South- 

ern Ocean overturning between the equilibrium and perturbation run, however the 

overturning strength in the North Atlantic is about 4 Sv stronger in the equilibrium 

run. North Atlantic overturning strength for each model is plotted in (c), where the 

individual data points plotted represent the equilibrium overturning strengths for 

evp-cntrl and noevp-cntrl models. 

There is clearly a large difference between the equilibrium and perturbation over- 

turning strengths in the North Atlantic (Fig. 5.12~).  Over the 100 yr period, there 

is almost no change in the strength of the overturning in either evp-cntrl or no- 

evp/gm-cntrl. The equilibrium overturning however is -- 8 Sv stronger than in the 

perturbation. noevp-cntrl shows a very large reduction after 100 yrs from 12 Sv to 

3 Sv, compared to  the equilibrium overturning of 14 Sv. This is due to  the increase 

in sea ice cover in the North Atlantic which causes a much shallower and weaker 

formation of bottom water in this region. This decrease in overturning leads to  a 

reduction in North Atlantic C 0 2  uptake. Corresponding to 8kBP radiative forcing, 

the SSTs in each model also increase, leading to  a reduction in overall uptake through 

solubility effects. 

5.4 Discussion and Conclusions 

In this chapter, we applied 8kBP boundary conditions (orbital and radiative) to three 

different LGM models, varying sea ice and mixing parameterizations, in order to  

study changes in oceanic C 0 2  uptake and resulting atmospheric C 0 2  concentrations 

during glacial to  interglacial transition. Using a coupled ocean-atmosphere-sea ice 

model, including an inorganic carbon cycle, we find little change in atmospheric C 0 2  

concentrations under changed glacial-interglacial boundary conditions. 

Recent box model studies have shown promising results in explaining glacial- 

interglacial C 0 2  changes through changes in either sea ice cover or water column 

stratification in the Southern Ocean (for e.g. Stephens and Keeling, 2000; Toggweiler, 

1999; Gildor and Tziperman, 2002). Archer et al. (2003) suggests that atmospheric 

pC02 in box models is largely controlled by the high latitudes, whereas in GCMs 

the control of high and low latitudes is more evenly distributed making the Southern 
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Figure 5.12: (a) Meridional overturning st reamfunction in the south- 
ern hemisphere for LGM-evp-cntrl. Shaded regions (negative con- 
tours) are counterclockwise. The maximum strength is 4 3  SV. 
(b) Difference in overturning st rearnfunct ion between equilibrium 
(8kBP-evp-gm) and perturbation (evp-cntrl) . (c) North Atlantic 
overturning strength (Sv) for evp-cntrl (blue), noevp-cntrl (red) and 
noevp/gm-cntrl (pink) experiments. Individual data points indicate 
equilibrium value at 8kBP for evp model (blue) and noevp (red). (d) 
Globally averaged SSTs for each experiment as in c. 



Ocean mechanisms (increased sea ice cover and/or stratification) significantly less 

important. In this chapter, we have explored changes in C 0 2  concentration related 

to  sea ice changes and model sea ice parameterization, by applying 8 kyr BP boundary 

conditions to  an LGM equilibrium. Although we find large changes in both northern 

and southern hemisphere sea ice cover, and large inter-model variation in the rates 

of AABW, we find atmospheric C 0 2  concentrations change by at  most 6 ppmv. 

When each boundary condition is considered separately, changes in both orbital 

and radiative forcing lead to  large regional changes in C 0 2  uptake. Changes in radia- 

tive C 0 2  forcing however lead to the largest changes in C 0 2  flux and are responsible 

for a positive increase in atmospheric C02.  Orbital forcing, on the other hand, re- 

sulted in a slight decrease in atmospheric C02 .  Using a similar model, taking into 

account the presence of ice sheets via an ice albedo feedback, Weaver et al. (1998) 

showed that the most important forcing in representing an LGM climate is atmo- 

spheric C02 ,  with ice sheet albedo feedbacks also contributing to cooling. With 

the inclusion of an interactive continental ice sheet to  this model, Yoshimori et al. 

(2001) found that orbital forcing is more important than C 0 2  forcing for ice-sheet 

maintenance and deglacial processes, although both need to  act together for com- 

plete deglaciation to  occur. This suggests that the inclusion of the continental land 

ice model may be an important component if we are to  properly address glacial- 

interglacial C 0 2  uptake. 

When 8 kBP boundary conditions are applied to each LGM equilibrium, sea ice 

cover in both hemispheres decreases. Correspondingly, there is an initial decrease in 

C 0 2  flux which then gradually increases as sea ice cover decreases. The meridional 

overturning in the Southern Ocean does not change significantly in the dynamics sea 

ice (evp) model, however there is no formation of AABW when thermodynamic only 

sea ice is included in either the LGM or perturbation experiments. The strength of 

the North Atlantic overturning changes little except when thermodynamic only sea 

ice is used (including GM parameterization for tracer mixing) which shows an increase 

in sea ice cover in the North Atlantic and a corresponding decrease in overturning of 

9 Sv. Global SSTs are shown to  increase in each model and related solubility changes 

contribute to  a decrease in uptake. Overall, the southern hemisphere dominates 

the changes in C 0 2  flux and the integrated flux is negative indicating a decrease in 

uptake and corresponds to the increase in atmospheric COz. The resulting increase 

in atmospheric C 0 2  is dominated by decreased oceanic uptake between 60-45"s in 

the southern hemisphere. This feature corresponds to a similar pattern in increased 

heat flux. Although the decrease in northern hemisphere sea ice cover is larger than 



that in the southern hemisphere, the integrated COz flux is positive in the north and 

negative in the southern hemisphere. 

We show that different model parameterizations for both sea ice and mixing result 

in large regional differences in C 0 2  uptake although we find little overall variation in 

atmospheric C 0 2  through physical mechanisms alone. The importance of the biolog- 

ical carbon cycle in addressing glacial-interglacial transition cannot be overlooked. 

It is possible that these physical 'Southern Ocean' mechanisms, may have a much 

larger effect on atmospheric C 0 2  with the inclusion of both biological and carbonate 

pumps and so cannot be excluded. We also suggest that the coupling of a continental 

land ice model (Yoshimori et al., 2001), which improves LGM climatology, may also 

be a critical component to  improving our understanding of glacial-interglacial C 0 2  

cycles. 



6 Conclusions 

In this thesis, an investigation of the inorganic carbon cycle under both past and 

future climate change has been carried out. The UVic Earth System Model was used, 

which incorporates a three-dimensional ocean general circulation model coupled to 

an energy moisture balance model of the atmosphere and a thermodynamic-dynamic 

sea ice model. To this model, I have coupled an inorganic carbon component, largely 

based on the OCMIP protocols (Orr et al., 1999). This model is an important step in 

addressing questions concerning the inorganic carbon cycle. In particular, an analysis 

of the feedbacks acting on the inorganic carbon cycle under future atmospheric C02 

forcing is carried out. The response of the carbon cycle to past climate change, 

including glacial-interglacial and abrupt transitions, is then examined. 

Future climate experiments were carried out whereby atmospheric C 0 2  concentra- 

tions were increased exponentially from 1850 to 2100. In this study, the importance 

of the oceans in buffering atmospheric C02 is reaffirmed. It was found that the 

oceans have the ability to take up an additional 65-75% of the excess C02  in the 

atmosphere when climate feedbacks are included, confirming earlier studies carried 

out by Archer et al. (1997). Excess COz that can potentially be taken up by the 

oceans depends on the final atmospheric C02  concentration, where a lower final con- 

centration reveals that more C02  will be taken up in the long run. When climate 

feedbacks are assessed by removing their effects on carbon uptake, it was found that 

the oceans are able to take up an additional 44 PgC. Although there is an increase 

in SST under climate feedbacks, there is a slight increase in overturning once the 

atmospheric forcing is removed and a significant reduction in sea ice extent in both 

hemispheres which together help to counteract the solubility changes. 

Model parameterizations of both sea ice and sub-grid-scale mixing processes have 

also been examined. We find that the inclusion of the Gent McWilliams mixing 

scheme leads to less uptake globally, ~ 6 % )  and significant regional differences in up- 

take. The inclusion of this parameterization has been shown to improve model results 

in the UVic coupled model when compared to both CFC and radiocarbon observa- 

tions (Robitaille and Weaver, 1995; Saenko et al., 2002; Schmittner, 2003) and this 

study also reveals the importance of ocean model parameterizations in obtaining bet- 

ter model estimates of oceanic carbon fluxes. The inclusion of both thermodynamic 

sea ice and dynamic sea ice have also been examined. We find little difference in the 



overall global uptake between sea ice representations, although there are significant 

differences in regional uptake patterns and sea ice extent, most notably in the North 

Atlantic and southern hemisphere. Since the high latitude regions play a critical role 

in excess carbon sequestration, it is imperative that climate models include improved 

parameterizations of these processes in order to  gain a better understanding of how 

carbon uptake will be affected in these regions. 

Paleoclimate studies have also been carried out in this thesis, in particular an ex- 

amination of the sensitivity of the carbon cycle to  changes in radiative forcing during 

glacial-interglacial transition as well as abrupt climate changes in the past. Abrupt 

climate changes are documented in paleoclimate records which reveal that changes 

in the overturning circulation in the North Atlantic played a key role in these transi- 

tions. In order to  investigate the response of the carbon cycle to  abrupt transitions, 

we investigate the effects of freshwater forcing in both hemispheres under an LGM cli- 

mate. In order to simulate possible Heinrich events, meltwater pulses were introduced 

into the North Atlantic. This reveals that atmospheric C 0 2  concentration increases 

by 14 ppmv, primarily due to  a reduction in overturning strength and changes in sea 

ice extent. The difference in atmospheric C 0 2  concentration correspond well with 

the 15-20 ppmv difference as recorded during strong D - 0  oscillations (Stauffer et al., 

1998). 

Southern ocean perturbations have also been examined following Weaver et al. 

(2003) that suggest meltwater pulse 1A may have originated from the Antarctic 

ice sheet rather from a northern hemisphere source. By introducing a freshwater 

pulse just north of the Antarctic Circumpolar Current where AAIW water forms 

in our model (Saenko et al., 2002), we find a large increase in atmospheric C 0 2  

concentrations of 32 ppmv. Although this is a much larger change (N  25 ppmv) than 

recorded in Antarctic ice core records from Dome C (Monnin et al., 2001), it is an 

important result in gaining insight into this period. Overall, this study finds that 

circulation changes as well as solubility changes affect C 0 2  uptake when modelling 

abrupt changes originating in both hemispheres. 

In order to  examine the response of the carbon cycle during glacial-interglacial 

transition, 8 kyr BP boundary conditions were applied to an LGM equilibrium cli- 

mate, namely orbital parameters corresponding to  8 kyr BP and atmospheric C 0 2  

radiative forcing set to  280 ppmv. By changing both the orbital forcing and the 

C 0 2  radiative forcing there is little change in the resulting atmospheric C 0 2  due to 

physical processes alone. This finding does not confirm recent box model studies 

(Toggweiler, 1999; Stephens and Keeling, 2000; Gildor and Tziperman, 2002) which 



suggest that an 80 ppmv change in atmospheric C 0 2  occurred due to physical pro- 

cesses, in particular changes in Southern Ocean sea ice extent and stratification. 

Certainly this result yields a large discrepancy between our 3-dimensional GCM and 

the box model studies, and following Archer et al. (2003) we advise that more work 

is needed in order to improve our understanding of these differences, certainly re- 

garding the differences in the high latitude sensitivity of these models. As a general 

consensus, more observational evidence for C 0 2  uptake in the high latitude regions, 

particularly the Southern Ocean are needed to  improve validation of our models. 

Although we find little overall change in atmospheric C02 ,  there are significant 

changes in the Southern Ocean, indeed the southern hemisphere changes dominate 

the overall differences in carbon uptake. Changes due to  C 0 2  radiative forcing from 

200 to  280 ppmv are also found to  be more important than the difference in uptake 

due to  orbital forcing alone. Although there is a decrease in solubility due to  in- 

creased SST, which favour outgassing, decreases in sea ice in both hemispheres lead 

to  increased uptake due to greater air-sea interaction. The Southern Ocean domi- 

nates the uptake however through a large increase in heat flux throughout, leading to  

a significant decrease in uptake here. Decreased sea ice cover, primarily in the North 

Atlantic, mostly counteracts this change however, resulting in a small net increase in 

atmospheric C02.  

Overall, this suggests that climate feedbacks affect carbon uptake under both fu- 

ture and paleoclimate perturbations which have been examined in this thesis. This 

analysis also reveals that changes in uptake are due to  several different feedbacks act- 

ing on the carbon system including solubility effects, buffering capacity, and changes 

in sea ice extent and circulation. Another key finding throughout this study is the 

importance of sea ice and sub-grid-scale mixing parameterizations on carbon uptake. 

The inclusion of both the Gent McWilliams parameterization for mixing of tracers 

and a dynamical sea ice component show significant differences in regional carbon 

uptake and zonal DIC profiles. Significant improvements are seen in the high latitude 

regions, which are the most important regions for carbon uptake and thus should be 

included in model studies. Although assessing changes in inorganic ocean carbon 

uptake under anthropogenic forcing without the consideration of biological processes 

is perhaps justified, our studies reveal that these processes cannot be overlooked. 

Certainly when examining glacial-interglacial cycles, we suggest that the inclusion 

of both biological and carbonate pumps may be important components to  unlocking 

the mystery of these cycles. 
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