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Abstract 
This thesis explores the role of terrestrial vegetation in the global climate sys- 

tem in a series of modelling studies using the University of Victoria Earth System 

Climate Model (UVic ESCM). The ways that vegetation affects climate, as well as 

the feedbacks that operate between changing climate and vegetation distributions, 

are investigated within the framework of three foci: 1) historical land cover changes 

that have resulted from human modification of natural vegetation cover; 2) historical 

land cover change and the dynamics of terrestrial vegetation in the context of anthro- 

pogenic and natural climate change; and 3) the role of terrestrial vegetation in the 

global carbon cycle. 

First, the radiative effect of changing human land-use patterns on the climate 

of the past 300 years is discussed through analysis of a series of equilibrium and 

transient climate simulations using the UVic ESCM. These experiments highlight the 

biogeophysical effects of historical land cover change on climate: those that result 

from physical changes to the land surface under altered vegetation cover. Results 

show a global cooling in the range of -0.06 to -0.22 "C, though this effect is not found 

to be detectable in observed temperature trends. Using a global carbon cycle the 

climatic effects of land cover change emissions (the biogeochemical effect of histori- 

cal land cover change) are assessed. The resultant warming is found to exceed the 

biogeophysical cooling by 0.15 "C. 

Second, the effect of historical land cover change is compared with the effects 

of natural forcings (volcanic aerosols, solar insolation variability and orbital changes) 

and other anthropogenic forcings (greenhouse gases and sulphate aerosols). Transient 

model runs from the year 1700 to 2000 are presented for each forcing individually as 

well as for combinations of forcings. I find that the UVic model reproduces well 

the global temperature data when all forcings are included. In the context of these 

anthropogenic and natural climate influences, the response of vegetation distributions 

to changing climate is explored through the use of a dynamic global vegetation model 

coupled interactively to the UVic ESCM. Transient simulations of the past 300 years 

are repeated using this new model so as to isolate the biogeophysical feedbacks that 

operate between vegetation and climate. Dynamic vegetation is found to act as a 

positive feedback to climate, amplifying both warming and cooling climate trends. 



Third, the development of a global carbon cycle model allows for investigation of 

the role of terrestrial carbon cycle dynamics under past and future climate change. 

When forced by historical emissions of C02 from fossil fuels and land-use change, the 

coupled carbon cycle model accurately reproduces historical atmospheric C02 trends, 

as well as terrestrial and oceanic uptake for the past two decades. Under six 21St 

century C02 emissions scenarios, both terrestrial and oceanic carbon sinks continue 

to increase, though terrestrial uptake slows in the latter half of the century. The 

modelled positive feedback between the carbon cycle and climate is relatively small, 

resulting in an increase in simulated C02 of 60 ppmv at the year 2100. Including non- 

C02 greenhouse gas forcing and increasing the model's climate sensitivity increases 

the effect of this feedback to 140 ppmv. The UVic model does not, however, simulate 

a switch from a terrestrial carbon sink to a source during the 2lSt century, as earlier 

studies have suggested. This can be explained by a lack of substantial reductions in 

simulated vegetation productivity due to climate changes. 
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Chapter 1 

Introduction 

1.1  The Science of Climate Change 

In 1996, the Intergovernmental Panel on Climate Change (IPCC) published its Second 

Assessment Report on the state of climate change science around the world. In the 

opening pages was the following statement representing a consensus opinion from the 

world's climate scientists: 

The balance of evidence suggests a discernible human influence on global 
climate (Houghton et al. 1996, p. 4). 

This remarkable statement was strengthened five years later when the Third Assess- 

ment Report was released: 

There is new and stronger evidence that most of the warming observed 
over the last 50 years is attributable to human activities (Houghton et al. 
2001, p. 10). 

These statements form a clear message of the growing scientific understanding of 

climate change and the profound influence that human activities are having on the 

climate system. Instrumental records of temperature (shown in Figure l . la)  over the 

past 150 years have documented a global temperature increase of O.6f 0.2 "C since 

the beginning of the industrial revolution. Careful measurements of important at- 

mospheric trace gases have shown a parallel increase in atmospheric concentrations 

of greenhouse gases such as carbon dioxide (COa), methane (CH4) and nitrous oxide 

(N20). Figure 1.2 shows historical measurements of these gases compared to recon- 

structed estimates of their concentrations over the past 1000 years. In all cases, recent 

measurements show substantial increases over st able pre-industrial conditions. 
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Figure 1 .1 :  (a) Global temperature change from instrumental records 
and (b) Northern hemisphere temperature from proxy record reconstruc- 
tion. Reprinted from Houghton et al. (2001, Summary for Policymakers, 
Figure 1). 



Figure 1.2: Recent measured trends in the atmospheric concentration 
of carbon dioxide, methane and nitrous oxide, superimposed on recon- 
structed estimates for the past 1000 years. Reprinted from Houghton 
et al. (2001, Summary for Policymakers, Figure 2). 



Reconstructions of historical temperature and greenhouse gas records from climate 

proxies, such as tree rings, coral and ice cores, have shown that recent trends are a 

distinct anomaly. Mann et al.'s (1999) reconstruction (shown in Figure l . lb)  showed 

that recent Northern hemisphere mean surface temperatures exceed any that have 

occurred in the past 1000 years. Mann and Jones (2003) presented evidence that 

this conclusion may also hold for the past 2000 years. Longer records extracted from 

ice cores (see for example Petit et al. 1999) show that temperature and greenhouse 

gas changes have been tightly correlated for a least the last 400,000 years, a period 

that covers four glacial cycles. As shown in Figure 1.3, C02  concentrations have 

varied between 200 and 300 ppm across glacial-interglacial cycles, with methane also 

varying between about 400 and 700 ppb. This reconstruction revealed that current 

concentrations of C02  (370 ppm) and methane (1700 ppb) far exceed any that have 

occurred over this time span and this suggests that global temperatures are likely to 

continue to increase in response to current greenhouse gas levels. 

It is well known that radiatively active gases (so-called greenhouse gases: C02,  

methane, nitrous oxide, halocarbons and tropospheric ozone) affect the global ra- 

diative budget by absorbing and re-emitting some amount of the outgoing longwave 

radiation emitted by the Earth's surface. The effect of radiatively active gases on the 

climate system can be described by the concept of radiative forcing, defined in the 

IPCC Second Assessment Report as: 

The radiative forcing of the surface-troposphere system due to the pertur- 
bation in or the introduction of an agent (say a change in greenhouse gas 
concentrations) is the change in net (down minus up) irradiance (solar plus 
long-wave; in Wm-2) at the tropopause after allowing for stratospheric 
temperatures to readjust to radiative equilibrium but with surface and 
tropospheri'c temperatures and state held fixed at the unperturbed values 
(Ramaswamy et al. 2001, p. 352). 

Greenhouse gases have had a positive radiative forcing on the climate system by 

decreasing outgoing longwave radiation at the top of the atmosphere by an amount 

on the order of 2.5 WmW2 for the period from pre-industrial (1750) to present (2000). 
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Figure 1.3: Temperature, carbon dioxide and methane reconstructions 
from Antarctic ice-core records of the past 400,000 years (Petit et al. 1999). 
Reprinted from Houghton et al. (2001, Figure 2.22). 



Radiative forcings for greenhouse gases and a number of other agents are shown in 

Figure 1.4. Of the human influences shown here, only the effect of greenhouse gases 

carries a reasonable level of scientific understanding. The direct effect of sulphate 

aerosols (emitted from the combustion of fossil fuels along with greenhouse gases) 

is shown here to have a negative radiative forcing. This effect describes the role of 

sulphate aerosols in back-scattering incoming solar radiation, and has been shown to 

partially offset greenhouse-gas induced warming in a number of recent model sim- 

ulations (see for example Johns et al. 2003). Johns et al. (2003) also incorporated 

the first indirect effect of sulphate aerosols, whereby the presence of anthropogenic 

sulphate aerosols increases cloud formation by providing additional cloud condensa- 

tion nuclei. This study gave some support to the (very uncertain) negative radiative 

forcing estimate shown here, that is thought to result from increased cloud cover, and 

an associated decrease in net radiation at the surface. 

Also shown in Figure 1.4 is an estimate of the small negative radiative forcing 

that has resulted from historical land-use and land cover change. Shown here is the 

effect of increases in surface albedo that have resulted from large-scale conversion of 

natural vegetation (forest) cover to agricultural areas or pasture. Changes in solar 

irradiance over the past 250 years are thought to have generated a small positive 

radiative forcing, as shown at the far right of Figure 1.4. Large volcanic eruptions 

are known to have strong periodic effects on climate through large-scale emissions of 

sulphate aerosols into the stratosphere. This results in a short term cooling (on the 

order of a few years) as a result of back-scattered incoming solar radiation (Robock 

2000). The net long-term radiative forcing is small, however, and is not included in 

Figure 1.4. 

These natural and anthropogenic climate forcings impose an external perturba- 

tion on the global climate system. The response of the climate system to these 

forcings is highly dependent on internal climate processes and feedbacks. Climate 
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Figure 1.4: Global, annual mean radiative forcings (Wme2) for the pe- 
riod from pre-industrial (1750) to present (2000), along with their respec- 
tive levels of scientific understanding. Reprinted from Houghton et al. 
(2001, Summary for Policymakers, Figure 9). 



feedbacks have the potential to either amplify (positive feedback) or reduce (negative 

feedback) the effect of an external forcing leading to either an increased or lessened 

temperature response. Important internal climate feedbacks include the effects of 

changes in atmospheric water vapour (positive), changes in outgoing longwave radia- 

tion (negative), changes in ocean circulation and heat transport (positive or negative), 

changes in sea-ice and snow distributions (positive), dynamic vegetation distribution 

changes (usually positive), changes in plant photosynthesis under increased atmo- 

spheric C02  (negative) and the response of the terrestrial carbon cycle to climate 

warming (positive). The response of cloud abundances and distributions to climate 

change also constitutes a potentially important feedback to climate, though the sign 

of this feedback is as yet uncertain on account of the difficulty in parameterizing 

clouds in general circulation climate models and the highly varied responses that re- 

sult from climate forcing in different models (Stocker et al. 2001). By necessity, the 

net effect of all feedbacks in the climate system is negative, resulting in an overall 

stabilizing response to external perturbations. 

One of the first comprehensive simulations of the climate response to natural and 

anthropogenic forcings was carried out by Stott et al. (2000) using the HadCM3 

dynamical climate model. Their study presented simulations of the climate response 

to natural forcings alone (volcanoes and solar variability), anthropogenic forcings 

alone (greenhouse gases, tropospheric and stratospheric ozone and sulphate aerosols) 

and all model forcings combined. The results of this simulation (shown in Figure 

1.5) suggested a number of important conclusions. First, natural forcings alone can 

account for much of the climate warming that was observed in the early part of 

the 2oth century, as well as some of the cooling in mid-century. Second, natural 

forcings alone did not reproduce late 20th century warming, whereas this trend was 

well captured by the simulation forced by anthropogenic processes. Third, the best 

fit to observed temperature trends was seen clearly in the model run that included 



both natural and anthropogenic climate forcings. 

Simulations such as these have also been used to statistically link observed tem- 

perature trends to specific causes, a process referred to as detection and attribution. 

First, model simulations are compared to observations to show that simulated tem- 

perature responses are statistically consistent with observations (the simulated trend 

is detectable in the observed trend). If a temperature signal is detected, the cause of 

the simulated trend (e.g. forcing by greenhouse gases) can be shown to be responsible 

for trends seen in observations (observed trends are attributed to a specific cause). 

Using simulations from the HadCM2 model, Tett et al. (1999) successfully attributed 

climate warming in the second half of the 20th century to a combination of green- 

house gas and sulphate aerosol forcings. Warming in the early part of the century was 

also shown to result from a combination of anthropogenic and solar forcings. Stott 

et al. (2001) and Jones et al. (2003) extended this research and also showed that 

volcanic forcing could be detected in 2oth century temperature trends. Their research 

has played an important role in establishing scientific confidence that anthropogenic 

activities are having a measurable effect on the climate system. 

Several reduced complexity climate models (suitable for longer simulations and 

sensitivity studies) have also been used to simulate the climate response to external 

forcings over the past 1000 years. Crowley (2000) incorporated solar irradiance and 

volcanism as well as anthropogenic changes in greenhouse gases and sulphate aerosols 

into simulations using an energy balance climate model. Crowley's (2000) results indi- 

cated that a large portion of pre-anthropogenic climate variability was a result of solar 

and volcanic forcing; Crowley (2000) was also able to reproduce much of the 20th cen- 

tury warming from greenhouse gas forcing alone. Bauer et al. (2003) performed similar 

simulations using a climate model of intermediate complexity (CLIMBER-2), and ex- 

tended Crowley's (2000) study by including the effects of historical land cover change. 

Bauer et al. (2003) reported a cooling associated with land cover change; this cool- 



Simulated annual global mean surface temperatures 

(a) Natural (b) Anthropogenio 

-1.0 I I I 

1850 1900 7 950 2000 
Year 

Figure 1.5: Climate response to (a) natural forcings (volcanoes and solar 
variability), (b) anthropogenic forcings (greenhouse gases, tropospheric 
and stratospheric ozone and sulphate aerosols) and (c) all model forcings, 
compared to observed temperature changes (Stott et al. 2000). Reprinted 
from Houghton et al. (2001, Summary for Policymakers, Figure 4). 



ing resulted in more overall simulated cooling in the all-forcings model run than was 

reported by Crowley (2000), and brought the simulation into somewhat better agree- 

ment with historical temperature reconstructions. Bertrand et al. (2002) reported on 

a detailed sensitivity study using a two-dimensional sector-averaged climate model 

which was forced over the past millennium by solar changes, volcanism, deforesta- 

tion, greenhouse gases and tropospheric sulphate aerosols. This study showed that, 

despite the uncertainties associated with reconstructions of natural climate forcings, 

natural influences were unable to generate a climate response of comparable magni- 

tude to that observed in the late 2oth century. Bertrand et al. (2002) also argued 

that land cover changes and sulphate aerosols were both necessary to best match the 

simulation results with recently observed temperature trends. 

Global climate models have also been used extensively to assess the likelihood and 

magnitude of continued climate warming in response to future emissions of anthro- 

pogenic greenhouse gases. The IPCC Third Assessment Report projected global tem- 

perature increases over the 2lSt century to be in the range of 1.4 to 5.8 "C (Houghton 

et al. 2001). This projection (illustrated in Figure 1.6) was generated by averaging 

the results simulated by a number of climate models around the world, as well as 

by incorporating results from a simple climate model tuned to the climate sensitiv- 

ities (the temperature response to a doubling of atmospheric C02) of a number of 

more complex models. All simulations presented in this figure make use of a range 

of emissions scenarios (provided by the IPCC Special Report on Emissions Scenarios 

(SRES) (Nakibenovib et al. 2000)) that have been run through simple carbon cycle 

and atmospheric chemistry models to generate projected atmospheric greenhouse gas 

concentrations that can be used to force more sophisticated global climate models. 

Recently, global climate models have been developed to include interactive global 

carbon cycles, and are now able to calculate atmospheric C02  prognostically as a 

function of anthropogenic emissions and fluxes of carbon between the atmosphere, 
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Figure 1.6: Projected 2lSt century temperature increases from the IPCC 
Third Assessment Report for a number of future emissions scenarios. Re- 
sults are from simulations by a simple model tuned to the climate sensi- 
tivity of several more complex climate models ("Several models all SRES 
envelope") and by the average from these more complex models for the 
range of scenarios simulated ("Model ensemble all SRES envelope"). Re- 
sults are shown for the 21st century alone (a), and also in relation to sim- 
ulations of historical temperature changes (b) . Reprinted from Houghton 
et al. (2001, Technical Summary, Figure 22). 



ocean and terrestrial biosphere. These coupled climate carbon cycle models are now 

being used to explore potentially large positive feedbacks between the carbon cycle 

and climate that are not captured when simulations are forced by specified greenhouse 

gas levels (Cox et al. 2000, Dufresne et al. 2002). The two such models that have so 

far been developed have introduced a new layer of uncertainty into future projections 

of climate warming. In particular, the response of the terrestrial carbon cycle to 

anthropogenic climate change is currently a subject of much research and debate (see 

for example F'riedlingstein et al. 2003). 

1.2 Outline of Dissertation Research 

In this dissertation, I focus on the role of terrestrial vegetation in the climate system, 

considering both the climate forcing that has resulted from human modification of 

global vegetation cover, and the mechanisms by which vegetation acts as an internal 

feedback to climate. I carried out climate simulations using the University of Victo- 

ria Earth System Climate Model (UVic ESCM), an intermediate complexity climate 

model that is particularly well situated to explore the role of external climate in- 

fluences and internal climate feedbacks that operate over time scales of decades to 

centuries. 

I begin in Chapter 2 by describing the UVic ESCM, along with details of the 

modifications and improvements that have been incorporated into the model for the 

purpose of the experiments presented in this dissertation. Chapter 3 is devoted to the 

climate effects of the historical land cover changes that have resulted from human con- 

version of natural vegetation types to areas of agriculture, pasture and other human 

land-use activities. I first investigate the climate forcing that results from physical 

changes to the land surface (such as increased albedo) by using a number of equi- 

librium and transient climate simulations under a variety of model configurations. I 



also present simulations using a coupled climate carbon cycle model to assess the con- 

tribution of COz emissions from historical land cover change to observed greenhouse 

warming. 

In Chapter 4, I present transient simulations forced by historical land cover change 

in the context of other anthropogenic (greenhouse gases and sulphate aerosols) and 

natural (volcanic aerosols, solar insolation and orbital variability) climate forcings. I 

analyze simulations forced by each of these climate influences individually, as well as 

by combinations of forcings, both to assess the ability of the UVic ESCM to reproduce 

the historical temperature record, and investigate the contribution of individual and 

combined forcings to the simulated temperature trends. As part of this exploration, 

an attempt is made to detect the response of the climate model to historical land 

cover change in historical temperature observations. In this chapter, I also introduce 

transient simulations using a dynamic terrestrial vegetation model; these simulations 

highlight the role of vegetation dynamics as a positive feedback to climate under 

anthropogenic climate change. 

Chapter 5 is dedicated to an investigation of the role of the terrestrial biosphere 

in the global carbon cycle under recent and future climate change. Experiments 

presented in this chapter use the coupled carbon cycle climate model introduced at 

the end of Chapter 3. Simulations of the 2oth century are presented and compared to 

available observations of atmospheric COz increase and anthropogenic carbon uptake 

by land and ocean carbon sinks. These simulations are then extended into the future, 

forcing the model by six SRES scenarios of future COz emissions. I compare the 

results of these experiments to other published simulations, focusing on the role of 

carbon cycle feedbacks to climate. 

The results presented in this dissertation represent the work contained in three 

papers that have been submitted to or published in refereed journals. Matthews et al. 

(2003) covers the material presented in Chapter 3, Section 3.2.1, which has been 



published in Geophysical Research Letters. Matthews et al. (2004b) (published in 

Climate Dynamics) covers the remainder of Chapter 3 and all of Chapter 4. Chapter 

5 has been written for publication as Matthews et al. (2004a) and submitted to 

Journal of Climate. Chapter 2 contains the model descriptions that are included in 

all three papers. Chapter 6 summarizes the conclusions presented in this dissertation. 



Chapter 2 

Model Descriptions 
This chapter describes several versions of the UVic Earth System Climate Model 

(ESCM). The standard version of the coupled climate model, consisting of atmo- 

sphere, ocean and sea-ice components, as well as radiative transfer and land surface 

model additions is described in Section 2.1. This version of the model is the basis for 

the experiments presented in Chapters 3 and 4 (Sections 3.2 and 4.2). Parameteriza- 

tions for the inclusion of natural and anthropogenic climate forcings are described in 

Section 2.1.5 and applied to experiments presented in Chapter 4. The dynamic vege- 

tation model used in Chapter 3 (Section 3.3), Chapter 4 (Section 4.3) and Chapter 5 is 

described in Section 2.2, along with a more sophisticated land surface model. Finally, 

the global carbon cycle model used in Chapters 3 (Section 3.3) and 5 is described in 

Section 2.3. 

2.1 Coupled Climate Model 

2 1 . 1  Ocean, Atmosphere and Sea-Ice Models 

The UVic Earth System Climate Model (ESCM) is an intermediate complexity cou- 

pled atmosphere/ocean/sea-ice climate model. The core of the model is described 

in detail in Weaver et al. (2001). The ocean component of the model is version 2.2 

of the GFDL Modular Ocean Model (Pacanowski 1995), a general circulation ocean 

model with 19 vertical levels. Sea-ice is represented by a dynamic/thermodynamic 

model, as described in Bitz et al. (2001). The atmosphere is a vertically integrated 



energy/moisture balance model comprised of a single atmospheric layer that captures 

the climatic mean state in the absence of atmospheric variability. Surface wind stress 

as well as vertically-integrated atmospheric winds used for advection of moisture are 

specified from NCEP reanalysis data (Kalnay et al. 1996). A dynamic wind feed- 

back parameterisation allows for wind perturbations to be applied when simulating 

past climates. C02  forcing is applied in the model through a decrease in outgoing 

longwave radiation, parameterised as: 

where C(t) is the atmospheric C02  concentration at time t and Fo is a constant that 

determines the strength of C02  forcing in the model. The coupled model has a 

resolution of 3.6" in longitude and 1.8" in latitude, and conserves both energy and 

water to machine precision without the use of flux adjustments (Weaver et al. 2001). 

The version of the UVic ESCM used in this dissertation carries a number of dif- 

ferences from that described in Weaver et al. (2001). First, atmospheric moisture 

transport by diffusion and advection was adjusted to improve the simulation of pre- 

cipitation over land. Second, an enhanced radiative transfer model allows for the 

separation of the planetary albedo used in previous versions of the model into surface 

and atmospheric components. Third, two independent land surface models are in- 

cluded: the first modelled after the bucket model of Manabe (1969), and the second 

a modified version of the MOSES (Met Office Surface Exchange Scheme) model (Cox 

et al. 1999). Fourth, modifications were made to allow for the inclusion of volcanic 

and sulphate aerosols. Fifth, the dynamic vegetation model TRIFFID (Top-down 

Representation of Interactive Foliage and Flora Including Dynamics) (Cox 2001) was 

coupled to the UVic ESCM. Last, the terrestrial carbon cycle component of TRIFFID 

and the inorganic ocean carbon cycle described in Weaver et al. (2001) were coupled. 



These model improvements are described in the following sections. Sections 2.1.2 

through 2.1.5 describe modifications to the standard version of the coupled model 

described in Weaver et al. (2001). These modifications represent the majority of 

the model development work that I carried out for the purposes of this research. 

Section 2.2 provides a brief description the dynamic vegetation model TRIFFID and 

associated land surface model MOSES. These were coupled to the UVic ESCM by K. 

Meissner, and are described fully in Meissner et al. (2003). My involvement in the 

early stages of this process was peripheral, though I did assist with the model tuning 

necessary to prepare the model for the simulations that I performed as part of this 

research project. Section 2.3 describes the process by which I coupled the carbon 

fluxes calculated within MOSES/TRIFFID and the inorganic ocean carbon cycle 

model described in Weaver et al. (2001), with the atmosphere. This work resulted in 

an operational global carbon cycle model coupled to the UVic ESCM. 

2.1.2 Precipitation and Atmospheric Moisture Transport 

The inclusion of a land-surface model in the UVic ESCM (as described below in Sec- 

tion 2.1.4), led to substantial improvements to the simulated precipitation over land, 

by allowing for moisture storage in the soil and subsequent recycling of moisture over 

continents through evaporation. However, in the original model version, surface winds 

from NCEP were specified and used for advection of moisture in the atmosphere. 

While this led to a very good simulation of precipitation over the oceans (see Weaver 

et al. (2001) for a comparison of modelled precipitation to NCEP precipitation), sur- 

face winds did not provide sufficient moisture transport over land. This situation 

was addressed by replacing the specified surface winds with a weighted integral of all 

available NCEP winds from the surface to the top of the troposphere. Winds were 

weighted with a negative exponential function to be consistent with the exponential 

decrease of moisture with height in the atmosphere. In addition, in the standard 



version of the UVic ESCM, a prescribed lapse rate is used over topography on land to 

determine the atmospheric temperature at which precipitation occurs (Weaver et al. 

2001). In a single-layer atmosphere however, this biases the model toward very high 

precipitation over mountains: colder temperatures lead to high precipitation rates, 

which create large horizontal moisture gradients and lead to unphysically high mois- 

ture diffusion from adjacent lower elevation gridcells. In an attempt to correct this 

situation, the lapse rate used to generate precipitation in the model was reduced by 

an amount that was varied according to the elevation at each gridcell. This serves to 

de-emphasize the role of mountains in the generation of precipitation in the model 

and improves the model's simulated hydrological cycle. 

The simulated precipitation fields with and without the above modifications are 

shown in Figure 2.1. While there are small changes evident over the oceans, the 

most dramatic changes occur on land, particularly in the tropics. As can be seen in 

Figure 2.2, this new precipitation field still differs from NCEP precipitation in several 

important ways. Over the oceans, precipitation is too low along the inter-tropical 

convergence zone, and too high in eastern subtropical latitudes. These differences 

result in part from the use of vertically integrated rather than surface winds for 

the advection of moisture as described above. In addition, it is possible that the 

diffusion of atmospheric moisture is too high in tropical latitudes. Over land, notable 

discrepancies remain over mountains and in the interior of continents. Precipitation 

over mountains results primarily from the decrease in temperature associated with 

the specified lapse rate; reducing the lapse rate over mountains does decrease this 

effect, but this remains an outstanding problem in the simulation of precipitation in 

this model. 

Due to the use of advection by mean winds and diffusion to supply moisture to 

the interior of continents (the UVic model does not simulate transient eddies in the 

atmosphere), precipitation over central Asia and North America is too low. This 
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Figure 2.1: Modelled annual mean precipitation from Weaver et al. 
(2001) without a land-surface model (top) compared to modelled annual 
mean precipitation after inclusion of the bucket land surface model (bot- 
tom). 
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Figure 2.2: NCEP annual mean precipitation (top); Difference between 
modelled annual mean precipation (Figure 2.1 (bottom)) and NCEP pre- 
cipitation. 
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Figure 2.3: Modelled annual mean precipiation for the model version 
including dynamic vegetation. 

becomes a problem when vegetation is simulated dynamically in the climate model, 

as is the case with the use of TRIFFID. To enable a realistic simulation of boreal 

forest in the climate model, it was necessary to increase zonal diffusion of moisture, 

particularly over Asia and North America. At the same time, meridional diffusion was 

decreased in the tropics, and this resulted in an improved simulation of precipitation 

in Northern Africa. The precipitation field that resulted from these changes (used 

only for simulations with the dynamic vegetation model described in Section 2.2) is 

shown in Figure 2.3. 

2 . 1 3  Radiative Transfer Model 

In previous versions of the UVic ESCM, a zonally averaged planetary albedo, ap(,), 

was specified according to the parameters given in Graves et al. (1993). The net 



shortwave radiation at the surface was calculated as: 

./, sw = (1.0 - 'I, 

where I, is the incident shortwave radiation at the top of the atmosphere. For the 

current study, it was necessary to incorporate a more detailed radiative transfer model 

that would include an explicit representation of surface albedo and a subsequent 

calculation of a two-dimensional planetary albedo field. 

The approach chosen was based on the theory outlined in Haney (1971) and 

illustrated in Gill (1982, p. lo) ,  where planetary albedo (ol,) is calculated as a function 

of surface albedo (a,), atmospheric albedo (a,) and atmospheric absorption (A,): 

In this radiative transfer model (shown in Figure 2.4), atmospheric albedo is made up 

of a clear sky albedo (set to 0.08) and a cloud albedo, which makes up the majority 

of the total albedo of the atmosphere. 

As the UVic ESCM does not model clouds explicitly, a cloud albedo must be 

diagnosed rather than calculated dynamically by the model. In order to accomplish 

this, equation 2.3 is first rearranged to solve for atmospheric albedo as: 

In order to calculate atmospheric albedo at any specific point, this formula requires 

a known planetary albedo, surface albedo and atmospheric absorption. To maintain 

consistency with the previous version of the UVic ESCM, zonally averaged planetary 

albedo ol,(,) is specified from Graves et al. (1993). As this representation of planetary 

albedo does not include the albedo effect of snow at the surface, snow-free surface 
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Figure 2.4: Updated radiative transfer model used in the UVic ESCM 

albedo is then specified from ISLSCP data (Sellers et al. 1996). Ocean albedo is 

set to 0.06 equatorward of 30•‹, and increases sinusoidally to 0.17 poleward of 70". 

Atmospheric absorption is set to a constant value of 0.3. 

Given a surface albedo value at some gridcell, equation 2.4 can be used to cal- 

culate the atmospheric albedo necessary to reproduce the correct planetary albedo. 

However, in order that zonal variation in surface albedo are reflected in the planetary 

albedo field, equation 2.4 was averaged at each latitude to solve for a zonally averaged 

atmospheric albedo: 

where asf(,) is now the zonally averaged snow-free surface albedo. In this procedure, 

products of deviations from the zonal means can be removed from the equation, as 

ol, and A, do not vary zonally. 

Once a zonally averaged atmospheric albedo is obtained, it is inserted into equa- 



tion 2.3 which becomes: 

Surface albedo is now generated by the land surface model and is allowed to change 

as a function of snow, ice or changing vegetation distributions. With atmospheric 

albedo held zonally constant, a new planetary albedo field can be calculated. The 

net shortwave radiation at the surface becomes: 

where alp is now a two-dimensional field which reflects the underlying spatial varia- 

tion in surface albedo. An example of the planetary albedo field generated by this 

procedure is shown in Figure 2.5. As a final note, a zonally constant atmospheric 

albedo implies that clouds are not represented dynamically in the model. As such, 

feedbacks between changing climate and clouds are not included. 

2.1.4 Land Surface Model 

The model described here is a version of the simple bucket model, first developed for 

use in a general circulation climate model by Manabe (1969). This model calculates 

soil moisture (W)  using a bucket approach: 

Inputs to the soil moisture bucket come in the form of precipitation (PR)  and snowmelt 

( S M ) ;  outputs take the form of evapotranspiration (E) and runoff (R). The model 

uses a spatially uniform 15 cm bucket on land as a representation of the moisture 

holding capacity of the soil. Runoff occurs only when the bucket is full and the 
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Figure 2.5: Planetary albedo field generated by the updated radiative 
transfer model for a transient run at the year 2000, with cropland distri- 
butions specified at the surface (see Chapter 3). 



moisture holding capacity of the soil has been exceeded. 

The simplest parameterisation of evaporation is that used in the original version 

of the bucket model and is based on a bulk formulation of potential evaporation. This 

formulation involves the specification of a surface resistance that reduces evaporation 

from its potential rate in cases where soil moisture is limiting. Following the method- 

ology of a number of other land-surface models (see for example Dickinson 2001, Zeng 

et al. 2000, Cox et al. 1999), I modified the original bulk formulation of evaporation 

by parameterizing evapotranspiration as: 

where pa is the density of air, qSat(T,) is the saturation specific humidity of air at the 

surface temperature and qa is the atmospheric specific humidity. The term P imposes 

a dampening on evaporation as water availability decreases, and is calculated as 

/? = (w/wo)'/~ where W is the soil moisture content and Wo is the soil water holding 

capacity or bucket depth (15 cm) (Zeng et al. 2000). 

The resistance terms ra and r, are the aerodynamic and surface resistances, which 

impose physical and physiological constraints on evapotranspiration. The first of these 

(r,) is a function of the Dalton number for evaporation and the surface wind speed: 

ra = (CD . U)-l. The Dalton number is calculated from a specified surface roughness 

length (20) according to the methodology of Brutsaert (1982): 

where z is a reference height (z = 10m) and k is the von Karman constant (k = 0.4). 

The roughness lengths for moisture (zoq) and heat (zOh) are calculated as zoq = Z O ~  = 

eV2z0 (Brutsaert 1982). 

The inclusion of a specified surface resistance (r,) allows for an additional surface 



resistance that represents the role that vegetation plays in moderating moisture fluxes 

to the atmosphere. The values of surface resistance chosen for this study follow the 

relative magnitudes of those given by Dickinson (2001), but have been reduced in 

absolute magnitude to put them in the range of those given by Cox et al. (1999). 

As there is substantial discrepancy between these two sources, a compromise was 

chosen to allow variability between vegetation types, while at the same time producing 

a climatology for evapotranspiration that is comparable to reanalysis data (Figure 

2.6: (a) and (b)). As can be seen in Figure 2.6c, discrepancies between modelled 

evaporation and NCEP reanalysis data largely reflect the differences in precipitation 

shown in Figure 2.2b. 

Vegetation is specified in the land surface model using the vegetation data set 

of DeFries and Townsend (1994). Eight vegetation types were chosen to represent 

the range of vegetation provided in the dataset (shown in Table 2.1), noting that 

cropland differs from grasslandlsavanna only in its surface resistance. In the absence 

of cropland, a single vegetation type was specified at each gridcell, and in addition 

to surface resistance, the vegetation type determines the roughness length and the 

surface albedo. The values for these two parameters were determined by spatially 

and annually averaging roughness length and surface albedo data fields provided by 

Sellers et al. (1996) according to the specified vegetation types. The surface albedo 

field generated by this process is shown in Figure 2.7, along with the original Sellers 

et al. (1996) dataset. Vegetation type-dependent parameter values are shown in Table 

2.1, and are consistent with values given in the literature (see for example Wilson and 

Henderson-Sellers 1985, Cox et al. 1999, Dickinson 2001). 

When snow is present in a gridcell, the surface albedo is determined on the basis 

of the underlying vegetation albedo and a fractional snow cover. Using vegetation- 

specific snow-masking depths (S .  M. D., also shown in Table 2.1), the fractional area 
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Figure 2.6: a) Modelled annual mean evaporation using the modified 
bucket land surface model with surface resistance included, b) NCEP an- 
nual mean evapitat ion, and c) Model-NCEP difference. 
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Figure 2.7: Calculated surface albedo as a function of vegetation type, 
compared to ISLSCP satellite data (Sellers et al. 1996). 



Table 2.1: Vegetation Types and specified Surface Albedo (a,) and 
Roughness Length (zo)  values as derived from Denies and Townsend 
(1994) and Sellers et al. (1996). Surface Resistances (r,) and Snow- 
Masking Depths (S.M.D) are taken from Dickinson (2001) and Cox et al. 
(1999). 

Vegetation Type 
Tropical Forest 
TemperateIBoreal Forest 
GrasslandISavanna 
Cropland 
Shrubland 
Tundra 
Desert 
Rock/Ice 

S.M.D (m) 
10.0 
10.0 
0.1 
0.1 
1.0 
0.1 
0.01 
0.01 

* This is the average of the albedo values for all desert points. Actual values are spatially variable 
and range from 0.2 to 0.38. 

of snow in a gridcell (Asnow, constrained between 0.0 and 1.0) is calculated as: 

Tair - Tstart 1 
Asnow = max [Hsnow , K .- 

Tend - ~ s t a r t  I S.M.D 

where Tstart and Tend are set to -5 "C and -10 "C respectively, Tair is the atmospheric 

temperature, HsnOw is the snow height in meters (Weaver et al. 2001). K is a constant 

equal to 1 meter, which assigns units of meters to the expression (Tair -Tstart )/ (Tend - 

Tstart). The albedo for snow is then applied to this fractional area (Asnow), with the 

underlying snow-free albedo given to the remaining portion of the gridcell. This 

results in a linear transition from snow-free surface albedo to the albedo for snow or 

sea-ice that depends on snow depths, temperature and the vegetation snow masking 

depth. The result of this parameterization is that either snow height or temperature 

can be used to determine the fractional coverage of snow in a gridcell. This allows for 

a realistic simulation of snow area (and consequently surface albedo) in areas where 

the model's hydrological cycle does not simulate enough snowfall, as is common over 

continents in the Northern hemisphere. It is assumed here that if the air is cold 



enough, the snow cover will be sufficient to warrant modifying surface parameters. 

It should be noted that in the version of the model described in Weaver et al. 

(2001), the presence of snow at the surface increased the planetary albedo by a uniform 

amount of 0.18. In the initial stages of model development, this parameterization was 

adapted so that the local surface albedo (based on the vegetation type) was increased 

by 0.18 in the portion of the gridcell occupied by snow. As a result, in the early 

experiments performed using this model (those described in Section 3.2.1), the snow 

albedo was not constant, but rather reflected the underlying surface cover. This 

inconsistency was later corrected by k i n g  the snow albedo at 0.45 and applying this 

albedo to the fraction of the gridcell covered by snow. All subsequent experiments 

using this land surface model (beginning in Section 3.2.2) use this more consistent 

parametrization of snow albedo. 

Surface temperature is calculated from the energy balance equation: 

RNET is the net radiation at the surface (comprising absorbed shortwave and emitted 

longwave radiation), LE is the latent heat from evaporation and S H  is the sensible 

heat exchange. Latent heat is calculated as LE = X . E where X is the latent heat 

of evaporation/sublimation and E is the evaporation as described above. Sensible 

heat is calculated from a bulk formula based on the temperature difference between 

the surface (T,) and the atmosphere (T,): S H  = p CD U(T, - T,) where the Dalton 

number (CD) is calculated as for evaporation, using the roughness length for heat 

(zoh) rather than moisture. Surface temperature is calculated iteratively based on 

the joint dependence of emitted longwave radiation, latent heat and sensible heat 

fluxes. There is no heat storage in the land surface. 



2. I .  5 External Climate Forcings 

Chapter 4 incorporates natural and anthropogenic climate forcings into the UVic 

ESCM. The natural forcings used are solar insolation and orbital variations and 

volcanic aerosols. Anthropogenic forcings include greenhouse gases and sulphate 

aerosols, as well as historical land cover change (explored in detail in Chapter 3). 

Data used to force the model are shown in Figure 2.8 and are discussed in the follow- 

ing sections. 

2. I .  5. I Natural Forcings 

Solar insolation is specified according to Lean et al. (1995) as a perturbation to the 

solar constant. Solar orbital variation is calculated using Berger's 1978 method, as 

described in Weaver et al. (2001). Volcanic aerosols are specified as a globally averaged 

optical depth from the data of Robock and Free (1995) prior to 1850, and the data 

of Sato et al. (1993) from 1850 to 1999. These optical depth data are converted to a 

radiative forcing by the method used in Crowley (2000): 

where the volcanic forcing (F) is a function of k (set to -30 W/m2 per unit optical 

depth) and optical depth (7). This forcing is subtracted directly from the downward 

shortwave radiation incident at the top of the atmosphere. 

2. I .  5.2 Anthropogenic Forcings 

Greenhouse gas forcing is specified using equation 2.1, with greenhouse gas data (both 

C02  and non-C02 greenhouse gases as a C02 equivalent) taken from Schlesinger 

and Malyshev (2001) and applied as a perturbation to outgoing longwave radiation. 

Anthropogenic sulphate aerosol optical depth data are taken from Tegen et al. (2000) 
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Figure 2.8: Natural and anthropogenic forcing data: (a) Solar insolation 
from Lean et al. (1995); (b) Volcanic aerosol forcing from Robock and Free 
(1995) and Sato et al. (1993); (c) Greenhouse gas equivalent C 0 2  concen- 
tration from Schlesinger and Malyshev (2001); (d) Sulphate aerosol surface 
albedo perturbation calculated from the data of Tegen et al. (2000) and 
Koch (2001); and (e) Global cropland fraction from Ramankutty and Foley 
(1999). 



and Koch (2001). These data are applied as perturbation to the local surface albedo 

as: 

where ,B=0.29 is the upward scattering parameter, T is the specified aerosol optical 

depth, a, is the surface albedo and Zeff is an effective solar zenith angle such that 

cos(Zeff) is the diurnally averaged cosine of the zenith angle (Charlson et al. 1991). 

Land cover change is represented by a modification of natural vegetation cover, 

replacing existing forest or grassland vegetation types with cropland or pasture. Two 

historical land cover datasets are used in Chapter 3. The first is that of Ramankutty 

and Foley (1999), which consists of fractional cropland areas on a 1" grid for every 

year from 1700 to 1992, determined based on available historical records and inter- 

polated linearly for intervening years. Accompanying the yearly croplands dataset is 

a potential or "natural" vegetation field, that forms the backdrop onto which crop- 

lands are applied (Ramankutty and Foley 1999). The second dataset used is that 

of Klein Goldewijk (2001). This dataset includes both historical croplands on a 0.5" 

grid as well as land used as pasture, and so contains a more complete picture of 

historical land cover change. Furthermore, the placement of crop and pasture areas 

is determined from historical population densities, and so provides an independent 

corollary to Ramankutty and Foley (1999). Data are only provided, however, at 20 

to 50 year intervals from 1700 to 1990, and consist of a single vegetation type at each 

gridcell. In all cases, areas occupied by cropland or pasture are assigned modified 

surface parameters according to the values given in Table 2.1. 



2.2 Dynamic Vegetation Model 

2 . 2 1  TRIFFID Dynamic Vegetation Model 

The dynamic terrestrial vegetation model used in Chapters 4 and 5 is the Hadley 

Centre's TRIFFID (Top-down Representation of Interactive Foliage and Flora In- 

cluding Dynamics) model (Cox 2001). TRIFFID has been coupled interactively with 

the UVic ESCM (as described in Meissner et al. (2003)) and explicitly models five 

plant functional types: broadleaf trees, needleleaf trees, C3 grasses, Cq grasses and 

shrubs. The five vegetation types are represented as a fractional coverage of each 

gridcell, and compete amongst each other for dominance as a function of the model 

simulated climate. Simulated vegetation distributions for the five vegetation types 

are shown in Figure 2.9 for a present-day equilibrium run that excluded croplands 

(Meissner et al. 2003). 

Croplands in TRIFFID can be specified by allocating a portion of gridcells where 

only grass plant functional types are allowed to grow. This excludes tree plant func- 

tional types which would otherwise out-compete grasses given a favourable climate 

regime. The distribution of C3 and C4 grasses within specified cropland areas is 

simulated as a function of climatic conditions, as in areas where grasses would grow 

naturally. 

2 . 2 2  MOSES Land Surface Model 

The land surface model used to support the TRIFFID dynamic vegetation model is a 

single soil-layer version of MOSES (The Met Office Surface Exchange Scheme), based 

on that described in Cox et al. (1999). The version of MOSES used here calculates 

soil moisture, soil and surface temperatures and lying snow based on a single soil 

layer model of uniform 1 meter thickness. The five vegetation types simulated by 



TRIFFID are recognized by this model, in addition to bare soil. 

As in the simpler land surface model described above, soil moisture is calculated 

by a budget approach: 

In this model, evapotranspiration (E) is made up of bare soil evaporation, and tran- 

spiration calculated for each plant functional type i: 

where rs,i is now an interactively calculated canopy resistance term that depends 

on vegetation type, primary productivity and climatic conditions, or in the case of 

bare soil evaporation, a soil surface resistance term that depends on available soil 

moisture. In this formulation, vi represents the fractional area of each vegetation 

type, with total evapotranspiration calculated as: E = C Ei. Runoff is now based 

on the "leaky bucket" method of Clapp and Hornberger (1978), and is calculated as: 

where Ks (saturated soil hydraulic conductivity), WsAT (soil moisture saturation 

level) and b (Clapp/Hornberger parameter) are held constant. Simulated soil moisture 

for this model and for the modified bucket model described in Section 2.1 are shown 

in Figure 2.10. 

Surface albedo is calculated interactively as a function of vegetation distributions, 

leaf area index, leaf phenology, snow cover and vegetation snow masking depths. The 

maximum albedo value for a snow-covered gridcell for this model is set to 0.6. The 

surface energy balance is also calculated for each vegetation type i, and is expanded 
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Figure 2.9: Simulated fractional vegetation coverage for the five TRIF- 
FID vegetation types and the total vegetation cover from a present-day 
equilibrium, excluding croplands. Reprinted with permission from Meiss- 
ner et al. (2003). 
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Figure 2.10: Simulated soil moisture for (a) the MOSES land surface 
model compared to (b) the modified bucket land surface model. Values 
in (a) are plotted beginning at 136 kg/m2, which corresponds to the level 
below which soil moisture is unavailable to vegetation (equivalent to 0 cm 
in the bucket model). Values in (b) are plotted in cm, where 1 cm of 
soil moisture in the bucket corresponds to 10 kg/m2 of soil moisture in 
a 1 meter thick soil layer. The colour bar in (b) is adjusted so that the 
maximum bucket depth (15 cm) corresponds with the critical soil moisture 
in MOSES above which plant stomata are not sensitive to soil moisture 
(242 kg/m2). I 



from the previous land surface model to include a soil heat flux Gi: 

This ground heat flux (Gi) is calculated as a function of the temperature difference 

between the surface (TS,i) and soil (Tsoil) temperatures: 

where X is the soil conductivity, and Az is the thickness of the soil layer (I meter). 

This heat is stored in the soil layer, and the soil temperature (Tsoil) is calculated as a 

function of G and the energy required to melt snow. This version of MOSES, as well 

as its coupling to the UVic ESCM, is described more extensively in Meissner et al. 

(2003). 

2.3 Carbon Cycle Model 

In addition to simulating vegetation distributions, MOSES and TRIFFID calculate 

terrestrial carbon stores and fluxes. Carbon taken up by plant growth is defined as 

the gross primary productivity (GPP), and is calculated as a function of atmospheric 

carbon dioxide, solar radiation, soil moisture, temperature and nutrients. Nitrogen 

does impose a limit on photosynthesis, though the terrestrial nitrogen cycle is not 

currently included as a dynamic component of the model. Autotrophic plant respira- 

tion releases a portion of the carbon taken up by GPP back to the atmosphere, with 

the balance of carbon making up the vegetation net primary productivity (NPP). 

The photosynthesis model used here is based on the previously developed leaf-level 

photosynthesis models for C3 and C4 plants (Collatz et al. 1991, 1992); in this ap- 

proach, photosynthesis calculations are coupled with the calculation of moisture fluxes 



through plant stomata (as represented by the stomata1 conductance or canopy resis- 

tance terms described in the previous section). The resulting carbon fluxes, calculated 

as a function of changing atmospheric carbon dioxide and climate conditions, deter- 

mine the distribution of vegetation in the model and the response of vegetation to 

climate changes. 

Carbon is transfered to the soil through litterfall and vegetation mortality, and 

its decay results in a return of accumulated carbon to the atmosphere. This soil 

or heterotrophic respiration (RH) is calculated as a function of climatic conditions 

(temperature and soil moisture) and soil carbon stores (C,): 

In this formulation, RT, is the specific soil respiration rate (set to a constant value per 

unit soil carbon) at 25 "C and optimal soil moisture. F(T,) and F(a) are functions 

that modify the specific soil respiration rate based on soil temperature (T,) and 

soil moisture (a ) .  These functions are shown in Figure 2.11. The soil respiration 

rate increases exponentially as a function of soil temperature. This relationship is 

parameterized by means of a "QloU formulation: 

In this formula, Qlo is set to a spatially and temporally constant value of 2.0, which 

results in a temperature factor that doubles the soil respiration rate with every 10 "C 

increase in soil temperature. This relationship has the potential to generate strong 

positive feedbacks to climate, as will be discussed further in Chapter 5. The effect of 

soil moisture on soil respiration is less dramatic - soil respiration decreases linearly in 

either direction from the optimal soil moisture value that occurs at 65% saturation. 

Below 30% saturation, soil respiration 'occurs at a constant rate equal to 20% of its 
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Figure 2.11: Factors controlling the soil respiration rate as a function 
of (a) soil temperature and (b) and soil moisture. 

optimal rate. 

Under equilibrium simulations, stable conditions arise when carbon taken up by 

NPP is equal to the carbon released by heterotrophic respiration in the soil. The dif- 

ference between NPP and soil respiration is the net ecosystem productivity (NEP). In 

the absence of anthropogenic or natural disturbances, NEP represents the net flux of 

carbon from the atmosphere to the terrestrial biosphere. Anthropogenic disturbances, 

such as deforestation and agriculture, or natural disturbances, such as fire and insect 

outbreaks, generate additional releases of carbon to the atmosphere. When these 

are included, net uptake by the terrestrial biosphere is referred to as the net biome 

productivity (NBP). As TRIFFID does not model carbon fluxes from natural distur- 

bances, the NBP in the UVic terrestrial carbon cycle model is simply the difference 



between NEP and carbon emissions from anthropogenic land cover change (E(l,)): 

At equilibrium, the net terrestrial carbon flux is equal to zero, with a small interannual 

variability on the order of 0.05 GtC/year. At present, TRIFFID does not include a 

parameterisation for the C02  emissions that result from imposed land cover change. 

As such, land cover change emissions of C02  are specified from estimates (Houghton 

2003a), rather than being calculated directly as a function of the distribution of land 

cover changes in the model. 

Under perpetual pre-industrial conditions (atmospheric C02  held fixed at 280 

ppmv), the model simulates a globally averaged NPP and soil respiration of 63 

GtC/year (where I GtC is equal to 1015 grams of carbon). The distribution of mod- 

elled NPP is shown in Figure 2.12. For comparison, a recent estimate of global NPP 

derived from satellite measurements of vegetation properties by the NASA Moder- 

ate Resolution Imaging Spectroradiometer (MODIS) is shown in the bottom panel 

of Figure 2.12. While the globally averaged NPP simulated by the model is quite 

close to observations (60 GtC/year: Prentice et al. 2001), the spatial distribution of 

NPP is more diffuse, with tropical NPP values in particular spread over a larger area 

than in the observed distribution. The simulated spatial distribution of NPP reflects 

the distribution of precipitation in the model, which is also more diffuse than is ob- 

served (see Figures 2.2 and 2.3). In addition, the modelled global NPP value of 63 

GtC occurs under pre-industrial C02  conditions, whereas present-day observations 

of NPP correspond to present-day C02. While it is not clear to what extent histori- 

cal increases in atmospheric C02  have increased NPP, it is possible that the model is 

overestimating pre-industrial vegetation productivity. Again, this can likely be linked 

to precipitation in the model, which is on the order of 20 percent too high on the 



global average. Too much precipitation leads to wetter soil moisture conditions in the 

model, and significantly reduces the soil moisture constraint on photosynthesis. 

Total simulated above-ground storage of carbon (vegetation biomass) is close to 

800 GtC; storage of carbon in the soil totals 1050 GtC. The vegetation carbon store 

simulated by the model is about 25 percent higher than current estimates (650 GtC, 

Saugier et al. 2001), while simulated soil carbon is less than available estimates (1550 

GtC, Prentice et al. 2001, Saugier et al. 2001). These discrepancies between sim- 

ulated and observationally-based estimates of carbon stocks could be linked to a 

number of factors that are not adequately represented in the present simulations: (1) 

where anthropogenic land cover changes are specified, only croplands are accounted 

for, resulting in an under-represent ation of the actual extent of terrestrial vegetation 

modified by human activities; (2) the effects of natural disturbances (such as fires 

and insect outbreaks) on total vegetation carbon stores may not be sufficiently rep- 

resented in the vegetation model; (3) too much vegetation carbon follows from an 

overestimate of NPP as discussed above; (4) river fluxes of carbon from terrestrial 

stores to the ocean are not included; (5) a single 1-meter soil layer would not be 

expected to capture the full extent of carbon in a realistic soil profile; and (6) peat- 

lands, which represent a large portion of estimated global soil carbon stores, are not 

included in the soil carbon model. The equilibrium climatology of this model and 

comparison to observations is discussed in more detail in Meissner et al. (2003). 

The terrestrial carbon cycle is combined in this model with an inorganic ocean 

carbon cycle, based on the Ocean Model Intercomparison Project (OCMIP) imple- 

mentation (Orr et al. 1991). The model simulates dissolved inorganic carbon (DIC) 

as a passive tracer in the ocean, as well as carbon fluxes between the ocean and the 

atmosphere. The flux of COa across the air-sea interface is calculated as a function 
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Figure 2.12: Modelled global net primary productivity for a pre- 
industrial equilibrium with C02 set to 280 ppmv (top) compared 
to an estimate of global net primary productivity from MODIS 
satellite measurements (bottom), (Courtesy of NASA Earth Ob- 
servatory news archives: http://earthobservatory.nasa.gov/Newsroom/ 
NasaNews/2003/2003042214379.html). 



of the C02  gradient between the atmosphere and the surface layer of the ocean: 

where k,  is the transfer velocity, calculated as a function of sea surface temperatures, 

wind speed and sea ice coverage (Weaver et al. 2001, Ewen et al. 2004). The equilib- 

rium inorganic carbon storage in the ocean totals 31,000 GtC. As this total does not 

include dissolved organic carbon, or particulate organic/inorganic carbon, it would 

be expected that the model would fall short of the full 38,000 GtC estimate given in 

Prentice et al. (2001). 

At present the global carbon cycle represented in the UVic ESCM does not include 

a biological ocean component. This is consistent with the assumption of a constant 

biological carbon cycle in the ocean that is not sensitive to anthropogenic emissions 

of atmospheric carbon dioxide. This view is supported by the following statement 

from Houghton et al. (2001): 

Despite the importance of biological processes for the ocean's natural car- 
bon cycle, current thinking maintains that the oceanic uptake of anthro- 
pogenic C 0 2  is primarily a physically and chemically controlled process 
superimposed on a biologically driven carbon cycle that is close to steady 
state. This differs from the situation on land ... (p. 199) 

In other words, it can be assumed that the biological ocean carbon cycle does not 

play a role in the uptake of anthropogenic carbon. As such, the transient response of 

the carbon cycle to anthropogenic perturbations can be investigated by focusing on 

inorganic carbon in the ocean and on the dynamics of the terrestrial biosphere. 

In a transient simulation, this global carbon cycle model allows atmospheric 

C 0 2  to be computed prognostically as a function of ocean-atmosphere and land- 

atmosphere carbon fluxes, as well as specified anthropogenic emissions. The net flux 



of carbon to the atmosphere at each model timestep (in ppmv/s) is calculated as: 

where E ( f f )  is the anthropogenic emission of carbon from fossil fuel combustion and 

F(,,,an) and F(land) are the net uptakes by the ocean and land respectively (GtC/s). 

Emissions of carbon from land cover change, though specified as a model forcing in 

transient simulations, are included here as a component of F(land). The factor 2.1 

represents the conversion from units of GtC/s to ppmv/s. This number is calculated 

based on the molecular volume of an ideal gas and an assumed 8.5 km atmospheric 

scale height, and is consistent with the conversion used by other models (see for 

example Berthelot et al. 2002). 

In Chapters 3 (Section 3.3) and 5 the UVic ESCM global carbon cycle model 

is enabled. Transient climate simulations are carried out beginning from the pre- 

industrial equilibrium described above, and forced by anthropogenic carbon dioxide 

emissions from fossil fuel combustion and land cover change. Anthropogenic emissions 

of carbon dioxide from fossil-fuel combustion are specified from Marland et al. (2002); 

land-use emissions are specified from Houghton (2003a). These emissions (shown in 

Figure 2.13) impose a perturbation on the equilibrium spin-up state, and the land 

and ocean carbon stores and fluxes respond dynamically to the imposed increase in 

atmospheric carbon dioxide. The computed atmospheric carbon dioxide concentration 

is the resulting COz in the atmosphere after global carbon sinks have responded to 

anthropogenic emissions. 
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Figure 2.13: Anthropogenic carbon dioxide emissions from land cover 
change (red line) and fossil fuels (green line). 



Chapter 3 

Historical Land Cover Change 

3. I Introduction 

In the study of anthropogenic climate change, there is a growing interest in the ways 

that human activities interact to affect the climate system. In particular, human 

land-use over the last several centuries, through large scale changes to the global 

vegetation cover, has had a potentially significant effect on global climate. These land 

cover changes have recently been quantified in global datasets that provide estimates 

of historical land cover change over the past three centuries (Ramankutty and Foley 

1999, Klein Goldewijk 2001). These datasets now allow for an historically realistic 

analysis of land cover change using general circulation climate models. 

Land cover change can influence global climate in a number of ways, by altering 

parameters such as leaf area index, root distribution, soil water holding capacity, 

surface resistance to evapotranspiration, surface albedo, snow-masking depths and 

fluxes and storage of carbon and other nutrients (see for example Betts 2001, Bolin 

et al. 2000). The effects of land cover change on climate can be separated into two 

broad categories: those that result from physical changes to the land surface and 

vegetation cover (biogeophysical effects), and those that result from altered fluxes of 

carbon dioxide (biogeochemical effects). 

Biogeophysical effects of historical land cover change on climate were highlighted 

in a review of contemporary climate forcings by Hansen et al. (1998). Here, the 

authors concluded that the radiative forcing due to historical land cover change from 



1850 to 1998 was -0.2f 0.2 W/m2, resulting in a global cooling of -0.14 "C. The 

primary mechanism for this cooling is the increase in surface albedo that results when 

forest land cover types are replaced by cropland or pasture. This effect is particularly 

important in higher latitudes, where the snow-masking effect of vegetation is greatly 

reduced as a result of forest to cropland conversion (Hansen et al. 1998). 

Several recent studies using reduced complexity climate models have also found a 

global cooling as a result these biogeophysical effects of historical land cover change. 

Brovkin et al. (1999) and Bauer et al. (2003) reported that historical deforestation 

over the last millennium induced a global cooling of -0.35 "C. Bertrand et al. (2002) 

reported a smaller effect: in their model, land cover change led to a cooling of -0.1 

"C over the same time period. All of these studies prescribed transient scenarios of 

land cover change over the period of time studied. 

A number of equilibrium studies using atmospheric general circulation models 

(AGCMs) have also noted both regional and global effects. Betts (2001) found that 

the global temperature was only -0.02 "C cooler in a comparison between present- 

day and pre-industrial vegetation equilibria, but noted stronger cooling (in the range 

of -1 to -2 "C) in the northern mid-latitudes in winter and spring. Bounoua et al. 

(2002) and Zhao et al. (2001) also determined globally-averaged changes to be small, 

but found significant regional and seasonal changes, both warming and cooling. Chase 

et al. (2000, 2001) found land cover change to have significant impacts on atmospheric 

circulation, particularly in the Northern hemisphere winter, and further argued that 

near-surface regional temperature anomalies due to land cover changes may be of 

similar magnitude to transient changes due to carbon dioxide and sulphate aerosol 

forcing. Govindasamy et al. (2001), in an AGCM/slab-ocean equilibrium comparison 

found a global cooling of -0.25 "C, and went so far as to suggest that reconstructed 

Northern hemisphere cooling trends over the past millennium could be largely the 

result of anthropogenic land cover change. 



Compounding the issue of the climatic effect of land cover change is the contri- 

bution of land conversion to climate warming as a result of large emissions of carbon 

dioxide (Bolin et al. 2000). A number of studies have provided estimates of emissions 

associated with land cover change; most recently Houghton (2003a) estimated a total 

release of 156 GtC between 1850 and 2000. Only a couple of modelling studies have 

attempted to assess the net effect of land cover change on climate by including both 

the biogeophysical effects of changes to the land surface as well as the biogeochemical 

effects of carbon emissions (Betts 2000, Claussen et al. 2001). Betts (2000) com- 

pared the biogeochemical and biogeophysical effects of reforestation in northern mid- 

latitudes. It would be expected that in the case of reforestation, the biogeophysical 

effects might lead to a local warming, just as deforestation leads to a biogeophysical 

cooling. In this study, Betts found that in some cases, this biogeophysical warming 

actually exceeded the counteracting cooling effect of carbon uptake. Claussen et al. 

(2001) demonstrated that the net effect of land cover change, either in the case of 

deforestation or afforestation, is highly dependent on the latitude at which land cover 

change occurs: at high northern latitudes, there is a positive relationship between 

the extent of forest cover and temperature, whereas in the tropics and subtropics, the 

relationship is negative. These studies concluded that deforestation occurring at high 

latitudes would likely result in a net cooling, whereas in the tropics, a net warming 

is more likely. 

In a recent sensitivity study, Myhre and Myhre (2003) suggested that model results 

on the effect of land cover change are highly sensitive to specified vegetation datasets 

and surface albedo values. Considering the range of vegetation albedo values and 

land cover change datasets available, they found a large range of radiative forcings: 

between -0.6 and +0.5 W/m2, although they noted that positive radiative forcing 

results only occurred using extreme combinations of land cover change scenarios and 

surface albedo values, which are likelyn unrealistic. Nevertheless the large range of 



land cover change radiative forcing presented in their study, as well as the range of 

radiative forcing and temperature results from previous studies of land cover change 

highlight the need for further study in this area. 

In this chapter, I first describe a preliminary exploration of the radiative effect of 

land cover change using the earliest version of the UVic Earth System Climate Model 

(Section 3.2.1). This model includes the modified atmospheric moisture transport 

and radiative transfer schemes described in Sections 2.1.2 and 2.1.3. The land surface 

model is as described in Section 2.1.4 (the modified bucket land surface model), 

though in these preliminary experiments only surface albedo and roughness length are 

allowed to vary with vegetation type. Snow masking depth is held constant at 1 meter 

for all vegetation types, and surface resistance is not included in the parameterisation 

of evaporation. In addition, snow albedo is not specified as a fixed value, but rather 

as an increase of 0.18 applied to the local surface albedo. 

These preliminary experiments are followed by a series of land cover change sen- 

sitivity experiments using varying dat aset s and model configurations (Section 3.2.2). 

The version of the model used in this series of experiments incorporates all of the 

modifications outlined in Sections 2.1.2 though 2.1.4. The land surface model used 

here is fundamentally the same as that used in Section 3.2.1, with the inclusion of veg- 

etation snow masking depths and surface resistances as variable surface parameters. 

Additionally, in these experiments, the snow albedo is set to a fixed maximum value 

of 0.45. In Section 3.2.2, a series of land cover change equilibrium experiments are 

described and presented, highlighting the important processes and model sensitivities 

found in this study. These experiments produce a range of results that illustrate the 

biogeophysical effect of historical land cover change on climate. 

I conclude this chapter with an analysis of the biogeochemical effect of land cover 

change that results from land-use emissions of greenhouse gases (Section 3.3). These 

experiments use the coupled terrestrial and inorganic ocean carbon cycle models de- 



scribed in Section 2.3. The land surface model used in this section is the MOSES 

model, described in Section 2.2.2. This new land surface model is required for cou- 

pling with the dynamic vegetation model TRIFFID (Section 2.2.1), and the calcu- 

lation of carbon fluxes that make up the terrestrial component of the global carbon 

cycle model. Results from this coupled climate carbon cycle model are used to esti- 

mate the biogeochemical effects of historical land cover change. This biogeochemical 

effect is compared to the biogeophysical effects presented in Sections 3.2.1 and 3.2.2 

to generate an estimate of the net effect of historical land cover change on climate 

over the past 300 years. 

3.2 Biogeophysical Effects of Historical 
Land Cover Change 

3'2.1 Prel iminary Experiments 

3.2.1.1 Experimental Descriptions 

The model results presented in this section are from three 2000 year equilibrium runs 

and four transient model runs covering the period from 1700 to 1992. The croplands 

dataset used is that of Ramankutty and Foley (1999), which provides a potential 

or natural vegetation field (representing vegetation distributions in the absence of 

human disturbance) and fractional cropland areas at each gridcell yearly from 1700 

to 1992. As Ramankutty and Foley (1999) considered only historical changes in 

cropland area, and not other land cover changes such as pasture and extensively 

logged areas (see also Klein Goldewijk 2001), their dataset could be expected to 

generate a lower bound on the estimate of the radiative effect of land cover changes. 

The version of the UVic ESCM used here is as described in Section 2.1. However, 

of the vegetation-type dependent surface parameters given in table 2.1, only surface 

albedo and surface roughness length are altered by imposed land cover changes. In 
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Figure 3. I :  Fractional cropland areas for year 1700 (top) and 1992 
(bottom), from Ramankutty and Foley (1999). 
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Figure 3.2: Increase in fractional cropland area on the model grid from 
year 1700 to 1992 for the Ramankutty and Foley (1999) dataset. 

this initial exploration, surface resistance and vegetation snow masking depths were 

excluded as variable parameters. 

The three equilibrium runs presented here are differentiated by the specified vege- 

tation fields. Equilibrium (1) used present-day vegetation as determined from satellite 

data (DeF'ries and Townsend 1994). Equilibria (2) and (3) used the fractional crop- 

land areas of Ramankutty and Foley (1999) corresponding to years 1700 and 1992, 

respectively (as shown in Figure 3.1), superimposed onto the potential vegetation 

field. Vegetation types for the satellite-derived and potential vegetation distributions 

are shown in Figure 3.3. All three equilibria use present-day C02  concentration (365 

ppm) and orbital parameters. As the croplands dataset used here does not include 

all land cover changes that have occurred since 1700, it would be expected that equi- 

librium 1 (satellite-derived vegetation) will show a stronger land cover signal than 

equilibrium 2 (1992 croplands) when compared to equilibrium 3 (1700 croplands). 

Differences in the definition and placement of vegetation types between the two veg- 
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Figure 3.3: Satellite-derived present-day vegetation from DeFries and 
Townsend (1994) (top) and potential natural vegetation from Ramankut ty 
and Foley (1999) (bottom). Numbered vegetation types correspond to: (1) 
Tropical Forest (mauve); (2) Temperate/Boreal Forest (blue); (3) Grass- 
land/Savanna/Cropland (cyan); (4) Shrubland (turquoise); (5) Tundra 
(green); (6) Desert (tan); and (7) Rock/Ice (red). 



etation datasets do have the potential to have a confounding influence on the land 

cover signal in equilibrium (I), but this was nevertheless a useful experiment to es- 

timate the effect of land cover changes not captured in the Ramankutty and Foley 

(1999) dataset. 

Transient climate simulations began from a control equilibrium climate defined by 

year 1700 land cover (as in equilibrium 3 above), pre-industrial C 0 2  (280 ppm) and 

year 1700 orbital parameters. This control equilibrium was spun up for 1700 years, 

and transient simulations were run from year 1700 to present. The three transient 

runs were forced by: (1) changing croplands (land cover) only; (2) changing C02;  

and (3) changing land cover and atmospheric C02 .  A control experiment (4) was 

also conducted with changing orbital parameters, but not other radiative forcings. In 

runs 1 and 3, croplands were specified yearly from 1700 to 1992, and surface albedos 

and roughness lengths were changed according to the fractional cropland area in 

each gridcell. C02  increases in runs 2 and 3 were specified beginning in 1850 as an 

exponential increase to present-day values according to the formula: 

As a result of the portion of the exponential curve that was applied to years from 

1850 to 2000 by this formula, the actual increase in C 0 2  was quite close to linear 

over this time period. Solar orbital forcing was also specified from 1700 to 2000, 

though this forcing would be expected to have a negligible effect on model results and 

hence provided a baseline against which the other runs can be compared (a "control" 

transient run). 



5.2.1.2 Equilibrium Results 

Results of the equilibrium model runs are presented as differences: (a) satellite-derived 

vegetation equilibrium minus year 1700 croplands equilibrium; and (b) year 1992 

croplands equilibrium minus year 1700 croplands equilibrium. Negative differences 

thus represent a decrease resulting from changes in land cover between the year 1700 

and the present day. 

Figure 3.4 shows zonally averaged temperature, precipitation and evaporation 

differences for comparisons (a) and (b). Both comparisons show a cooling and a 

decrease in precipitation at all latitudes. Comparison (a) shows a globally averaged 

cooling of -0.22"C and an average precipitation decrease of -14.2 mmlyear. While 

the spatial pattern is similar, the magnitude of the change shown for comparison (b) 

is less: a cooling of -O.lO•‹C and precipitation decrease of -3.3 mmlyear. As can 

be seen in the shape of the temperature plot, cooling is amplified in the Northern 

hemisphere, consistent with the location of the majority of the specified land cover 

changes (see Figure 3.2). There is also an amplification at around 70•‹S, resulting 

from local sea-ice albedo feedbacks. 

Much of the decrease in precipitation can be attributed to atmospheric temper- 

ature change. However, the large decreases seen in the tropics and sub-tropics can 

be further explained by examining the roughness lengths listed in Table 2.1. Accord- 

ing to the parameterisation of evaporation in the bucket model, a smaller roughness 

length results in a larger aerodynamic resistance to evaporation and hence a smaller 

Dalton number and (given equal moisture availability) less evaporation. By changing 

roughness length alone, a much larger decrease in evaporation would be expected as a 

result of a conversion from forest to grassland in the tropics (a decrease in roughness 

length from 2.86 m to 0.11 m) than by a similar change in the temperatelboreal 

regions (a decrease in roughness length from 0.91 m to 0.11 m) (see Table 2.1). As 

such, the greatest evaporation (and hence precipitation) differences are seen in the 
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Figure 3.4 : Zonally averaged equilibrium temperature (top), psecipita- 
tion (red lines, middle), evaporation (green lines, middle) and roughness 
length (bottom) differences for (a) satellite-derived vegetation - 1700 crop- 
lands (solid lines) and (b) 1992 crpplands - 1700 croplands (dashed lines). 



tropics where roughness length changes are largest, with a less pronounced decrease 

seen in the northern mid-latitudes. This can be seen in Figure 3.4 by comparing the 

precipitation and evaporation changes (middle panel) with the changes in roughness 

length (bottom panel). Roughness length changes are largest in the tropics, and the 

zonal distribution of precipitation and evaporation changes follows closely the zonal 

pattern of roughness length changes that result from variability in the distribution of 

land cover changes at each latitude. 

Spatially-varying temperature and precipitation differences are shown in Figures 

3.5 and 3.6. While the majority of the temperature change can be seen in the Northern 

hemisphere, the largest local changes are the result of local snow and sea-ice albedo 

feedbacks. Particularly in the case of comparison (a), these positive feedbacks serve 

to amplify the cooling signal initiated by land cover change. Comparison (b) shows 

less cooling, but as in the case of the zonally averaged results, the spatial pattern 

of cooling is similar to (a). Precipitation changes for both comparisons are concen- 

trated in the tropics (as in the case of the zonally averaged changes), and are largely 

localized in areas of large vegetation changes. Precipitation changes also reflect the 

local temperature changes seen in Figure 3.5.  It is important to note here that as the 

model does not contain atmospheric variability (Weaver et al. 2001), the differences 

shown here represent significant changes in the climate mean state. 

3.2.1.3 Transient Results 

Transient runs were chosen to compare the relative importance of land cover and 

greenhouse gas forcing. The results of these runs are shown in Figure 3.7. The tran- 

sient effect of land cover change is -O.Og•‹C, quite close to that found in comparison 

(b) in the equilibrium results (-O.lO•‹C). This indicates that there is little evidence 

of an oceanic cooling commitment associated with land cover change, as the major- 

ity of the temperature change seen in $he equilibrium comparison is also seen in the 
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Figure 3.5: Two dimensional temperature differences for equilibrium 
comparisons (a) satellite-derived vegetation - 1700 croplands (upper 
panel) and (b) 1992 croplands - 1700 croplands (lower panel). 
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transient run. While the land cover change effect on global temperature is smaller 

than that of C 0 2  (+O.76"), it nevertheless has a noticeable dampening effect on the 

total warming when both forcings are combined (+0.68"C). It is also clear that land 

cover change is much larger than any model variability or orbitally induced response 

seen in the control run (+O.O03"C). 

To assess the magnitude of the radiative forcing associated with land cover change, 

Figure 3.8 shows the change in downward short-wave radiation absorbed at the surface 

for the land cover transient run. The change shown here results from a combination of 

land cover changes to surface albedo and snow/sea-ice albedo feedbacks. Comparison 

of Figure 3.8 with Figure 3.5b reveals a clear relationship between albedo-induced 

shortwave forcing at the surface and local temperature changes. The maximum local 

change in downward shortwave or -8.5 W/m2 is located in Southeastern Asia, and 

corresponds to the maximum temperature change of -0.5 "C at this location. The 

globally averaged short-wave radiative forcing resulting from land cover change is 

-0.15 W/m2, slightly less than, but within the error bounds of that found by Hansen 

et al. (1998). Transient changes in global temperature, evaporation, precipitation, 

and short-wave radiation for the four runs (as well as a fifth run described in the next 

section) are summarized in Table 3.1. 

3.2. I .4 Surface Albedo Sensitivity 

As shown in Table 2.1, the albedo value assigned to croplands in this model was 0.17. 

As a globally and temporally averaged albedo value for grassland, savanna and crop- 

land vegetation types, this value reproduces well the satellite albedo data provided by 

Sellers et al. (1996). Previous studies of vegetation albedo, however, have provided 

widely varying cropland albedo values. Wilson and Henderson-Sellers (1985) gave 

albedo values for individual crop types that range from 0.12 to 0.25, with only rice hav- 

ing an albedo value of less than 0.17. Taken together, the above range corresponds to 
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Figure 3.7: Globally averaged temperature for four transient runs. To- 
tal temperature changes: (1) land cover only: -0.09"; (2) C02: +0.76"; 
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Figure 3.8: Change in downwqd short-wave radiation absorbed at the 
surface for the land cover transient run. 



an average value of 0.2 (Myhre and Myhre 2003). The Surface and Atmospheric Radi- 

ation Budget (SARB) dataset (available online at http://snowdog.larc.nasa.gov/surf/ 

index.htm1) assigned an albedo value of 0.15 to cropland and 0.16 to pasture, based 

on the work of Briegleb et al. (1986). Matthews (1983) gave a cropland albedo value 

of 0.18. While the chosen cropland albedo of 0.17 for the experiments described above 

falls in the middle of the range of values in the literature, in is not clear to what extent 

this choice affected the results discussed in this chapter. 

In order to assess the model sensitivity to the specified cropland albedo, a second 

land cover transient run was performed using a cropland albedo value of 0.2 for all 

fractional cropland areas applied to the background vegetation field. This change 

almost doubled the albedo forcing associated with land cover change, as not only 

did forest gridcells show a 50 to 75% larger albedo increase as a result of conversion 

to cropland, but the albedo of grassland, savanna and shrubland gridcells was also 

increased from 0.17 to 0.2 in those areas where croplands were applied. In previous 

simulations, cropland albedo was equal to grassland, savanna and shrubland albedo 

values, and as a result, these gridcells did not see an albedo increase associated with 

cropland specificat ion. 

As can be seen in the last line of Table 3.1 and in Figure 3.9, a higher specified 

cropland albedo value has a large impact on the total temperature change for the 

transient run. Instead of a cooling of -0.09"C as in the case of the original run, 

this second land cover transient run shows a much larger cooling of -0.17"C. Based 

on this result, it is clear that the surface albedo chosen for croplands can have a 

substantial impact on the magnitude of the global temperature change forced by land 

cover change. 
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Figure 3.9: Transient run showing the model's sensitivity to the speci- 
fied cropland albedo. Shown in red is the initial transient run, with crop- 
land albedo set to the default value of 0.17. For the transient run in blue, 
the cropland albedo was set to 0.2. 

Table 3.1 : Total changes in temperature, evaporation, precipitation and 
downward short-wave radiation absorbed at the surface for three prelimi- 
nary transient model runs and a control run. 

Transient Model Run 
1. Land Cover (LC) only 
2. C02  only 
3. LC + coz 
4. Control 
5. LC (crop albedo = 0.2) 



3.2.2 Further Sensit ivi ty  Experiments 

3.2.2.1 Dataset and Experiment Descriptions 

Two historical land cover datasets are used in this section. The first is that of Ra- 

mankutty and Foley (1999, hereafter RF99), which was also used in the preliminary 

experiments described above. Implementation of this dataset into a global climate 

model is relatively straight forward, as surface parameters can be simply specified for 

the portion of each gridcell occupied by cropland. The second dataset used is that 

of Klein Goldewijk (2001, hereafter the HYDE dataset). This dataset includes both 

historical croplands and pasture on a 0.5" grid, with a single vegetation type given 

for each gridcell. 

The experiments described in Section 3.2.1 provide a baseline to the experiments 

described here. In this section, I introduce two modifications to the land surface 

model. The first is a snow masking scheme that allows for the albedo of partially 

snow-covered land to vary according to the vegetation type. In the implementation 

of this scheme, the albedo value for snow was set to a fixed value of 0.45, and the 

surface albedo was allowed to scale linearly from its snow-free value to this constant 

upper limit for a completely snow-covered gridcell. The second is a parameterisation 

of surface resistance, which allowed for a more accurate representation of the evapo- 

transpiration pathway and the effects on surface fluxes of moisture resulting from 

changing vegetation types. These modifications are described in Section 2.1.4. 

Equilibrium runs are presented here using four different modelldataset configura- 

tions. First, the RF99 dataset was used, including the variable snow masking scheme, 

but omitting the use of surface resistance for all vegetation types (RF:SM). The sec- 

ond experiment used the same model configuration, but replaced the RF99 dataset 

with the HYDE dataset (HYDE:SM). Third, the RF99 dataset was used with both 

the snow masking scheme and the surface resistance parameterisation (RF:SM+SR). 
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Figure 3.14: Regional temperature anomalies due to: a) land cover 
change emissions (biogeochemical effect), b) land cover changes to surface 
albedo (biogeophysical effect) and c) the net result of both the biogeo- 
chemical and biogeophysical effects of land cover change. 



Table 3.3: Equilibrium changes in globally averaged temperature, pre- 
cipitation, surface albedo and downward shortwave radiation between the 
"present-day" and year 1700 equilibria. 

Experiment 
RF:SM 
HYDE:SM 
RF:SM+SR 
RF: Alb 
RF: Alb- 
RF:Alb+ 
RF: Prelim 

Albedo 
+0.0016 
+0.0023 
f0.0016 
f0.0016 
+0.0008 
+0.0023 
+0.0010 

All experiment results show a global cooling and a decrease in precipitation. These 

changes are forced primarily by increases in surface albedo which result in a nega- 

tive radiative forcing, as shown by decreases in net downward shortwave radiation at 

the surface. Globally averaged temperature changes range from -0.06 "C to -0.22 

"C, depending on the model configurations and parameters used. Including pasture 

in addition to croplands increased global cooling by -0.06 "C (HYDE:SM) com- 

pared to croplands alone (RF:SM). Including a parameterisation of surface resistance 

(RF:SM+SR) has very little effect on global temperature, but precipitation changes 

are much smaller compared to when surface resistance changes are ignored (RF:SM). 

This can be explained by the assigned r, value for croplands, which is smaller than 

all other r, values. In this scenario, crops are assumed to transpire more than other 

vegetation types (due to the effects of irrigation), resulting in more precipitation over 

areas of land cover change that counteracts the reduced precipitation affected by 

global cooling and roughness length changes. 

Temperature changes on the model grid are shown in Figure 3.10. Regional cooling 

resulting from land cover change ranges from 0 to -0.5 "C , reaching a maximum 

where large land cover changes (shown in Figure 3.2) overlap with areas of seasonal 

snow cover. This is most clearly seen in Northern Europe and Asia. Also evident 
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Figure 3.10: Annual mean surface air temperature change on the model 
grid from year 1700 to 1992 for the equilibrium experiment RF:SM. 

in Figure 3.10 are regions where snow and sea-ice albedo feedbacks amplify local 

cooling, as seen off the coast of Antarctica and to some extent over Northwest North 

America and in the North Atlantic. Overall, the majority of the cooling occurs over 

continental regions in the Northern hemisphere. The shortwave radiative forcing 

that generates this spatial pattern of cooling can be seen in Figure 3.11. Whereas 

in the experiments described in Section 3.2.1, the change in downward shortwave 

radiation at the surface reached a maximum over Southeast Asia (see Figure 3.8), in 

Figure 3.11, the maximum shortwave forcing occurs in Eastern Europe. This different 

pattern of shortwave forcing results primarily from the inclusion of a variable snow- 

masking scheme which was excluded from the preliminary experiments. In addition, 

prescribing a fixed upper limit to the snow albedo results in a smoother surface albedo 

distribution for a snow-covered surface, as the maximum snow albedo value is now 

independent of the underlying surface vegetation type. 

As in Section 3.2.1, the model is found to be very sensitive to specified surface 
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rre 3.1 I :  Downward shortwave radiation change on the model grid 
from year 1700 to 1992 for the equilibrium experiment RF:SM. 

albedo values. If cropland albedos are increased to 0.20 from the default value of 0.17, 

the global cooling is increased from -0.13 "C (RF:ALB) to -0.22 "C (RF:ALB+). 

If cropland albedos are decreased to 0.15, the global cooling is decreased to -0.06 

"C (RF:ALB-). It is likely that differences in how surface albedo is affected by land 

cover change in different models explains in large part the differences that are seen 

in model simulations of land cover change, a contention that is supported by the 

analysis of Myhre and Myhre (2003). There is also significant variability, however, 

in estimates of historical land cover change, and the interpretation of these data can 

account for discrepancy in model results. Bauer et al. (2003), for example, simulated 

a cooling over the past three centuries on the order of -0.3 "C, which is substantially 

higher than that found by our model, even accounting for reasonable surface albedo 

variation. Though Bauer et al. (2003) also used the RF99 dataset, they interpreted 

cropland areas as deforested areas. In the simulations presented here, there are fewer 

deforested areas than were used by Bauer et al. (2003); in many instances, cropland 



-75 -60 -45 -30 -15 0 15 30 45 60 75 
lat i tude 

Figure 3.12: Fractional cropland area by latitude, averaged over all 
land points (solid line) and over only those land points that are specified 
as forest vegetation types (dashed line). This comparison illustrates the 
difference between "deforested areas" and actual cropland area. 

was applied onto gridcells that in the "natural" vegetation fields were already desig- 

nated as grassland or savanna, resulting in no change in local surface albedo. This 

can be seen in Figure 3.12; when averaged across forest-only gridcells in the UVic 

model, the fractional cropland area is substantially less than when averaged across 

all land points. It is likely this this difference in the model application of the RF99 

croplands data explains the difference between the results reported here and those of 

Bauer et al. (2003). 

It is worth noting that excluding roughness length as a variable model parameter 

has very little effect on global temperature, although there are small differences seen 

in global precipitation changes (RF:Alb compared to RF:SM). The radiative forc- 



ing resulting from land cover change for all runs ranges from -0.075 (RF:Alb-) to 

-0.325 W/m2 (RF:ALB+). This is well within the range of radiative forcing esti- 

mates provided in the literature (Hansen et al. 1998, Betts 2001, Myhre and Myhre 

2003). 

3.3 Biogeochemical and Net Effects of Historical 
Land Cover Change 

In all cases presented thus far, the UVic ESCM has demonstrated a radiative cooling 

that results from surface albedo changes associated with historical land cover change. 

In this section I address the role that land cover changes have played in the global 

carbon cycle. Carbon emissions resulting from historical land cover change are well 

documented and are estimated to represent approximately a quarter of all anthro- 

pogenic carbon emissions for recent decades (Bolin et al. 2000, Houghton 2003a). 

This contribution to greenhouse gas forcing indicates that a significant portion of 

recent climate warming could be attributed to historical land cover change. 

There have been some recent attempts to quantify the relative contribution of 

the biogeophysical effects (those associated with physical changes to the land sur- 

face) and biogeochemical effects (those resulting from emissions of greenhouse gases) 

of land cover change on global climate (Betts 2000, Claussen et al. 2001). These 

studies used hypothetical scenarios of reforestation (Betts 2000) or of deforestation 

and afforestation (Claussen et al. 2001), and found substantial regional variation in 

the magnitude and sign of the effect of land cover change on climate when both 

biogeophysical and biogeochemical processes are considered. 

In this section, I assess the net effect of historical land cover change on global and 

regional climate by comparing the magnitude of the albedo-induced cooling reported 

in previous sections, with the contribution of land cover change emissions of carbon 

dioxide to 20th century climate warming. The model experiments presented here 



used the UVic ESCM dynamic vegetation and global carbon cycle model described 

in Sections 2.2 and 2.3. This version of the model computes atmospheric carbon 

dioxide prognostically as a function of anthropogenic emissions, as well as terrestrial 

and oceanic carbon fluxes and sinks. Results from this model are explored more 

extensively in Chapter 5. 

3.3.1 Experimental Description 

In this section, I present two transient climate simulations which were designed to 

identify the biogeochemical effect of historical land cover change. The first of these 

transient runs (FF Emissions) began from a control integration in which atmospheric 

carbon dioxide was fixed at 280 ppm and vegetation was allowed to equilibrate in 

the absence of land cover change. Fossil fuel emissions from Marland et al. (2002) 

were then specified from 1850 to present, and atmospheric C02 was allowed to re- 

spond freely to this forcing. The second transient run (FF+LCC Emissions) began 

from a control integration where atmospheric carbon dioxide was fixed at 280 ppm 

and vegetation was allowed to equilibrate under the constraint of imposed present- 

day cropland distributions. Emissions from both fossil fuels and land cover change 

(Houghton 2003a) were then specified from 1850 to present. For comparison, a third 

transient run is shown that was forced solely by the biogeophysical effects of land 

cover change. This specific run was generated using the same version of the UVic 

ESCM used in the "FF Emissions" and "FF+LCC Emissions" transient runs, though 

in this case, the carbon cycle component is not required, as atmospheric C02 is held 

fixed at pre-industrial levels. Transient land cover change runs are presented and 

discussed in more detail in Chapter 4. 



3.3.2 Results and Discussion 

Results from the above transient runs are shown in Figure 3.13. As can be seen in 

Figure 3.13a7 specifying only fossil fuel emissions results in a substantial underesti- 

mation of present-day atmospheric carbon dioxide (327 ppm). Including land cover 

change emissions increases present-day atmospheric carbon dioxide to 353 ppm, a 

value that is much closer to the observed C02  concentration of 365 ppm. Historical 

land cover change emissions from 1850 to 2000 total 156 GtC, compared to 275 GtC 

from fossil fuels. Despite a slight underestimate of present-day C02  in the model, it 

is clear that land cover change emissions are necessary to accurately model historical 

atmospheric carbon dioxide concentrations. 

What is also apparent from Figure 3.13b is that when land cover change emis- 

sions are included, the climate warming between 1850 and 2000 is increased by 0.3 

"C compared to the case when only fossil fuel emissions are included. This global 

temperature change of 0.3 "C can be interpreted as the biogeochemical effect of his- 

torical land cover change, resulting from increased emissions of carbon dioxide. This 

0.3 "C increase can be compared to the biogeophysical effect of historical land cover 

change, reported to range from -0.06 "C to -0.22 "C from the year 1700 to 2000 in 

Section 3.2.2.2, and shown as a transient run in Figure 3.13b from 1850 to 2000 (-0.16 

"C cooling: see Chapter 4 for further discussion of the transient effect of land cover 

change). Considering the entire range of values found for the biogeophysical cooling, I 

conclude that the biogeochemical warming effect of historical land cover change emis- 

sions on globally averaged surface air temperature has exceeded the cooling effect of 

biogeophysical processes. 

The climate response to these two competing effects of historical land cover change 

is also notable on a regional scale. In the carbon cycle model, carbon dioxide emis- 

sions are assumed to be instantaneous1 well mixed in the atmosphere, and as such, Y 
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Figure 3.1 3: Atmospheric carbon dioxide (a) and temperature change 
(b) from 1850 to 2000 resulting from transient runs forced by: fossil fuel 
emissions only (purple line) fossil fuel and land cover change emissions 
(red line) and land cover biogeophysical changes only (blue line). 



local warming does not represent local sources of carbon dioxide emissions. Nev- 

ertheless, there is a distinct regional pattern to both the warming associated with 

greenhouse gas emissions (Figure 3.14a) and the cooling generated by surface albedo 

changes (Figure 3.14b). The regional patterns of warming/cooling shown here can be 

attributed largely to amplification by local feedbacks, such as surface albedo changes 

that result from sea-ice dynamics in the North Atlantic and Southern oceans. In the 

case of Figure 3.14b, the cooling pattern does also reflect the spatial distribution of 

land cover changes. 

Assuming a linear additivity of climate responses (I demonstrate that this is a 

reasonable assumption in Chapter 4), Figures 3.14a and 3.14b can be combined to 

determine the net effect of historical land cover change. Figure 3 .14~  thus represents 

the regional distribution of the net warming or cooling that results from both the 

biogeophysical and biogeochemical effects of historical land cover change. The net 

effect of land cover change reveals a distinct cooling over North America and very 

close to zero net change over Western Eurasia, with a warming over the Pacific Ocean, 

at high Northern latitudes and in the Southern hemisphere. The globally averaged 

net effect of land cover change under this comparison results in a warming of 0.15 "C. 

Conclusions 

The simulations presented in this chapter demonstrate that historical land cover 

change has had a non-negligible radiative effect on global climate over the past three 

centuries. All model runs in the preliminary experiments showed a cooling associated 

with land cover change, both in global averages, and as amplified locally by positive 

feedbacks. In the preliminary equilibrium runs, global cooling was in the range of 

-O.lO•‹C to -0.22OC, depending on which vegetation dataset was used to represent 

present-day vegetation. In the transient case, the cooling was in the range of -O.Og•‹C 
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Figure 3.14: Regional temperature anomalies due to: a) land cover 
change emissions (biogeochemical effect), b) land cover changes to surface 
albedo (biogeophysical effect) and c) the net result of both the biogeo- 
chemical and biogeophysical effects of land cover change. 



to -0.17"C, depending on the specified albedo value for cropland. From this analy- 

sis, it is clear that uncertainties in surface albedo values can have a large impact on 

the magnitude of the modelled land cover effect. It is also evident from comparing 

the land cover only transient run (-0.09"C cooling) with equilibrium runs (2) and 

(3) (-O.lO•‹C cooling) that the effect of land cover change does not carry with it a 

large oceanic cooling commitment. This is in contrast to the effect of greenhouse gas 

forcing where the large thermal memory of the ocean has resulted in differences as 

large as 0.61•‹C in the UVic model between transient and equilibrium simulations of 

the present-day climate (Weaver et al. 2001). 

In the follow-up sensitivity analysis using different land cover change datasets and 

varying model configurations and parameters, I found that the primary biogeophysical 

effect of historical land cover change has been to increase local surface albedo. While 

other parameters may be important to surface and regional processes, only albedo 

results in a global temperature effect. In these experiments, land cover change resulted 

in a global cooling of between -0.06 "C to -0.22 "C for the range of equilibrium 

comparisons performed here. I found that the cooling that results from land cover 

change is highly sensitive in our model (and I would expect this to hold for other 

models as well) to the specified surface albedo for croplands, or other human-modified 

land cover types. The entire range of results reported in this section can be reproduced 

simply by varying the specified cropland albedo value, with other model parameters 

proving to be of secondary importance. This last result helps to explain some of the 

variation seen in other simulations of the climatic effects historical land cover change 

(Bertrand et al. 2002, Bauer et al. 2003); remaining discrepancies between the results 

presented here and those of Bauer et al. (2003) are likely due to differences in the 

interpretation of the croplands dataset and resulting differences in the forcing applied 

to the climate model. 

In the final section of this chapter, I addressed the question of the net effect 



of historical land cover change, including both biogeochemical and biogeophysical 

processes. I found that including land cover change emissions in a transient climate 

simulation of the past 150 years amplifies greenhouse warming by 0.3 "C on the global 

average. This increase exceeds the biogeophysical cooling found over the same period 

(-0.16 "C). I therefore conclude that the net effect of land cover change has been to 

increase global temperatures over the last 150 years by an amount on the order of 

0.15 "C. I further note that in some geographical regions, particularly over Northern 

hemisphere continents, the cooling influence of land cover change has dominated, 

while over most of the rest of the globe, the net effect has been warming. As this 

is the first time that the effect of observed historical land cover change has been 

studied using a global climate-carbon cycle model, these results shed new light on the 

competing effects of land cover change on the climate system. 

These conclusions point to the important role that human land cover changes have 

played in observed climate change. It is clear that historical land cover change has 

had substantial and regionally varied effects on global temperatures, and that when 

included in transient simulations of recent climate change, land cover changes help 

to improve model simulations of the historical temperature record. Including the 

effect of land cover change emissions is of particular importance, as their contribution 

to recent climate warming has been notable. In future work, when considering the 

implications of carbon cycle feedbacks to climate, it will be critical to include the 

combined effects of land cover change on surface parameters, global carbon sinks and 

carbon dioxide emissions. 



Chapter 4 

Natural and Anthropogenic 
Climate Change 

4 .1  introduction 

Changes in global climate in the latter half of the 20th century represent a distinct 

anomaly in the historical climate record. The global temperature increase of 0.6 k0.2 

"C since 1900 has occurred at a rate unprecedented in the last 1000 years (Houghton 

et al. 2001). The current global temperature is unmatched in the Holocene (the last 

ten thousand years), and indeed has likely not occurred since the peak of the last 

interglacial, some 126,000 years ago (Petit et al. 1999). 

In the last several decades, the field of climate science has been motivated largely 

by the challenge of understanding the changes that we are currently observing in the 

climate system. In the last decade, the global scientific community, as represented 

by the Intergovernmental Panel on Climate Change (IPCC), has sent a clear message 

that human activities are in large part responsible for the climate changes we are 

currently experiencing. Key among the identified causes of this global warming are 

elevated levels of greenhouse gases: levels that are unprecedented in the last 420,000 

years (Houghton et al. 2001, Petit et al. 1999). 

Numerous studies have identified processes that can act to force changes in global 

climate. Anthropogenic influences, of which greenhouse gases are known to be the 

most important, also include emissions of sulphate aerosols and human land cover 

change, as well as smaller forcings such as stratospheric ozone depletion, black and 



organic carbon aerosols and jet contrails. Natural climate forcing processes include 

solar variability due to sunspot and other solar cycles, long-term changes in solar 

orbital parameters, and intermittent volcanic eruptions (Hansen et al. 1998, Houghton 

et al. 2001). 

In this chapter, I present a suite of transient model simulations from 1700 to 

2000 using the UVic ESCM forced by a series of natural and anthropogenic climate 

influences. These simulations place the biogeophysical effect of land cover change 

reported in Chapter 3, in the context of other climate changes that have been observed 

over the past 300 years. This is followed by a brief discussion of the extent to which 

the simulated results can be detected in observations of temperature change. In the 

final section of this chapter, I introduce simulations using the dynamic vegetation 

model described in section 2.2 coupled to the UVic ESCM. This model was run using 

the same set of natural and anthropogenic climate forcings, to explore the role of 

dynamic vegetation changes as a feedback and potential amplifier of externally forced 

climate change. 

4.2 Natural and Anthropogenic Climate Change 

In this section, the transient effect of land cover change is compared to other natural 

and anthropogenic forcings. As reported in Chapter 3, the transient effect of land 

cover change from 1700 to present is very similar to the equilibrium effect, a sign that 

there is very little oceanic cooling commitment associated with land cover change. 

For all transient runs reported in the following section, the model configuration used 

in experiment RF:SM+SR was chosen: the RF99 dataset was used (only croplands 

are accounted for) and all variable model parameter options were included. 

The natural forcings considered are volcanic aerosols (VOLC), solar insolation 

variability (INS) and orbital changes (ORB). In addition to land cover change (LCC), 



the anthropogenic forcings of greenhouse gases (C02 and other non-C02 greenhouse 

gases) (GG) and sulphate aerosols (SUL) were included. The datasets and methods 

used for each of these forcings are outlined in Section 2.1.5. The transient effect 

of each forcing is considered individually (GG, SUL, LCC, VOLC, INS, ORB), and 

then in combinations of anthropogenic forcings only (ANTH), natural forcings only 

(NAT) and all model forcings (ALL). A control equilibrium was spun up for 2000 

years using year 1700 conditions (solar constant, orbital parameters, land cover), 

with greenhouse gases set to 280 ppmv and volcanic and sulphate aerosols set to zero. 

Transient scenarios for each individual forcing and combination were started from 

this control equilibrium and run from the year 1700 to the year 2000. 

4.2. I Transient Model Results 

Figure 4.1 shows the results of transient runs driven by each individual model forcing. 

Greenhouse gas forcing results in a warming of 1.3 "C by the year 2000 compared 

to the control equilibrium. As described in Section 2.1.5, greenhouse gas increases 

for this run were prescribed from observed increases - this results in a much more 

realistic simulation of the temperature response to greenhouse gas forcing than that 

shown in Figure 3.7, where the historical C02  increase was approximated by an 

exponential function. Sulphate aerosols were assumed to be zero until 1850, after 

which they result in a cooling of -0.5 "C. Land cover change affects a cooling of 

-0.13 "C , very close to the equilibrium cooling of -0.14 "C found in the RF:SM+SR 

equilibrium experiment and consistent with the notion that there is very little oceanic 

cooling commitment associated with land cover change. 

Natural forcings can also be seen to have significant effects. The effect of volcanic 

aerosols is notable but periodic, with large cooling episodes associated with major 

volcanic eruptions. Mt. Pinatubo (1992), El Chichon (1982), Agung (1963) and 

Krakatau (1883) can all be seen clearly. The largest volcanic cooling is associated 



with Tambora (l8l5), said to have elicited the "year without a summer", and a global 

cooling in the range of 1 "C (Robock 1994,2000). A slight long-term cooling trend can 

be seen in the VOLC model run, though it is possible that this is simply a result of 

starting from a model spin-up that does not include volcanic aerosols. Solar insolation 

changes result in a significant warming over the 300 year model run, partly due to 

the fact that the year 1700 chosen for the equilibrium spin-up corresponded to a local 

insolation minimum in the Lean et al. (1995) dataset. The warming in the early part 

of the model run is probably artificially amplified as a result of this, although there is 

still an additional warming in the range of 0.2 "C over the period from 1800 to 2000. 

Solar orbital changes have virtually no effect on globally averaged temperature, and 

thus demonstrate the low model variability and the model's stability when subjected 

to negligibly small external forcings. 

It should also be noted that the linear sum of the individually forced climate 

responses (shown in Figure 4.1 as the thin grey line) is almost indistinguishable from 

the model response to all model forcings together (ALL, thick black line). This 

demonstrates the linear additivity of climate model responses to individual forcings in 

the context of our model, a conclusion that has also been drawn from other modelling 

studies (see for example Ramaswamy and Chen 1997). 

Combinations of forcings (ALL, NAT and ANTH) are shown for the period from 

1850 to 2000 in Figure 4.2 and compared to historical temperature data from Folland 

et al. (2001). As can be seen by comparing the all-forcings model run (purple line) 

with the temperature data (grey line), the UVic ESCM does an excellent job of repro- 

ducing the historical temperature trend in the absence of atmospheric variability. The 

2oth Century saw a warming of 0.8 "C in the all-forcings model run, consistent with 

the 0.6 f 0.2 "C warming cited by Houghton et al. (2001), and clearly in alignment 

with the temperature data shown in Figure 4.2. The model produces a cooling in the 

1960's associated with the Agung volcanic eruption, a cooling that is also seen in the 
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Figure 4.1: Transient model runs from 1700 to 2000 under the six in- 
dividual model forcings, and for all-forcings combined. Greenhouse gas 
(GG) forcing only is shown in red, sulphate aerosols (SUL) in purple, land 
cover change (LCC) ip orange, volcanic aerosols (VOLC) in blue, solar in- 
solation (INS) in green and solar orbital (ORB) in cyan. A transient run 
forced by all model forcings together (ALL) is shown by the thick black 
line. The thin grey line shows the linear sum of the six individual model 
forcings, for comparison with the all-forcings model run. 
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historical temperature data. The warming in the early 1940's followed by a cooling 

trend in the latter portion of the decade and throughout the 1950's is not reproduced 

by the model, suggesting that this temperature variation is likely the result of internal 

climate variability (such as El Nifio/La Nina) that is not captured in our model. The 

data also do not show the large volcanic cooling in the 1880's associated with the 

Krakatau eruption, but this modelldata discrepancy is consistent with other model 

simulations of this period (see for example Stott et al. 2001). It is also possible that 

early temperature records do not capture the transient effects of volcanoes well, or 

that they may have been more heavily biased to Northern hemisphere temperatures, 

and thus not have accurately recorded the global effects of a large Southern hemi- 

sphere eruption. Alternately, it is possible that the optical depth changes inferred in 

the earlier portions of the volcanic records are not as good as more recent estimates. 

Separation of model forcings into categories of natural forcings only (volcanic 

aerosols, solar insolation and orbital changes) and anthropogenic forcings only (green- 

house gases, sulphate aerosols and land cover change) reveal the source of temperature 

changes seen in the all-forcings model run. The natural forcings only run (blue line in 

Figure 4.2) shows a clear warming in the f i s t  half of the 2oth century as a result of a 

quiescence of volcanic activity and some increase in solar insolation. This is followed 

by a cooling trend in the latter half of the 20th century, initiated and maintained by 

a series of large volcanic events. The anthropogenic forcings only run (red line in 

Figure 4.2) shows a gradual warming throughout the model run, but with a distinct 

acceleration of warming after 1960. These two model patterns combine in a linear 

fashion to generate the temperature trend seen in the all-forcings model run. Based 

on these results, I argue that the warming seen in the data in the early part of the 

century is a combination of greenhouse forcing and natural forcing, the cooling seen 

in the 1960's is a result of a resumption of volcanic activity, and the distinct warming 

in the latter half of the 2oth century can only be accounted for by greenhouse gas 
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Figure 4.2: All model forgings (ALL), natural (NAT) and anthropogenic 
(ANTH) combinations shown with global temperature data (DATA) for 
1850 to 2000. DATA is shown in grey, ALL in purple, NAT in blue and 
ANTH in red. ALL and DATA are plotted such that their respective 1961 
to 1990 averages are equal. NAT and ANTH are plotted so that they 
begin from the same point as ALL. 

forcing. These conclusions are consistent with those found by Stott et al. (2001). 

Figure 4.3 shows Northern hemisphere mean temperatures from the all-forcings 

model run compared to the temperature reconstruction from Mann et al. (1999). 

While the strong volcanic signals seen in the model are not evident in the proxy data, 

the model results do fit within the error envelope of the proxy data prior to 1900, and 

track the Northern hemisphere temperature time series closely over the 20th century. 
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Figure 4.3: All model forgings (ALL) compared to northern hemisphere 
temperature reconstruction (PROXY). Dotted lines indicate two standard 
deviations for the proxy data prior to 1900. Both proxy data and model 
results are plotted as anomalies against their respective 1902 to 1980 av- 
erages. 



4.2.2 Detection of Climate Change 

Detection and attribution experiments represent an attempt to statistically detect 

trends seen in model output by comparing them to observations, and further to 

attribute the trends to external climate forcings. Recent detection and attribution 

studies have successfully attributed 2oth century temperature changes to greenhouse 

gas and sulphate aerosol forcing (Tett et al. 1999, Stott et al. 2001) as well as to 

changes in volcanic aerosols and solar irradiance (Jones et al. 2003). Hegerl et al. 

(2003) also applied detection and attribution methods to longer proxy records in an 

effort to detect volcanic, solar and greenhouse gas signals in hemispherically averaged 

temperature proxies. In this section we1 apply the optimal fingerprint detection 

method (Tett et al. 1999) to UVic ESCM output of 20th century temperature change 

to assess the detectability of biogeophysical changes forced by land cover change in 

comparison to all other model forcings. 

Figure 4.4 shows the results of the detection and attribution experiment on model 

output from transient runs of land cover change and all other model forcings re- 

gressed against observations of the period from 1896 to 1996 (Jones 1993). Results 

are derived using an ordinary least squares regression of decadal mean T4 spherical 

harmonic temperatures (1896-1996) with a 10 EOF (empirical orthogonal function) 

truncation (Tett et al. 1999). Natural variability was estimated from the CGCM2 

control simulation (Flato and Boer 2001). As can be seen on the horizontal axis of 

Figure 4.4, the combination of all model forcings is very well detected, with a regres- 

sion coefficient very close to 1. The effect of land cover change carries a regression 

coefficient of about 0.6, consistent with the notion that the RF99 dataset does not 

capture all of the land cover changes that have occurred in the past century. However, 

the error bars are too large to make this forcing statistically detectable. We conclude 

that cooling due to land cover change in the 2oth century (about -0.05 "C) is too 

lThese results were produced and interpreted with the assistance of N. Gillett 
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Figure 4.4: Regression coefficients for land cover change and all other 
model forcings regressed against observations. 

small to be detected statistically in observed trends. This experiment was repeated 

using the Mann et al. (1999) Northern hemisphere temperature data for the period 

from 1700 to present. Although the error bars on the effect of land cover change were 

smaller, the signal was still not statistically detectable. 

4.3  Dynamic Vegetation 

In this section, I present transient runs from the UVic ESCM coupled to the modified 

MOSES land surface model and the dynamic terrestrial vegetation model TRIFFID 

(Sect ion 2.2). Recent development of global dynamic vegetation models has allowed 

for the study of how changing vegetation distributions, as a function of climate, could 

feed back to climate change (Cramer et al. 2001). In this section, I explore the role 

of vegetation dynamics as a feedback within the climate system, in the context of 

anthropogenic climate change. As in the previous versions of the model, land cover 

change is prescribed from the RF99 dataset as a fractional area of cropland in each 



gridcell. Now that vegetation is dynamic rather than prescribed, the prescribed land 

cover change allocates a portion of each gridcell where only grass plant functional 

types (C3 or C4 grasses) are allowed to grow. The remaining plant functional types 

(trees and shrubs) compete for space along with grass types in the unallocated portion 

of the gridcell. 

Figure 4.5 shows the all-forcings model results for the 2oth century portion of the 

300-year transient runs. Two new model runs are presented here: the first allows 

vegetation to respond dynamically to climate (ALL:DYN), and the second holds veg- 

etation fixed at simulated pre-industrial distributions (ALL:CONST). These two runs 

are plotted in comparison with the previous all-forcings run (Section 4.2) without the 

dynamic vegetation model option (ALL), and the global temperature data (DATA). 

As can been seen by comparing ALL:CONST with ALL, when vegetation is held con- 

stant, this new model responds to the specified climate forcings in a similar fashion 

to the previous model version. When vegetation is allowed to change dynamically in 

response to climate changes however (ALL:DYN) , there is a noticeable positive feed- 

back to the climate system that results in an amplification of 20th century climate 

warming by about 0.1 "C. 

This same vegetation-climate feedback can be seen in the land cover change only 

transient runs shown in Figure 4.6. Including vegetation dynamics (LCC:DYN) in- 

creases the cooling signal from -0.14 "C (as in the case of the constant vegetation 

run: LCC:CONST) to -0.19 "C. The mechanism for this amplification can be seen 

in Figure 4.7, which shows the difference in simulated Northern hemisphere surface 

albedo between the LCC:DYN and LCC:CONST transient runs at the year 2000. 

Higher surface albedo values are seen in LCC:DYN throughout Northern Asia, and 

to a lesser extent in North America. This increase follows directly from changes in 

high-latitude vegetation cover, from forest vegetation types to grasses and shrubs, in 

response to climate cooling. The globally averaged surface albedo increase is f 0.0007, 
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Figure 4.5: All-forgings model transient run from 1880 to 2000 com- 
pared to data for: previous model version (ALL), model version including 
MOSES and TRIFFID but holding vegetation constant (ALL:CONST) 
and model including MOSES and TRIFFID and dynamic vegetation 
(ALL:DYN). 



Figure 4.6: Transient runs from 1700 to 2000 forced by land cover 
change alone for the model including MOSES and TRIFFID, with constant 
vegetation (LCC:CONST) compared to dynamic vegetation (LCC:DYN) . 

which is sufficient to account for the amplification of cooling between the two runs 

(see Table 3.3 for comparison). In the case of climate warming (as in Figure 4.5) 

high latitude forests migrate northward, leadmg to a net decrease in surface albedo 

as forests replace grass and shrub plant types. This decreased surface albedo results 

in an enhanced climate warming. Thus in both the land cover change only and the 

all-forcings model runs, vegetation dynamics act as a positive feedback to the climate 

system, amplifying the effect of the specified forcing. 

As stated in Section 4.2, in the case of prescribed vegetation, equilibrium and 

transient simulations of land cover change result in very similar global temperature 

changes, a sign that the oceanic cooling commitment associated with land cover 

change is negligible. This is not the Case however when vegetation is allowed to 
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Figure 4.7: Northern hemisphere surface albedo change between 
LU:DYN and LU:CONST at present-day. Increases in surface albedo re- 
flect changes in high-latitude vegetation cover from forest vegetation types 
to grasses and shrubs in response to climate cooling. 
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Figure 4.8: Temperature difference between equilibrium simulations 
with present-day and year 1700 land cover over 1000 years of model inte- 
grat ion. 

respond dynamically to changes in climate. Vegetation dynamics operate on decadal 

to centennial time scales, and as such introduce a new lag effect into the climate 

system that is not present when vegetation is prescribed or held constant. 

Figure 4.8 shows the temperature difference over 1000 years of model integration 

between two equilibrium simulations of land cover change that include dynamic veg- 

etation. The temperature difference between present-day and year 1700 simulations 

is seen to decrease rapidly, reaching -0.19 "C (the cooling reported for this model's 

transient simulation of land cover change) at around 150 years of model integration. 

This cooling continues however, as vegetation distributions adjust to the new climate 

regime, approaching the equilibrium difference of -0.32 "C only after several hundred 

years. From this comparison, it is clear that the positive feedback to climate from 

dynamic vegetation in this model is a slow process that requires at least 400 or 500 

years to achieve its full effect. 



Conclusions 

In this chapter, I have presented results from transient climate simulations of the 

last 300 years. For the effect of land cover change, I chose an intermediate albedo 

value for croplands, resulting in a cooling of -0.13 "C from 1700 to present-day. 

When compared to other anthropogenic (greenhouse gases and sulphate aerosols) and 

natural (volcanic aerosols, solar insolation and orbital changes) climate influences, I 

found that the biogeophysical effect of land cover change is of secondary importance 

to other anthropogenic forcings, although it is of comparable magnitude to smaller 

forcings such as solar variability. On short timescales, volcanic forcing far exceeds 

that of land cover change, but both account for a similar amount of cooling over 

decadal to centennial length time scales. By comparing the effects of natural and 

anthropogenic climate influences, I found that the warming trend of the late 2oth 

century is well simulated by the combined effects of anthropogenic activities, whereas 

warming and cooling trends in the earlier portion of the temperature record are 

likely attributable to a combination of natural and anthropogenic climate change. I 

conclude from these transient runs that 2oth century climate change has been forced 

primarily by changes in greenhouse gases, but that other forcings and internal model 

feedbacks contribute to a realistic simulation of climate change over the past 300 

years. These conclusions lend support to other published simulations of the effect 

of natural and anthropogenically forced climate changes (Crowley 2000, Stott et al. 

2000, 2001, Bertrand et al. 2002, Bauer et al. 2003). 

In Section 4.2.2, I found that the biogeophysical effect of land cover change is too 

small to be detectable in either 2oth century temperature data or hemispherically av- 

eraged proxy data. While including the biogeophysical effect of historical land cover 

change has the potential to improve simulations of recent climate change, the effect of 

this forcing is small compared to natural climate variability and other anthropogenic 



climate changes. The issue of detection is complicated by the uncertainties associated 

with estimates of land cover change as well as its coupled biogeophysical and biogeo- 

chemical effects on climate. It is perhaps not surprising that the albedo-induced 

cooling effect alone is not readily detectable in 2oth century observations. As land 

cover changes have not previously been included in detection and attribution studies, 

this result suggests that it is unlikely that more complex models will be able to detect 

a significant effect. 

When vegetation dynamics are included, as in Section 4.3, the results presented in 

previous sections are amplified by a positive feedback between vegetation dynamics 

and the climate system. When all model forcings are included, vegetation dynamics 

increase 2oth century warming by about 0.1 "C. In the case of simulations forced by 

land cover change only, vegetation dynamics increase the cooling signal from -0.14 

"C to -0.19 "C between 1700 and present-day. In addition, the positive vegetation 

feedback introduces a significant lag effect into the climate model, resulting in a 

much larger equilibrium temperature difference (-0.32 "C) associated with land cover 

change than that found in the transient simulations (-0.19 "C). 



Chapter 5 

The Global Carbon Cycle 

5.1 Introduction: Terrestrial Carbon Cycle 
Dynamics 

The behaviour of the terrestrial carbon cycle under changing atmospheric carbon 

dioxide levels and climate remains a key area of uncertainty in our understanding 

of the global climate system. Atmospheric C02  has increased by about 90 ppmv in 

the last two centuries, but this increase represents less than half of the total anthro- 

pogenic release of carbon dioxide since the beginning of the industrial revolution, the 

remainder having been sequestered by the oceans and the land biosphere (Prentice 

et al. 2001). In order to understand this pattern of atmospheric accumulation, we 

must understand how terrestrial and oceanic carbon sinks absorb anthropogenic car- 

bon, and the extent to which carbon sinks will persist under continued emissions of 

greenhouse gases. 

Despite this imperative, estimates of terrestrial C02 uptake for the last several 

decades are very poorly constrained. Bolin et al. (2000)) in the IPCC Special Report 

on Land Use, Land-Use Change and Forestry, indicated that terrestrial carbon uptake 

was in the range of 0.6 to 3.2 GtC/year for the 1980s, and 1.0 to 3.6 GtC/year for 

the 1990s. These numbers have recently been updated by House et al. (2003), who 

reported that terrestrial carbon uptake was in the range of 0.3 to 4.0 GtC/year 

and 1.6 to 4.8 GtC/year for the 1980s and 1990s respectively. The modifications 

reported in House et al. (2003) were based on improved estimates of ocean carbon 



uptake from measured oxygen fluxes (Bopp et al. 2002, Plattner et al. 2002), as well 

as updated estimates of the net emissions of carbon from anthropogenic land-use 

change (Houghton 2003a). It is notable that despite extensive research over the past 

several years, the uncertainty range on estimates of terrestrial carbon uptake has not 

narrowed. 

One of the primary challenges in the investigation of the terrestrial carbon cycle 

is the difficulty obtaining direct observational estimates of terrestrial carbon uptake. 

Forest inventory studies and measurements of carbon fluxes using the eddy-covariance 

method are useful for estimating changes in terrestrial carbon stores for individual 

forest plots, but there are considerable challenges both in the accuracy of these meth- 

ods and in their ability to be extrapolated to continental or global scales (Adams and 

Piovesan 2002, Houghton 2003b). Analysis of atmospheric 0 2  trends (Bopp et al. 

2002, Plattner et al. 2002), inverse modelling of atmospheric carbon fluxes using at- 

mospheric transport models (Bousquet et al. 2000, Gurney et al. 2002), and analysis 

of ice-core C02  records (Joos et al. 1999, Trudinger et al. 2002) are useful in parti- 

tioning anthropogenic carbon uptake between oceanic and terrestrial sinks. However, 

these methods can only shed light on the net terrestrial flux - emissions of carbon 

from land-use change must still be accounted for to obtain an estimate of the actual 

terrestrial carbon uptake. The values for terrestrial uptake reported by both Bolin 

et al. (2000) and House et al. (2003), while generally consistent with observational 

results, were nevertheless obtained by calculating a residual terrestrial sink based on 

the difference between estimates of anthropogenic carbon emissions from fossil fuels 

and land-use change, measured increases in atmospheric carbon dioxide, and model 

and observationally-based estimates of ocean uptake. As all of these components of 

the global carbon balance have considerable uncertainty associated with them, it is 

not surprising that the uncertainty on estimates of the residual terrestrial carbon sink 

is also large. 



Another area of uncertainty is the mechanism behind the observed terrestrial car- 

bon sink. It is thought that terrestrial carbon uptake is due to some combination of 

several processes: fertilization of plant growth by increased atmospheric C02  and by 

deposition of anthropogenic nitrogen; changes in climatic constraints on vegetation 

growth; and regrowth of forests in previously harvested areas (Schimel et al. 2001, 

Malhi et al. 2002, Adams and Piovesan 2002, Houghton 2003b, Nemani et al. 2003). 

There is considerable debate about the relative magnitude of these effects, and and it 

is not clear to what extent the mechanisms behind the terrestrial carbon sink will per- 

sist into the future. Comparisons of process-based terrestrial ecosystem models have 

generally found the terrestrial carbon sink to be consistent with the effect of C02  fer- 

tilization on plant growth (Cramer et al. 2001, McGuire et al. 2001), though there 

is conflicting experimental evidence to suggest that increases in plant photosynthesis 

may be limited by nutrient availability (Oren et al. 2001) or by other constraints on 

plant growth (see reviews by Adams and Piovesan 2002, Malhi et al. 2002, Karnosky 

2003). However, these conclusions are based on short term exposure of plants to fixed 

elevated C02  in a controlled experimental setup. The response of diverse terrestrial 

ecosystems to continually increasing atmospheric C02  levels over decades to centuries 

is very difficult to assess experimentally, and remains an open question. 

There is even less information available on the potential for feedbacks between 

climate and the carbon cycle. It is quite possible that changes in temperature and 

precipitation could affect the ability of the terrestrial biosphere to take up anthro- 

pogenic carbon over the coming century. As climatically-induced changes in terres- 

trial carbon fluxes would have a direct effect on atmospheric accumulation of carbon 

dioxide, this would constitute an important and as yet poorly quantified climate feed- 

back. In particular, there is evidence that increased soil temperatures may increase 

carbon decomposition in the soil through increased heterotrophic respiration by soil 

microbes. Increased heterotrophic respiration would create a positive feedback to 



climate, resulting from an increased flux of carbon from the soil to the atmosphere 

and a correspondingly reduced terrestrial carbon sink (Cox et al. 2000, Cramer et al. 

2001, Friedlingstein et al. 2001, Dufresne et al. 2002, Melillo et al. 2002). 

Global climate models have only recently incorporated the functionality neces- 

sary to study the carbon cycle response to climate change through the inclusion of 

interactive carbon cycle models. This has allowed for a fully coupled investigation 

of the sustainability of terrestrial carbon uptake over the coming century, as well as 

the nature of possible feedbacks between climate and the carbon cycle. To date, two 

general circulation climate models have been used to simulate the future behaviour 

of the carbon cycle, and the results thus far have yielded dramatically different pro- 

jections of the future of the terrestrial carbon sink. Cox et al. (2000) were the first 

to publish results from a general circulation climate model coupled to a carbon cycle 

model (HadCM3C). In their study, the Hadley Centre model was forced from 1850 

to present by observed emissions of C02 and non-C02 greenhouse gas increases, and 

then by the IS92a emissions scenario through the 21St century. This simulation re- 

vealed a dramatic positive feedback to climate resulting from large releases of soil 

carbon under climate warming, as well as a significant die-back of South American 

tropical forests and consequent flux of carbon to the atmosphere. Terrestrial carbon 

uptake decreased throughout the simulation, and the land biosphere became a carbon 

source around the year 2050. 

A similar study was carried out by Friedlingstein et al. (2001) and Dufresne et al. 

(2002) using the IPSL-CM2 model forced by C 0 2  emissions from 1850 to 2100. This 

study supported the notion of a positive feedback to climate from the carbon cycle, 

but found the magnitude of the feedback to be less than a third of that seen in 

Cox et al. (2000). While terrestrial uptake in the 2lSt century was reduced in this 

simulation, the IPSL model did not reproduce the terrestrial carbon sink-to-source 

transition seen in Cox et al. (2000). Dufresne et al. (2002) did not include dynamic 



vegetation in their study, and so could not be expected to reproduce the dramatic 

changes in vegetation cover seen by Cox et al. (2000). They contend, however, that 

the main difference between the two studies lies in the response of the soil carbon 

pool to climate change. 

The differences between these two model runs were the focus of a subsequent paper 

by Friedlingstein et al. (2003). The authors identified three key factors that could 

influence the magnitude of climate-carbon cycle feedbacks. The first was the model's 

climate sensitivity: a higher climate sensitivity implies more simulated warming for a 

given increase in atmospheric COz, which would lead to a stronger climatic impact on 

the carbon cycle. Secondly, the response of ocean circulation to climate change, and 

hence the geochemical uptake of anthropogenic carbon differed considerably between 

models. Third, the response of soil and vegetation carbon uptake to climate change 

was highly model dependent. Friedlingstein et al. (2003) analysed these processes 

and determined that the differences in model climate sensitivities, ocean circulation 

responses and terrestrial vegetation dynamics were of secondary importance to the 

extent to which soil carbon pools in the two models were affected by climate warming. 

In this chapter, I present evidence that suggests instead that the magnitude and 

character of model-simulated climate change over the 21St century may have a dom- 

inant impact on the resultant feedbacks between the terrestrial carbon cycle and 

climate. I use a new version of the UVic Earth System Climate Model (ESCM) 

(Weaver et al. 2001), now coupled to a dynamic terrestrial vegetation and carbon 

cycle model, as well as an inorganic ocean carbon cycle component, as described in 

Sections 2.2 and 2.3. The UVic model is a global climate model of intermediate com- 

plexity, and as such allows for multiple transient model runs under a range of climate 

scenarios. Repeated simulations can also be carried out to assess the sensitivity of 

climate feedbacks to key processes and parameters in the model. In addition, the 

terrestrial component of this model is, taken from that used in HadCM3C - this 



allows for an assessment of the extent to which the large positive feedbacks seen in 

Cox et al. (2000) can be reproduced using a different climate model. 

With this new tool, I investigate the role of the terrestrial biosphere in moderating 

and responding to recent and future scenarios of climate change. The UVic ESCM 

and carbon cycle components are described in Chapter 2; the following sections de- 

scribe the experimental setup and results of the model simulations. Section 5.3.1 

presents the results of model runs of the 20th century, validating them against avail- 

able observations. Section 5.3.2 focuses on the 2 lSt century, demonstrating the model 

response to six C 0 2  emissions scenarios. I discuss simulated atmospheric C02  and 

temperature trends, as well as changes in terrestrial and ocean carbon sinks. I then 

focus on the magnitude of terrestrial carbon cycle feedbacks to climate and present 

the results of a sensitivity study to assess the importance of key model processes in 

determining the strength of the feedback. 

5.2 Experimental Descriptions 

In this chapter, transient runs were performed from 1750 to 2100, forced by observed 

and projected anthropogenic carbon dioxide emissions. For the historical period (1750 

to 2000), C02  emissions from combustion of fossil fuels were taken from Marland 

et al. (2002); land-use emissions were specified for the period from 1850 to 2000 from 

Houghton (2003a). From 1750 to 1850, emissions from land cover change were linearly 

interpolated from zero at 1750 to the 1850 value corresponding to the first year in 

the Houghton (2003a) dataset. 

Historical methane emissions were prescribed (Stern and Kaufmann 1998) and 

allowed to decay to carbon dioxide with an atmospheric lifetime of 8.4 years, providing 

a small additional source of carbon dioxide from anthropogenic activities. There was 

no direct radiative forcing applied from methane on the climate system, other than 



that which results from the formation of C02. Consumption of methane in the soil 

and methane loss to the stratosphere was omitted, although these have been estimated 

to constitute only about 10% of the total sink for anthropogenic methane (Prather 

et al. 2001). This is a highly simplified parameterisation of the fate of methane in 

the atmosphere, but does provide a first-order approximation of the contribution of 

anthropogenic methane to the atmospheric carbon budget. 

From 2000 to 2100, fossil fuel and land cover change emissions are specified from 

scenarios AlB, AlT, AlFl ,  A2, B1 and B2 of the IPCC Special Report on Emissions 

Scenarios (SRES) (Nakibenovib et al. 2000). Emissions from the six scenarios, as 

well as for the historical period, are shown in Figure 5.1. Due to a discrepancy 

between land-use emissions given in the SRES scenarios at the year 2000, and year 

2000 emissions estimated by Houghton (2003a), the land-use emissions from each 

of the SRES scenarios were scaled up so as to be consistent with the Houghton 

(2003a) dataset. In doing this, the SRES land-use emissions were increased slightly, 

but the emission trends throughout the 2lSt century were preserved. All transient 

model runs presented here began from an equilibrium simulation with atmospheric 

C02  set to 280 ppmv. Present-day croplands from Ramankutty and Foley (1999) were 

prescribed onto this equilibrium climate so that historical land-use C 0 2  emissions did 

not duplicate carbon already stored in the terrestrial biosphere. For these simulations, 

natural climate forcings and anthropogenic forcings other than C 0 2  (including the 

transient biogeophysical effect of land cover change) were ignored. 

5.3 Results and Discussion 

5.3.1 20th Century 

Figure 5.2 shows modelled atmospheric carbon dioxide and temperature compared 
t 

to data from Etheridge et al. (1998) and Keeling et al. (2003a,b) for C02,  and Fol- 
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Figure 5.1: Anthropogenic carbon dioxide emissions from observations 
for 1750 to 2000 and from six marker SRES scenarios from 2000 to 2100. 

land et al. (2001) for temperature. The model does a very good job of reproducing 

historical C02 concentrations, reaching 366 ppmv at the year 2000 (compared to 

the observed 368 ppmv). Particularly in the latter portion of the 2oth century, the 

observed C02 increase is well reproduced, with most of the model-data discrepancy 

occurring prior to 1950. Of the simulated 86 ppmv C02 increase from pre-industrial 

conditions to present-day, about 30 ppmv can be attributed to emissions from histori- 

cal land-use change. Decay of anthropogenic methane accounts for a small additional 

source of GOz, contributing 3 to 4 ppmv of atmospheric COz increase. 

Simulated temperature in Figure 5.2 shows a good agreement with data, although 

the interannual variability is not captured on account of the reduced complexity of the 

atmosphere component of the model. Decadal-scale variability, such as the warming 

in the early part of the 2oth century followed by slight cooling, is also not seen in 

this simulation. This lower frequency variability is thought to  be largely the result of 

natural climate forcings such as solar igsolation changes and volcanic activity (Stott 
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Figure 5.2: Modelled (a) atmospheric carbon dioxide and (b) tempera- 
ture anomaly with respect to the 1961-1990 average (solid lines), compared 
to observations (dotted lines). 
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Figure 5.3: Increases in ocean (solid line), vegetation (dashed line) and 
soil (dotted line) carbon sinks from 1850 to 2000. 

et al. 2000,2001, see also Chapter 4) which are not included in the current simulations 

(see Chapter 4 for a detailed analysis of the UVic ESCM's response to contemporary 

climate forcings). It is possible that inclusion of these climate forcings would also 

improve the simulation of atmospheric COa in the early part of the century, as this 

would allow for a more accurate response of COz to changes in climate via climate- 

carbon cycle feedbacks (discussed further in Section 5.3.2). 

Figure 5.3 shows the accumulation of carbon in ocean and terrestrial sinks from 

1850 to 2000. From 1850 to 1998, vegetation carbon increased by 72 GtC and soil 

carbon by 63 GtC, giving a total land carbon increase of 135 GtC. Specified emissions 

from land-use change (Houghton 2003a) totalled 152 Gt C, yielding a net carbon source 

of 17 GtC over this time period. This is quite consistent with the estimate of a 26160 

GtC source given in Bolin et al. (2000). Ocean carbon from 1850 to 1998 increased 

by 132 GtC; this leaves an accumulation of 170 GtC in the atmosphere, slightly less 

than, but within the error bounds of the Bolin et al. (2000) figure of l 76 f  10 GtC. 



In Figure 5.4, I show the globally averaged annual terrestrial carbon flux (net 

ecosystem productivity, in GtC/year) as a function of time from 1850 to 2000 (dashed 

line). This plot shows that the terrestrial carbon cycle does take up carbon throughout 

the model simulation, although the strength of the sink increases notably after 1950, 

reaching 2.7 GtC/year by the year 2000. Also shown on this plot are the specified 

land-use emissions (dotted line) and the sum of emissions and uptake (solid line). This 

latter line represents the net terrestrial carbon flux, or the net biome productivity. 

For most of the simulation, when land-use emissions are included, the terrestrial 

biosphere acts as a net source of carbon (as noted above for the 1850-1998 total). 

Around 1970, however, terrestrial uptake exceeds emissions from land-use change, 

and the terrestrial biosphere becomes a net carbon sink. This pattern is consistent 

with that seen in simulations using terrestrial ecosystem models forced offline by 

observed C02,  land-use and climate changes (McGuire et al. 2001, Levy et al. 2004). 

Deconvolution analyses of ice-core COa records also reveal similar magnitudes and 

temporal progression of net terrestrial carbon fluxes, though the transition from a 

net land source to a net land sink occurs slightly earlier at around 1950 (Joos et al. 

1999, Trudinger et al. 2002). 

It is important to note that the mechanism of terrestrial carbon uptake in the 

UVic model (as well as in most other terrestrial ecosystem models) is enhanced gross 

primary production resulting from increased atmospheric C02  (i.e., C02  fertiliza- 

tion). While there is considerable uncertainty as to the long term effect of elevated 

C02  on plant growth and terrestrial carbon sequestration, and as such it is difficult 

to validate this result against observations, there is new evidence to suggest that 

changes in other climate variables may also be contributing to increased net primary 

production. Nemani et al. (2003), in a recent analysis of satellite records of vegeta- 

tion characteristics over the period from 1982 to 1999, estimated that global annual 

NPP has increased by 3.42 GtC over She 18 year period studied, and argued that 
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Figure 5.4: Terrestrial carbon uptake (dashed line), emissions from land 
cover change (dotted line, Houghton 2003a) and the net terrestrial carbon 
flux (solid line). Negative values indicate a withdrawal of carbon from the 
atmosphere. 
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almost 40% of the estimated NPP increase could be attributed to the direct effects 

of climate changes (such as changes in temperature, soil moisture and cloud cover), 

with the remainder likely resulting from changes in land-use, vegetation distributions 

and growth fertilization. While the UVic model simulates a similar global annual 

NPP increase over this period (3.68 GtCIyear), the effect of C02  fertilization is by 

far the dominant effect. When modelled C02  increases were prevented from affecting 
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vegetation growth in the model (this scenario is discussed further in the following 

section) climatic changes alone lead to an increase in NPP in extratropical forests 

and a decrease in NPP in the tropics, with very little change in the global average. 

Uptake by the ocean and terrestrial biosphere for the 1980s and 1990s, as well as 

from 1850 to 1998, is summarized in Table 5.1 and compared to the values given in 

Bolin et al. (2000)) Plattner et al. (2002) and Houghton (2003a). The values simulated 

by the model for atmospheric carbon increase, ocean uptake, terrestrial uptake and 



Table 5.1 : Modelled annual average C02 budget for the 1980s, 1990s (in 
GtCIyear)' modelled totals for 1850 to 1998 (in GtC)' compared to esti- 
mates given in the IPCC special report on Land Use, Land-Use Change 
and Forestry (Bolin et al. 2000), updated where available for the 1980s 
and 1990s by Plattner et al. (2002) and Houghton (2003a). 

Atmospheric Increase: Model 
Estimate2 

Ocean Uptake: Model 
Est imat e3 

Terrestrial Uptake: Model 
Estimate4 

Land-use Emissions: Model5 
Est imat e4 

Net Terrestrial Flux: Model 
Estimat e3 

Negative values indicate a withdrawal of CO2 from the atmosphere. 
From Bolin et al. (2000): 
From Plattner et al. (2002). 
From Houghton (2003a). 
Specified in the model from Houghton (2003a). 

the net terrestrial flux (calculated as the sum of simulated uptake and specified land- 

use emissions) are all very close to the estimates for the 1980s and 1990s, as well as 

for the period from 1850 to 1998 as discussed above. This does suggest that despite 

substantial uncertainties in the mechanisms of terrestrial carbon sequestration, the 

UVic model does a good job of reproducing the observed behaviour of global carbon 

sinks. 

5.3.2 21St Century 

5.3.2.1 SRES Scenario Results 

Six SRES emissions scenarios (AIB, AlT, AlF1, A2, B1 and B2) were used to force 

the model from the year 2000 to 2100, generating a range of model responses to future 
C 

climate change scenarios. Simulated atmospheric C02  and temperature changes from 



these six runs are shown in Figure 5.5. Simulated atmospheric c.02 at the year 2100 

ranged from 500 ppmv (B1 scenario) to 885 ppmv (AlF1 scenario). Temperature in- 

creases over the 21" century ranged from 1.4 to 3.0 "C. These numbers are in general 

agreement with those presented in Houghton et al. (2001), which were based on sim- 

ulations using simplified models of climate and the carbon cycle. The C02  increases 

simulated by the UVic model are on the lower end of the range of results obtained 

from this same set of emission scenarios (500 to 1250 ppmv at the year 2100: Prentice 

et al. 2001). The simulated warming over the 2lSt century is also at the low end of the 

range reported in Houghton et al. (2001) (1.4 to 5.8 "C); this is a direct consequence 

of simulated C02  levels, given that the UVic model's climate sensitivity is close to 

the average of the range of climate models discussed in Houghton et al. (2001). 

Vegetation and soil carbon increases for the same series of model runs are shown 

in Figure 5.6. All model scenarios show a smooth increase in vegetation and soil 

carbon, with vegetation carbon increasing by 135 to 230 GtC and soil carbon by 110 

to 200 GtC over the 21" century. Total land and ocean carbon uptake (shown in 

Figure 5.7) ranges from 245 to 430 GtC and from 370 to 650 GtC respectively. It is 

interesting to note that for the early part of the 2lSt century, land and ocean carbon 

sinks increase at a very similar rate, and contribute approximately equally to the 

total sequestration of anthropogenic carbon. After 2050, however, the behaviour of 

the land and ocean carbon sinks begin to diverge: both continue to take up carbon in 

response to anthropogenic emissions, but the land biosphere shows signs of saturation, 

and the resulting cumulative uptake amounts at the year 2100 are notably lower than 

those for the ocean. This saturation is a sign of the diminishing effectiveness of 

C02  fertilization at high COa values in the model, as well as temperature driven 

increases in soil and plant respiration. 

The distribution of terrestrial carbon increases on the model grid and by latitude, 

are shown in Figure 5.8 for the A2 scenario run. From both of these plots it is apparent 
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Figure 5.5: Modelled (a) atmospheric C 0 2  and (b) temperature increase 
for model runs from 2000 to 2100 under six SRES marker scenarios of 
greenhouse gas emissions. 



A1 B 
A l T  

2040 2060 
model year 

Figure 5.6: Modelled (a) vegetation and (b) soil carbon increase for 
model runs from 2000 to 2100 under six SRES marker scenarios of green- 
house gas emissions. 
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Figure 5.7: Modelled (a) total land and (b) ocean carbon increase for 
model runs from 2000 to 2100 under six SRES marker scenarios of green- 
house gas emissions. 



that the majority of simulated terrestrial uptake occurs in the tropics, although mid- 

to high latitude boreal forests also contribute. It is notable that terrestrial carbon 

storage does not decrease at any location or latitude band in the model during the 

21St century. 

It is important to note that the land carbon increases shown here do not include 

any removal (or addition) of carbon due to changing patterns of human land-use 

change. For all simulations, cropland distributions in the vegetation model were held 

fixed at present-day values (corresponding to those provided in the last year of the 

Ramankutty and Foley (1999) dataset). Land-use COz emissions were included in the 

specified SRES emission scenarios, and in some cases this may have led to a dupli- 

cation of carbon in the model. This duplication is small however, as in all scenarios, 

land-use change is projected to decline over the next century, and cumulative land-use 

change emissions are less than 10% of those from fossil fuel combustion (Nakibenovib 

et al. 2000). Nevertheless, as in the discussion of Figure 5.4, the net change in terres- 

trial carbon can be calculated as the sum of simulated terrestrial uptake and specified 

land-use emissions. This results in a reduced range of terrestrial carbon increases of 

between 235 and 335 GtC from the year 2000 to 2100. 

The temporal evolution of the terrestrial carbon flux (heterotrophic soil respira- 

tion minus NPP) for the six SRES scenario runs is shown in Figure 5.9. This plot 

represents the annually averaged terrestrial carbon flux in response to changing cli- 

mate and C 0 2  (neglecting annual land-use change emissions), where negative values 

again correspond to a flux of carbon out of the atmosphere. In all six cases, the ter- 

restrial biosphere remains a sink for carbon throughout the model run, although the 

transient behaviour of this sink is dependent on the specific scenario that is employed. 

In cases where COz emissions increase throughout the model run (scenarios A2 and 

B2: see Figure 5.1) the terrestrial carbon sink remains much stronger than in cases 

where COa emissions decline in the second half of the century (scenarios AlB, AlT, 
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Figure 5.8: Modelled increase in terrestrial carbon storage from 2000 to 
2100 on the model grid (top) and by latitude (bottom) for the A2 scenario 
run. 
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Figure 5.9: Annually averaged global terrestrial carbon flux from 1850 
to 2000 and from 2000 to 2100 for the six SRES scenario runs. Negative 
values indicate a net flux of carbon from the atmosphere into the terrestrial 
biosphere. 

AlFl  and Bl). In these latter cases, the flux of carbon into the terrestrial biosphere 

decreases substantially toward the end of the simulation, and it is evident that this 

flux would reach zero (the transition point from a terrestrial carbon source to a sink) 

within another several decades of model simulation. In no case, however, does the 

terrestrial carbon cycle model simulate a transition from a sink to a source within 

the 21St century. 

Annual 21St century land and ocean carbon fluxes can also be plotted as a frac- 

tion of yearly anthropogenic carbon emissions. Figure 5.10 shows fractional carbon 

uptake for the land and ocean, as well as the fraction of emissions that remain in the 

atmosphere from the A2 scenario simulation (A2 emissions are shown in Figure 5.1). 
C 



Figure 5. I 0: Modelled atmospheric storage (solid line), land uptake 
(dotted line) and ocean uptake (dashed line) as a fraction of emissions for 
the A2 scenario, plotted from 1950 to 2100. 

Prior to about 2010, land and ocean sinks each take up close to 30% of C02  emissions, 

with 40 to 45% of emissions accumulating in the atmosphere. As emissions increase 

throughout the 2lSt century, the ocean continues to take up a fairly constant fraction 

of emitted anthropogenic carbon. The fraction of emissions taken up by the land, 

however, begins to decline, reaching only 13% of emissions by the year 2100. This 

results in a steady increase in the fraction of emissions remaining in the atmosphere, 

and points again to a weakening of the terrestrial carbon sink relative to the ocean 

towards the end of this century. 

The results presented in this section are generally consistent with previous cou- 

pled climate-carbon cycle simulations of the 2lSt century (Cox et al. 2000, Dufresne 

et al. 2002). It is surprising, however, that my results are different from those of 



Cox et al. (2000) in several important ways, given that the UVic and Hadley Centre 

models share common dynamic vegetation and terrestrial carbon cycle components. 

The striking result of Cox et al. (2000) was that under increasing 21St century tem- 

peratures, terrestrial carbon uptake slowed dramatically, and the terrestrial biosphere 

became a carbon source around the middle of the century. In addition, Cox et al. 

(2000) simulated a dramatic die-back of South American forests as a result of hy- 

drological feedbacks between vegetation distributions and climatic conditions in the 

Amazon basin. The UVic model does simulate a slowing of terrestrial uptake as a 

result of climate changes, but to a much lesser extent than HadCM3C. None of the 

model scenarios presented here show a sink-to-source transition in the 21St century, 

as seen in Cox et al. (2000). I also do not see a decrease in Amazonian forests, but 

rather an increase in carbon sequestration throughout South America. Despite the 

commonalities between the UVic model and the model used by Cox et al. (2000), my 

simulations more closely resemble those of Dufresne et al. (2002). 

In the next section, I address the question of why the UVic model results diverge 

from those of Cox et al. (2000). I focus on the magnitude of the carbon cycle feedback 

to climate seen in these simulations, and compare my results to those of Cox et al. 

(2000) and Dufresne et al. (2002). I then analyze the UVic results following the 

method of F'riedlingstein et al. (2003), showing the sensitivity of carbon uptake in 

the UVic model to changes in atmospheric C 0 2  and temperature. As one potentially 

important difference between the UVic model and HadCM3C is our respective climate 

sensitivities, I present an analysis of the effect of increased warming in the UVic 

model on the magnitude of the carbon cycle feedback to climate. Finally, I propose 

a mechanism that could explain the differences between my results and those of Cox 

et al. (2000) based on regional differences in simulated temperature and precipitation 

changes over the 2lSt century. 



5.3.2.2 Carbon Cycle- Climate Feedbacks 

Climate changes likely have several important effects on terrestrial carbon uptake. On 

the one hand, increased temperatures could lead to a longer growing season, which 

would create a negative feedback on atmospheric C02  as a result of increased veg- 

etation growth. Conversely, higher temperatures increase plant and soil respiration, 

leading to a decreased total terrestrial carbon uptake and a net positive feedback to 

climate. Changes in precipitation and soil moisture would also have an effect both 

on vegetation growth and on the rate of soil carbon decomposition. Previous studies 

have focused on the effect of soil temperature on heterotrophic soil respiration as the 

dominant contributor to a net positive feedback between the terrestrial carbon cycle 

and climate (Cox et al. 2000, F'riedlingstein et al. 2001, Dufresne et al. 2002, Berthelot 

et al. 2002, Friedlingstein et al. 2003). 

In this section, I introduce several new model runs to assess the magnitude of 

carbon cycle-climate feedbacks in the UVic model. The first is a simulation where 

modelled increases in atmospheric C02  did not apply any change in radiative forcing 

to the climate system. This means that the carbon cycle components of the climate 

model did not see any C02-induced changes in climate throughout the model run, 

and respond instead under constant pre-industrial climate conditions. The results of 

this simulation reflect a scenario in which there are no feedbacks between the carbon 

cycle and climate, and can be compared directly to similar runs carried out by Cox 

et al. (2000) and Dufresne et al. (2002). Second, modelled increases in carbon dioxide 

were masked from the terrestrial carbon cycle component of the model, which was 

instead forced by constant pre-industrial C02. This simulation resulted in a modelled 

C02  increase in the absence of the beneficial effects of C02  fertilization on terrestrial 

carbon uptake. 

Figure 5.11 shows the simulated atmospheric C02  from these two model runs 

(dashed and dotted red lines) compared to the standard A2 model run, as presented 



in the previous section (solid red line). The difference between the "no carbon cycle- 

climate feedback" model run and the standard A2 model run indicates the magnitude 

of the positive feedback between the carbon cycle and climate in the UVic model. 

As can be seen in this figure, the difference in simulated atmospheric C02  at the 

year 2100 is only about 60 ppmv, indicating a fairly weak positive feedback in our 

model. The difference between the "no C02  fertilization of vegetation" model run 

and the standard A2 run is notably larger: around 250 ppmv difference in C02  at the 

year 2 100. Given the present uncertainty regarding the long-term effects of elevated 

C02  on plant growth and consequent terrestrial carbon sequestration, this simulation 

can be viewed as an upper bound for the evolution of 2lSt century atmospheric C02 in 

the absence of C02-induced drawdown by terrestrial ecosystems. Also shown in this 

figure are the cumulative carbon emissions from the A2 scenario (solid black line): 

this represents the atmospheric C 0 2  concentration that would result in the absence 

of uptake by both land and ocean carbon sinks. 

Again, the differences between the results seen in the UVic model and those 

reported in Cox et al. (2000) are striking. In their coupled climate-carbon cycle 

experiment, atmospheric C02  at the year 2100 was 250 ppmv higher than in their 

"offline" simulations, in which the carbon cycle was forced by pre-industrial climate 

conditions. For the same set of model scenarios, the UVic model simulates a 60 ppmv 

C02  difference, which is more consistent with the 75 ppmv C02  difference simulated 

by the IPSL model (Dufresne et al. 2002). This is surprising given the commonalities 

between the UVic carbon cycle model and the HadCM3C model used by Cox et al. 

(2000). 

Friedlingstein et al. (2003) attempt to explain the differences between the Hadley 

and IPSL simulations by comparing the sensitivities of land and ocean carbon uptake 

in the two models to changes in atmospheric C02 and temperature. In Figure 5.12, 

I show these sensitivities for the UVic model. Panels (a) and (b) show the simulated 
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Figure 5.11: Simulated atmospheric C 0 2  from 2000 to 2100, forced by 
the SRES A2 scenario emissions. The standard A2 scenario run (solid red 
line) is compared to a run with constant climate (dotted red line) and 
constant atmospheric C 0 2  (dashed red line). The solid black line is where 
there is no uptake by either land or ocean carbon sinks. 
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ocean and land uptake as a function of atmospheric C 0 2  for the "no carbon cycle- 

climate feedbacks" model run. This is the sensitivity of carbon uptake to C02  in the 

absence of climate change. Comparing these plots to Figure 3 in Friedlingstein et al. 

(2003), it is apparent that the effect of C 0 2  increases on land uptake in the UVic 

model is virtually identical to that of the Hadley model, as would be expected given 

that we use the same terrestrial vegetation models. The sensitivity of ocean uptake 

to COz, however, is much more consistent with the IPSL model; both the UVic and 

IPSL models simulate a cumulative ocean uptake of around 650 GtC at 700 ppmv 

C02,  compared to only about 400 GtC in HadCM3C. 

This last result explains why the UVic "no carbon cycle-climate feedbacks" model 

run is very similar to Cox et al. (2000)'s "offline" run, despite the fact that I use the A2 

emissions scenario which specifies higher C02  emissions throughout the 2lSt century 

than the IS92a scenario used by Cox et al. (2000) (also noted as a difference between 

the IPSL and HadCM3C results in Friedlingstein et al. (2003)). Differences in ocean 

uptake in the absence of climate change do not explain, however, the differences in 

the simulated magnitudes of the carbon cycle-climate feedback. To assess the effect of 

temperature increases on land and ocean carbon uptake, Friedlingstein et al. (2003) 

plotted the changes in carbon uptake between the offline and fully coupled model 

runs as a function of modelled global temperature. As simulated COa in the fully 

coupled model runs was higher than the offline simulations, carbon uptake in the fully 

coupled runs was first corrected based on the offline uptake sensitivity to C02. 

The effect of temperature on ocean and land uptake in the UVic model (for the 

standard A2 scenario run) is shown in Figure 5.12 in panels c) and d) (these are 

equivalent to Figure 5 in Friedlingstein et al. (2003)). The effect of temperature 

changes lead to a 115 GtC decrease in ocean uptake over the course of the model 

simulation. This result is not very different from the decreases in ocean carbon 

uptake seen in either the IPSL model (-100 GtC) or the Hadley model (-125 GtC). 



The effect of temperature leads to a 200 GtC decrease in land uptake in the UVic 

model, indicating that the land carbon cycle provides a larger contribution to the 

carbon cycle-climate feedback than does the ocean. This decrease is slightly less 

than that seen in the IPSL model (-300 Gt C), and much less than that seen in the 

HadCM3C model (-1000 GtC). As was also concluded by Friedlingstein et al. (2OO3), 

while the response of the ocean to changes in climate does contribute to the positive 

feedback between the carbon cycle and climate, it is the response of land uptake to 

climate changes that largely determines the differences in feedback magnitudes seen in 

the two models. F'riedlingstein et al. (2OO3), however, concluded that the differences 

between the Hadley and IPSL terrestrial uptake sensitivities to climate change could 

be largely attributed to differences in the terrestrial carbon cycle components used 

by the two models. This conclusion is not supported by the present study, as the 

differences between the UVic and Hadley model results are equally large despite the 

use of a common terrestrial carbon cycle model. 

The differences between the UVic and Hadley results must therefore be explained 

by differences in simulated climate changes between the two models. It is notable that 

Cox et al. (2000) overestimated 2oth century warming (they simulated a 1.4 "C in- 

crease from 1860 to 2000) due to the inclusion of non-C02 greenhouse gas warming. 

In addition, Cox et al. (2000) simulated a 21St century global temperature increase of 

4 "C, compared to the UVic A2 scenario temperature increase of 2.6 "C. While the 

higher temperatures simulated by the HadCM3C model are an obvious consequence of 

higher atmospheric C02, a higher modelled temperature response to a given C02  con- 

centration (the model's climate sensitivity) would also amplify the strength of carbon 

cycle-climate feedbacks, and increase both simulated atmospheric C02 and tempera- 

ture. 

To test to what extent differences in model forcings and climate sensitivity can 

reconcile the UVic and HadCM3C made1 results, I introduce two new simulations 
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Figure 5.12: Sensitivity of (a) ocean and (b) land carbon uptake to 
atmospheric C 0 2  increases with constant climate, and sensitivity of (c) 
ocean and (d) land carbon uptake to changes in global temperature. 



forced by the A2 SRES scenario. The first included non-C02 greenhouse forcing as 

was done in Cox et al. (2000). The second further incorporated an increased climate 

response to C02,  with the result that the climate sensitivity to doubled C02  was 

increased from 3 "C in the standard model configuration to 4.5 "C. This was done by 

multiplying the C 0 2  increase used to calculate the C02  longwave forcing in Equation 

2.1 by 1.8. 

Simulated temperature and atmospheric C02  from these two model runs are shown 

in Figure 5.13, and compared to the standard A2 run and the no-feedbacks run 

discussed above. As can be seen in Figure 5.13a, including non-C02 greenhouse gas 

forcing increases 21St century warming by 0.7 "C (dotted red line); further increasing 

the model's climate sensitivity generates an additional 0.85 "C temperature increase 

(dashed red line). Coupled with this temperature increase, is an increase in simulated 

atmospheric C02  at the year 2100 from 794 ppmv in the standard A2 run, to 826 

ppmv when non-C02 greenhouse gas are included, and to 877 ppmv when climate 

sensitivity is also increased. Comparing this last result to the no-feedbacks case results 

in a 140 ppmv C02  difference at the year 2100 that can be attributed to the carbon 

cycle-climate positive feedback. This feedback is still substantially smaller than the 

250 ppmv difference simulated by Cox et al. (2000). 

Furthermore, as can be seen in Figure 5.14, while both of these two runs show 

a reduced terrestrial carbon sink compared to the standard A2 run (also shown in 

Figure 5.9)' neither results in a sink-to-source transition during the 21St century, as 

was found by Cox et al. (2000). It is also worth noting that in the increased climate 

sensitivity model run, the UVic model simulates a 4 "C warming over the 2lSt century, 

which is consistent with the warming simulated by the Hadley model over the same 

period. However, this warming occurs in connection with a smaller C02  increase, 

indicating that the UVic model's climate sensitivity in this run slightly exceeds the 

climate sensitivity of HadCM3C. I conclude from this that differences in climate 
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Figure 5.1 3: Modelled (a) temperature and (b) atmospheric 
C02 changes from 2000 to 2100. The standard A2 scenario run (solid 
red line) is compared to a run that includes non-C02 greenhouse gas forc- 
ing (dotted red line) and a run that includes both non-C02 greenhouse 
gas forcing and increased climate sensitivity (dashed red line). The solid 
black line is the model run with constant pre-industrial climate; a small 
warming is evident in this run due to biogeophysical vegetation feedbacks. 
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Figure 5.14: As in Figure 5.13, showing here the net flux of carbon 
from the land to the atmosphere (excluding land cover change emissions). 
Negative values indicate a removal of carbon from the atmosphere. 

sensitivities between the UVic and Hadley models can account for some difference 

in the strength of simulated carbon cycle feedbacks, but cannot fully reconcile the 

results from the two models. 

The remaining differences between the results presented in this chapter and those 

of Cox et al. (2000) must lie in differences in simulated climate variables other than 

globally averaged temperature. It was noted in the previous section that the UVic 

model does not simulate a die-back of South American forests as was seen in Cox et al. 

(2000). Dufresne et al. (2002) also do not simulate this die-back, although the IPSL 

model does not include vegetation dynamics, as do the UVic and Hadley models. 

Cox et al. (2000) attributed this forest decline to a combination of warming and 

drying in the Amazon basin, a conclusion that was supported by a recent analysis of 



Amazon forest stability (Cowling et al. 2004). It seems likely that such a substantial 

climatically-induced decrease in vegetation productivity would play a critical role in 

reducing global NEP to the point where the terrestrial biosphere as a whole could 

become a carbon source. 

An important difference between the UVic and Hadley models lies in their re- 

spective atmospheric components: the UVic ESCM has a simplified energy/moisture 

balance atmosphere, whereas HadCM3C includes a full atmospheric general circula- 

tion model. In the UVic model, present-day winds are specified in the atmosphere, 

and these (along with diffusion) are responsible for atmospheric moisture transport. 

While the UVic model does simulate precipitation changes over the 2lSt century (no- 

tably a decrease in precipitation over most land areas, as shown in Figure 5.15a), 

these changes are not sufficient to decrease vegetation productivity, as occurred in 

Cox et al. (2000). Specifically, precipitation decreases over the Amazon basin do not 

result in decreases in soil moisture (Figure 5.15b) which would be necessary to push 

Amazon forests into a drought regime. Correspondingly, terrestrial NPP increases 

throughout the tropics between 2000 and 2100 (Figure 5.15c), indicating that in- 

creased C02  fertilization of vegetation growth overwhelms any constraints on NPP 

due to climate changes. 

As shown in Figure 5.14, NEP in the UVic model plateaus around the year 2050 

and declines towards the end of the model simulation. This pattern indicates that the 

rate at which NPP increases in the model slows in the latter half of the 21St century, 

largely due to the diminishing effect of C02  fertilization at high C02  concentrations. 

Additionally, heterotrophic soil respiration increases exponentially as a function of 

temperature, and a declining NEP indicates that increases in soil respiration exceed 

increases in NPP over this period. Figure 5.16 shows the spatial distribution of 

NEP changes in the model from 2000 to 2050 (a) and from 2050 to 2100 (b). From 

2000 to 2050, NEP increases virtually everywhere in the model, consistent with the 
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global trend shown in Figure 5.14. F'rom 2050 to 2100, the NEP trend in the tropics is 

reversed, indicating a declining terrestrial sink in these regions. Though NEP declines 

in the latter half of the 2lSt century, it remains predominantly positive (Figure 5.16~) 

indicating continued terrestrial carbon uptake. 

In the Hadley simulations, NEP began to decline early in the 21St century and 

reached zero around 2050, at which point vegetation and soil carbon pools began to 

lose carbon to the atmosphere. Decreasing NPP occurred as a result of declines in 

vegetation productivity from increased moisture stress and increasing plant respira- 

tion at high temperatures. Declines in vegetation productivity resulted in a decreased 

transfer of carbon through litterfall to the soil carbon pool, and in combination with 

temperature-enhanced soil respiration, this led to a large decrease in soil carbon (Cox 

et al. 2000, 2001). In the UVic model simulations, global vegetation carbon increases 

throughout the model simulation (as shown in Figure 5.6). As a result, carbon trans- 

fer through litterfall to soil carbon pools also increases, and the continued flux of 

carbon from vegetation to soil exceeds any temperature-driven soil respiration in- 

creases, leading to a continued soil carbon increase throughout the model simulation. 

The fact that the UVic model does not simulate large climatically-induced vegeta- 

tion productivity decreases, necessitates a continued land carbon sink throughout the 

21St century. 

It should be noted that the differences in modelled climatic conditions between 

the UVic and HadCM3C models are not simply a consequence of the reduced com- 

plexity of the UVic ESCM's atmosphere. Different general circulation models project 

widely varying climate conditions for the 2lSt century (Houghton et al. 2001), and it 

would be expected that the response of the terrestrial carbon cycle to climate changes 

would vary depending on the climate model used. A recent study by Cramer et al. 

(2004) addressed this question by forcing the Lund-Potsdam-Jena (LPJ) dynamic 

vegetation model offline by 21St century climate change scenarios from four different 
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climate models (HadCM3, ECHAM, CSIRO and CGCM1). When forced by HadCM3 

climate changes, the LPJ model reproduced the die-back of Amazonian forests that 

was simulated by the TRIFFID model in Cox et al. (2000), indicating that this re- 

sult is independent of the specific vegetation model used. However, this result was 

not reproduced when the LPJ model was forced by output from the other three cli- 

mate models, and in two cases, Amazon forests increased in response to 21St century 

climate changes. It can be concluded that the response of terrestrial vegetation to 

climate changes is highly sensitive to regional variation in simulated temperature and 

precipitation changes. The simulated vegetation response in the UVic model is well 

within the range of the results reported in Cramer et al. (2004). 

5.4 Conclusions 

This chapter makes use of the UVic ESCM as coupled interactively to a global carbon 

cycle model. In Section 5.3.1, I presented the results of model simulations of the 

20th century, forced by observed anthropogenic emissions from fossil fuel combustion 

and land cover change. These results are consistent with observational and model- 

based evidence of the behaviour of the global carbon cycle over the past two decades, 

and provide specific information from a modelling perspective on the ability of the 

terrestrial biosphere to take up anthropogenic C02. Furthermore, the UVic model 

was able to reproduce historical patterns of atmospheric C02  accumulation without 

the use of a biological ocean carbon cycle. This finding suggests that the assumption 

of constant biological ocean carbon cycle that does not play a large role in the uptake 

of anthropogenic C02, is a reasonable one to make in this study. 

The results presented in Section 5.3.2 expand upon those presented in studies by 

Cox et al. (2000) and Dufresne et al. (2002)) describing the behaviour of the carbon 

cycle in the coming century. Under six SRES projections of future C02  emissions, 



the UVic model generated a range of climate scenarios showing continued increases 

in both land and ocean carbon sinks throughout the 2lSt century. In particular, 

all simulations showed a sustained terrestrial carbon sink, although the evolution 

of annual terrestrial fluxes did vary between scenarios. Analysis of land and ocean 

uptake, as a fraction of anthropogenic emissions, highlighted a weakening of the 

terrestrial carbon sink relative to the ocean towards the end of the century. 

Although I used the same vegetation model and a very similar land-surface model 

as Cox et al. (2000), our results are quite different; in particular, I was unable to 

reproduce the die-back of Amazonian forests or the terrestrial carbon sink-to-source 

transition seen in the 21St century in Cox et al.'s (2000) simulations. The UVic 

model did simulate a positive feedback between the carbon cycle and climate, much of 

which can be attributed to declining terrestrial carbon uptake under increased global 

temperatures. This result is consistent with both Cox et al. (2000) and Dufresne et al. 

(2002), although the magnitude of the positive feedback in the UVic model is closer 

to that found by Dufresne et al. (2002). I showed that including non-COz greenhouse 

gas forcing (as done by Cox et al. (2000)) and increasing the UVic model's climate 

sensitivity did increase the strength of this feedback, but I was nevertheless unable to 

reproduce the magnitude of the feedback found by Cox et al. (2000). Based on these 

results, I argue that the primary reason for the disparity with Cox et al.'s (2000) 

findings lies in the differences in model-simulated climate change over the coming 

century, notably regional changes in the hydrological cycle. In particular, I contend 

that large reductions in terrestrial productivity (as exemplified by the Amazon die- 

back in Cox et al.'s (2000) simulations) would be necessary to enable a terrestrial 

carbon sink-to-source transition in the coming century. 

While the behaviour of the global carbon cycle in the coming century remains 

a subject open to debate, modelling studies are beginning to illuminate some of 

the outstanding areas of uncertainty in projections of future climate change. The 



results presented here suggest that the terrestrial biosphere will continue to maintain 

a prominent role in the climate system, and has the potential to mitigate the effects 

of human-induced climate change. Given this result, it is vital that all attempts 

are made to preserve the ability of the terrestrial biosphere to absorb anthropogenic 

COa by reducing the destructive influence of human activities on biological ecosystems 

around the world. 



Chapter 6 

Conclusions 

In this dissertation, I have presented model simulations using the UVic Earth System 

Climate Model, to explore some of the interactions between human activities, terres- 

trial vegetation and climate change. These simulations have aimed to contribute to 

the scientific understanding of the effects of historical land cover change on climate, 

the role of natural and anthropogenic forcing of climate over the past 300 years, the 

importance of dynamic terrestrial vegetation as a positive feedback to climate, and 

the behaviour of the terrestrial carbon cycle under past and future climate change. 

In Chapter 3, I assessed the role of anthropogenic land cover change as a contribu- 

tor to the forcing of historical climate change. I found that the biogeophysical effects 

of changing land cover types are primarily due to surface albedo changes that have re- 

sulted from conversion of natural vegetation to croplands and pasture. Furthermore, 

surface albedo changes have an enhanced effect where human land cover changes have 

overlapped with areas of seasonal snow cover, as surface albedo changes are amplified 

by changes in vegetation snow-masking depths. I also found that changes in vegeta- 

tion evapotranspiration are of secondary importance to global temperature, although 

regional effects on precipitation are notable. Global temperature changes associated 

with land cover changes over that past 300 years were found to vary from -0.06 to 

-0.22 "C for the range of land cover change datasets and model configurations used. 

In this chapter, a global carbon cycle model was also used to assess the biogeo- 

chemical influence of historical land cover change on climate. By specifying C02  emis- 

sions from land cover change, it was found that 2oth century warming was increased 



by 0.3 "C compared to the case where only fossil fuel emissions were considered. Com- 

bining this result with the biogeophysical cooling estimates determined previously, I 

concluded with an estimate that the net effect of historical land cover change has 

resulted in a warming of about 0.15 "C since 1850. 

Chapter 4 incorporated a series of natural and anthropogenic climate forcings 

into simulations of the past 300 years to reproduce historical temperature records. 

The natural forcings considered were volcanic sulphate aerosols, solar orbital changes 

and solar insolation variability. Anthropogenic forcings included historical land cover 

change, greenhouse gases and tropospheric sulphate aerosols. These simulations re- 

vealed that although historical land cover change forcing is small in comparison to 

other anthropogenic forcings (and as such is not statistically detectable in 2oth cen- 

tury observations), it is of comparable magnitude to natural forcings such as solar 

insolation variability. In addition, the combination of all model forcings resulted in a 

good simulation of 2oth century temperature observations. Simulations forced by only 

anthropogenic and only natural climate forcings supported other published research 

in concluding that climate warming in the last several decades can only be simu- 

lated by incorporating anthropogenic emissions of greenhouse gases, whereas climate 

changes in the early portion of the 2oth century are likely to have been caused by a 

combination of natural and anthropogenic climate forcing. 

This chapter also introduced a dynamic vegetation model coupled interactively 

to the UVic ESCM. Natural and anthropogenic climate forcings were used with this 

new version of the model to assess the role of vegetation as a dynamic feedback to 

climate. In the case of the all-forcings transient run, I found that dynamic vegetation 

amplified 20th century warming by about 0.1 "C. When the model was forced by land 

cover changes alone, the resultant cooling was amplified by about 30%. In this case, 

I showed that the mechanism behind this magnification lies in high northern latitude 

vegetation changes and the resultant surface albedo changes. I also presented an 



equilibrium simulation that indicated that the feedback between vegetation dynamics 

and climate takes several centuries of model simulation to achieve its full effect. 

Finally, in Chapter 5, I analysed the behaviour of the terrestrial carbon cycle using 

an interactively coupled climate and carbon cycle model. Simulations from 1750 to 

2000 forced by observed emissions of carbon dioxide (from fossil fuels, land-use change 

and from the decay of anthropogenic methane) revealed that the UVic ESCM does 

a good job of simulating the observed atmospheric C02  increase. Comparison with 

available data on land and ocean uptake of anthropogenic carbon indicated that 

the model is consistent with the observed behaviour of ocean and terrestrial carbon 

sinks for recent decades. The mechanisms behind the observed terrestrial carbon 

sink are highly uncertain, however, and it is not clear to what extent the effect 

of C02  fertilization on modelled terrestrial uptake reflects actual terrestrial uptake 

mechanisms. 

I also performed simulations of the 2lSt century using six SRES emissions sce- 

narios to specify future emissions of carbon dioxide. These simulations resulted in a 

temperature increase over the next hundred years in the range of 1.4 to 3 "C, with 

simulated atmospheric C02  at the year 2100 falling between 500 and 885 ppmv. Both 

land and ocean carbon sinks continued to play important (and approximately equal) 

roles in taking up anthropogenic carbon, although there was some indication that the 

terrestrial biosphere weakens as a carbon sink toward the end of the century. There 

was no transition, however, from a terrestrial carbon sink to a carbon source. 

Analysis of carbon cycle feedbacks revealed a small positive feedback between 

climate and the terrestrial carbon cycle. The notion of a positive carbon cycle feed- 

back is consistent with previously published studies, although the UVic model does 

not reproduce the large positive feedback found in previous simulations that used 

the same terrestrial carbon cycle model (Cox et al. 2000). Inclusion of additional 

greenhouse gas forcing in the UVic model, and increasing the model's climate sen- 



sitivity, increased the strength of the carbon cycle-climate feedback, but I was still 

unable to reproduce the results shown by Cox et al. (2000). While differences in the 

magnitude of simulated feedbacks between models have previously been attributed 

to differences in the terrestrial carbon cycle models, this conclusion is not supported 

by my research. I argue that differences in results stem primarily from differences in 

simulated 2lSt century climate changes, notably changes in the hydrological cycle. In 

particular, I argue that large climatically-induced decreases in vegetation productiv- 

ity play a key role in the carbon cycle-climate feedback, and are necessary to enable 

a terrestrial carbon source-to-sink transition during the 2lSt century. 

Taken collectively, these simulations highlight the important role that terrestrial 

ecosystems have played, and will likely continue to play, in the global climate system. 

It is evident that human modification of natural ecosystems has had a substantial 

impact on climate, and that biogeophysical changes have only partially offset the 

contribution that land-use change emissions of C 0 2  have made to recent climate 

warming. In addition, it is possible that anthropogenic land cover change could 

hamper the ability of the terrestrial biosphere to act as a buffer to anthropogenic 

emissions of carbon dioxide. 

Vegetation distributions can also be expected to change in response to climate 

change, and it is not clear how well ecosystems will be able to adapt to the combined 

pressure of human land-use and changing climatic conditions. Given the importance 

of terrestrial vegetation carbon sinks as a moderating force under present anthro- 

pogenic emissions, it is likely that this role will continue into the future. It is also 

evident that there is a substantial range of possible climate futures that depend 

primarily on the ability and the will of industrial human society to reduce future 

emissions of greenhouse gases, and secondarily on the character of feedbacks within 

the climate system. 

Further research is required to resolvg the remaining uncertainties in the behaviour 



of the terrestrial carbon cycle in the future and to reconcile research presented here 

with other published modelling results. It is clear, however, that terrestrial ecosys- 

tems play a vital role as a carbon sink in the climate system and that preserving this 

capacity by reducing other human pressures on these ecosystems is of utmost impor- 

tance as we move into a century of unprecedented anthropogenic climate change. 
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